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ABSTRACT

Wang, Xinyue Ph.D., Purdue University, December 2020. Dynamical and Chemical
Coupling of the Summer Monsoons and the Upper Troposphere-Lower Stratosphere.
Major Professors: Yutian Wu and Wen-wen Tung.

The upper troposphere-lower stratosphere (UTLS) is a transition region between

the troposphere and the stratosphere. During the boreal summer, the UTLS is dom-

inated by large-scale anticyclonic circulations over the Asian and North American

monsoon regions, exhibiting complex dynamical and chemical characteristics. Re-

cent studies have emphasized the important role of the summer monsoon system

in stratosphere-troposphere exchange of water vapor and chemical species, which

strongly influences the atmospheric chemistry and climate system. The transport in

the UTLS region occurs in both directions, stratosphere-troposphere transport (STT)

and troposphere-stratosphere transport (TST). For example, observational studies

indicate localized maxima of tropospheric pollutants and stratospheric water vapor

(SWV) in the UTLS, which are controlled by deep convection and large-scale circula-

tion. Meanwhile, stratospheric ozone (O3) can fold into tropospheric air and entrain

into the planetary boundary layer (PBL) via deep STT, and thus affect air quality at

the surface. In this thesis, we aim at improving the understanding of the transport

processes in the UTLS that are linked to monsoon dynamics using observations and

modelling tools.

First, we investigate the TST transport in association with the Asian summer

monsoon. We examine the simulation of SWV in the Community Earth System

Model, version 1 with the Whole Atmosphere Community Climate Model as its

atmospheric component [CESM1(WACCM)]. CESM1(WACCM) generally tends to

simulate a SWV maximum over the central Pacific Ocean instead of over the Asian

continent as observed, but this bias is largely improved in the high vertical resolu-
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tion version. The high vertical resolution model with increased vertical layers in the

UTLS is found to have a less stratified UTLS over the central Pacific Ocean compared

with the low vertical resolution model. It therefore simulates a steepened potential

vorticity gradient over the central Pacific Ocean that better closes the upper-level

anticyclone and confines the SWV within the enhanced transport barrier.

We further study the transport pathways connecting the Northern Hemisphere sur-

face and the North American (NA) UTLS by diagnosing Boundary Impulse Response

idealized tracers implemented at the Northern Hemisphere surface during summer.

In ensemble average, air masses enter the NA UTLS region above Central America,

and then slowly mix into the higher latitudes. However, fast transport pathways

with modal age around two weeks are evident in some tracer ensembles. For these

rapid transport pathways, the tracers first reach the UTLS region over the eastern

Pacific and the Gulf of Mexico as a result of enhanced deep convection and vertical

advection, followed by horizontal transport over the United States by a strengthened

UTLS anticyclone circulation.

To the end, we evaluate the downward transport of stratospheric O3 via STT

using simulation from a state-of-the-art chemistry climate model implemented with

an artificial stratospheric ozone tracer (O3S). We find that O3 transported from the

stratosphere makes a significant contribution to the surface O3 variability where back-

ground surface O3 exceeds 95th percentile, especially over the western U.S. Maximum

covariance analysis is applied to O3 anomalies paired with stratospheric O3 tracer

anomalies to identify the stratospheric intrusion and the underlying dynamical mech-

anism. The first leading mode corresponds to deep stratospheric intrusions in the

western and northern tier of the U.S., and intensified northeasterlies in the mid-to-

lower troposphere along the west coast, which also facilitate the transport to the

eastern Pacific Ocean. The second leading mode corresponds to deep intrusions over

the Intermountain Regions. Both modes are associated with eastward propagating

baroclinic systems, which are amplified near the end of the North Pacific storm tracks,

leading to strong descents over the western United States.



1

1. INTRODUCTION

1.1 Stratosphere Troposphere Coupling

Earth’s atmosphere is divided into several layers on the basis of temperature

changes with altitudes. The lowest two layers of the atmosphere are the troposphere

and the stratosphere, with temperature dropping rapidly with increasing altitude in

the troposphere and increasing in the stratosphere. Also, the chemical compositions

of these two layers are fundamentally different: 99% of the water vapor is confined to

the troposphere (Mohanakumar, 2008) whereas 90% of the ozone resides in the strato-

sphere (Dütsch, 1978). The upper troposphere-lower stratosphere (UTLS) region is a

transition region between the troposphere and the stratosphere, where mass-exchange

processes have a great impact on both the troposphere and stratosphere. Understand-

ing the dynamical and chemical coupling between the stratosphere and troposphere in

the UTLS is important as we work to improve the representation of atmospheric pro-

cesses in global climate models (GCMs) and predict global changes (Shapiro, 1980;

Holton et al., 1995; Stohl et al., 2003; Fueglistaler et al., 2009; Randel & Jensen,

2013).

Figure 1.1 highlights the stratosphere-troposphere exchange (STE) processes from

Holton et al. (1995). The black dashed line indicates the average position of the ther-

mal tropopause, which is defined as the lowest level at which the temperature lapse

rate decreases to 2 K/km or less for the next 2 km by the World Meteorological

Organization (WMO, 1986). The tropopause occurs near 17 km in the tropics and

gradually slopes downward to the higher latitudes, locating at 8 km in the polar re-

gions (Škerlak, 2014). A global mass circulation denoted by blue arrows is known as

the Brewer-Dobson circulation (BDC), which is driven by the extratropical Rossby

and gravity wave breaking. The circulation is characterized by strong tropical up-

welling from the troposphere to the stratosphere, moving poleward and descending in
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Figure 1.1. The schematic portrays the important processes coupling
the stratosphere and troposphere. The black dashed line denotes the
climatological tropopause. The solid black line indicates synoptic-
scale processes that contribute to two-way stratosphere-troposphere
exchange, such as stratospheric intrusions and convective transport.
Blue arrows indicate the Brewer–Dobson circulation, which is driven
by the extratropical pumping (or the Eliassen-Palm flux divergence).
The wiggly arrow indicates the reversible mixing and transfer within
the UTLS region.
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the high latitudes in both hemispheres (Brewer, 1949; Dobson, 1956; Plumb, 1996).

The BDC has been found speeding up since the 1950s, primarily due to the increase

of anthropogenic greenhouse gases, and future acceleration is also predicted in global

climate models, which will contribute to the recovery of stratospheric ozone (Collins

et al., 2003; Hegglin & Shepherd, 2009; Randel, Wu, Voemel, Nedoluha, & Forster,

2006). However, in this thesis we mainly investigate the STE on a smaller spatial

and temporal scale denoted by broad yellow arrows, specifically the troposphere-to-

stratosphere transport (TST) and the stratosphere-to-troposphere transport (STT)

associated with convective activities and the large-scale circulations in the Northern

Hemisphere summer months. There are preferred regions of STE. The net TST is

found on equatorward of the tropospheric jet whereas the net STT is highest on pole-

ward of the jets in the subtropical and middle latitudes (Stohl et al., 2003; Sprenger

& Wernli, 2003; Yang, Chen, Tang, & Hess, 2016). Škerlak (2014) calculated the

cross-tropopause mass flux in ERA-Interim and found deep TST signal over China’s

east coast in JJA. Wu, Orbe, Tilmes, Abalos, and Wang (2020) implemented idealized

pulse tracer diagnostic in a global climate model and identified a fast TST pathway

over the southern slope of the Tibetan Plateau and northern India. Tropopause folds

associated with large-scale subsidence are considered important in STT (X. Wang,

Wu, Randel, & Tilmes, 2020). Wu, Chen, Taylor, and Zhang (2018) used idealized

aquaplanet model experiments and demonstrated that the northwestern side of the

upper-level anticyclone is preferred location for the occurrence of tropopause folds.

The rapid transport of the stratospheric ozone (∼ 4 days) into the planetary bound-

ary layer (PBL) during boreal summer is investigated in many studies. The eastern

Mediterranean, the Tibetan Plateau, and the mountain ranges along the west coast

of North America are most likely influenced by STT by analyzing the ERA-Interim

ozone flux from the stratosphere into the PBL (Škerlak, 2014; Zanis et al., 2014).

Recent studies have shown that monsoon system is an efficient pathway in linking

the troposphere and stratosphere. The vigorous ascent rapidly lifts tropospheric pol-

lution and aerosols from boundary layer to the convective outflow level (∼ 200 hPa),
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and part of the air masses are lifted to 100 hPa and the global stratosphere (M. Park,

Randel, Emmons, & Livesey, 2009; Bergman, Fierli, Jensen, Honomichl, & Pan, 2013;

Wu et al., 2020). Additionally, extreme storms can penetrate the tropopause and di-

rectly inject tropospheric air masses into the stratosphere, though with infrequent

occurrences (J. B. Smith et al., 2017; Cooney, Bowman, Homeyer, & Fenske, 2018).

The water vapor, precursors of ozone-depleting substances, and aerosols transported

into the UTLS have a great impact on the Earth’s radiation budget and stratospheric

chemistry (S. Solomon et al., 2016). Many studies have emphasized the key role of

stratospheric water vapor (SWV) in controlling the formation of cirrus clouds and

its positive feedback in amplifying global warming and cooling effect in the strato-

sphere (de F. Forster & Shine, 1999a; Dessler, Schoeberl, Wang, Davis, & Rosenlof,

2013). S. Solomon et al. (2010) showed that a 0.5 ppmv decrease in SWV leads to

nearly 30% decrease in the rate of surface warming. Nitric oxide (N2O), chlorofluo-

rocarbons (CFCs), and methane, emitted in industrialized areas and transported to

the UTLS region, constitute the principal chemical families (NOx, ClOx, and HOx)

that participate in ozone destruction in the stratosphere and above. The nonvolcanic

stratospheric aerosols affect the Earth by scattering sunlight back and accelerating

stratospheric ozone destruction (Vernier et al., 2015; Yu, Toon, Neely, Martinsson, &

Brenninkmeijer, 2015).

STT occurs on a broad range of isentropic surfaces while the deep STT into

the PBL is relatively rare, about 10% of the globally integrated STE flux air mass

flux penetrates to 700 hPa (Škerlak, 2014). The downward transport of stratospheric

ozone during deep STT has been implicated to be an important source of tropospheric

ozone (Langford, Aikin, Eubank, & Williams, 2009; Yates et al., 2013; Langford et

al., 2017). The tropospheric ozone can pose a threat to human health and the ecosys-

tem even at moderate concentration because of its high oxidation capability. The

transport is achieved by a “tongue” containing high stratospheric ozone extrudes

downward, folds into the tropospheric air and descends toward the surface. The

folded air can directly intersect the surface over high elevation regions such as the
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mountainous Western United States. Sometimes, tropopause folds induce as much

ozone to the surface as those produced by anthropogenic pollution, causing ozone

exceedances over the EPA limits (Lin et al., 2012). Most of the previous studies focus

on the deep stratosphere-to-troposphere transport during spring because the impact

of deep STT on surface O3 are relatively strong at NH extratropics in late spring

due to a combination of peak O3 abundances at the tropopause and stronger surface

turbulent mixing. The downward ozone transport is typically associated with the

dry intrusion branch of the extratropical cyclones (Sprenger & Wernli, 2003; Jaeglé,

Wood, & Wargan, 2017). In particular, Lin et al. (2015) used both observations and

chemistry climate model output and showed that stratospheric intrusions over the

western U.S. occur more frequently in late spring during La Niña phases due to the

meandering polar jet and frequent storm activities. Tang, Prather, and Hsu (2011)

found coincidences between the geographic patterns of convective events and STT

flux over summer continents. It suggests that the convective air masses penetrat-

ing into the lower stratosphere will force subsidence, pushing the stratospheric air

below it into lower model layers and eventually into the troposphere. The physi-

cal processes of the summertime stratospheric intrusions and the quantity of ozone

associated with these deep intrusions, however, remain obscure, largely because of

the limitation in observations. In addition, most of the previous studies examined

individual tropopause fold cases. The linkage between summertime stratospheric in-

trusions and surface ozone enhancements from a long-term climatological perspective

deserves closer investigation.

There are other STE processes associated with eddy motions near the tropopause,

including stratospheric streamers, potential vorticity (PV) cutoffs (Holton et al.,

1995; Sprenger, Wernli, & Bourqui, 2007), and eddy sheddings (Hsu & Plumb, 2000;

Popovic & Plumb, 2001; Garny & Randel, 2013), but these will not be discussed in

this thesis.
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1.2 The summer monsoons and the UTLS coupling

The Asian summer monsoon sweeps across India, Southeast Asia, China, Japan,

and the western Pacific, influencing the lives of more than a billion people (Rodwell &

Hoskins, 1996). As its counterpart in the Western Hemisphere, the North American

monsoon also impacts urban complexes and vast agricultural areas with a current

population of about 12 million people (Adams & Comrie, 1997). With rapid growth

in population and industrial activities across the monsoon regions, the monsoonal

convection coupled to surface emissions can have profound consequences on air qual-

ity and the UTLS composition. The tropospheric chemical species in the UTLS

enhance aerosol–cloud interactions and in turn change the behavior of monsoon sys-

tems (B. Wang, Yim, Lee, Liu, & Ha, 2014; X. Li, Ting, Li, & Henderson, 2015).

Therefore, the coupling between the summer monsoons and the UTLS is crucial in

understanding processes bridging regional air quality, global chemistry-climate inter-

action, and climate change.

The monsoon circulation contains cyclonic flow with convective updrafts in the tro-

posphere and strong anticyclonic vortex in the UTLS (Gettelman, Kinnison, Dunker-

ton, & Brasseur, 2004; Randel & Park, 2006; Randel et al., 2010). During boreal

summer, the anticyclone in response to the Asian monsoon is the most pronounced

circulation pattern in the UTLS (Hoskins & Rodwell, 1995). There are continuing ef-

forts to understand the transport processes of the chemical species entering the UTLS

associated with the Asian summer monsoon. Fu et al. (2006) used satellite measure-

ments and suggested that the convective overshooting over the Tibetan Plateau (TP)

and its south slope is primarily responsible for the transport into the UTLS region.

However, M. Park et al. (2009) used a global chemistry transport model with tagged

surface emission of carbon monoxide and demonstrated that the influence of deep con-

vection over TP is minor. Instead the convection within Southeast Asia is found to be

highly influential in lofting the surface air upward to the convective detrainment level

near 12 km. Part of the air masses are lifted subsequently by slow upward motion to
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100 hPa and above through a vertical conduit, which is located on the eastern side of

the anticyclone. Recently, Wu et al. (2020) examined transport pathways linking the

surface to the UTLS using an idealized pulse passive tracer approach to reveal the

transport dynamics. Fast transport paths are identified over the southern slope of the

TP, northern India, and Saudi Arabia with a modal age of 5-10 days. They showed

that the vertical eddy flux controls the transport at 100-150 hPa while convective

processes dominate around 200-300 hPa. The North America (NA) summer monsoon

anticyclone is also apparent but is substantially weaker (Higgins, Yao, & Wang, 1997;

Siu & Bowman, 2019) than its Asian sister. It is likely that the transport charac-

teristics related to the NA summer monsoon behave differently than those in Asia

due to the very different topography, convection and large-scale circulations in the

two regions. Therefore, an investigation of the relative contributions due to distinct

mechanisms and their transport timescales associated with the NA summer monsoon

based on the idealized pulse passive tracer approach is needed.

In addition to the distinctive dynamical signature, monsoon coupled with strong

local emission leaves an evident anthropogenic signature on chemical composition

in the UTLS (Santee et al., 2017). Both observational and modeling studies have

revealed that the Asian monsoon anticyclone is coincide with localized maxima in

tropospheric tracer constituents in the UTLS, including pollution aerosols (Vernier,

Thomason, & Kar, 2011; Vernier et al., 2015; Lau, Yuan, & Li, 2018), carbon monox-

ide (Q. Li, Jiang, et al., 2005; Q. Li, Jacob, et al., 2005), hydrogen cyanide (Randel

et al., 2010), nitrogen oxides (M. Park, Randel, Kinnison, Garcia, & Choi, 2004) and

stratospheric water vapor (M. Park, Randel, Gettelman, Massie, & Jiang, 2007; Ran-

del, Zhang, & Fu, 2015). The enhanced pollution in the UTLS is associated with the

confinement of strong upper-level anticyclones over both monsoon regions. Once en-

tering the UTLS, the air parcel tends to circulate but is confined within the monsoon

anticyclonic flow associated with steepened geopotential height and PV gradients

(Dunkerton, 1995; M. Park et al., 2007). The promoted gradients are characterized

as a barrier to suppress horizontal transport across gradients (Rosenlof, Tuck, Kelly,



8

Russell, & McCormick, 1997; M. Park et al., 2008; Garny & Randel, 2013; Ploeger et

al., 2015), and confine the slowly rotating air parcels within the anticyclone.

As discussed above, the localized maximum of SWV within the Asian summer

monsoon anticyclone has been well observed and documented in satellite studies, yet

discrepancies are found in model simulations among different configurations of the

Whole Atmosphere Community Climate Model (WACCM) (X. Wang et al., 2018).

Wet biases are commonly seen over the subtropical central Pacific in WACCM mod-

els. This bias in simulating SWV implies the lack of some dynamical or chemical

processes in the models. Poorly simulated SWV in GCMs can cause uncertainties

in reproducing moist processes and thus affect the accuracy of future projections.

Thus, it is important for us to understand the biases in SWV simulations in order to

improve the model performance.

1.3 Outline

In this thesis, we study the dynamical and chemical linkage between the sum-

mer monsoonal circulations and the UTLS. We use both observational measurements

and model experiments to investigate the summertime cross-tropopause transport

processes in both directions, specifically troposphere-stratosphere transport (TST)

and stratosphere-troposphere transport (STT), and the associated dynamical mech-

anisms.

The thesis is composed of 5 chapters. First, we investigate troposphere-stratosphere

transport using observational measurement and WACCM simulations. Satellite ob-

servations have shown a persistent maximum in stratospheric water vapor (SWV) in

the UTLS confined by the upper-level anticyclone over the Asian summer monsoon

region. However, the discrepancies in simulating SWV over the Asian summer mon-

soon region are commonly found in different configurations of CESM1(WACCM).

In Chapter 2, we show that the WACCM version 5 with increased vertical layers

(WACCM5-L110) resolves the UTLS temperature more accurately which better con-
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fines the SWV within the transport barrier. In Chapter 3, we study efficient pathways

connecting surface air to the North American (NA) UTLS by using the pulse tracer

diagnostic implemented in higher vertical resolution WACCM5. We find that deep

convection controls transport from the boundary layer to 200 hPa while enhanced

large-scale circulation dominates transport upwards into the UTLS region and anti-

cyclonically towards southern United States.

Regarding the stratosphere-troposphere transport, we focus on deep stratospheric

intrusions and its impact to surface episodic ozone extremes in Chapter 4. We analyze

the daily WACCM6 simulations and find that O3 transported from the stratosphere

makes a significant contribution to the surface O3 variability where background sur-

face O3 exceeds 95th percentile over the western U.S. The deep stratospheric intrusion

is associated with eastward propagating baroclinic systems, which are amplified near

the end of the North Pacific storm tracks, leading to strong descents over the western

U.S.

Finally, our findings are summarized in Chapter 5, where we also discuss open

questions and further directions. The overarching goal of my research is to advance

our understanding of the dynamical and chemical processes in the upper troposphere

and lower stratosphere (UTLS) associated with summer monsoons. The results of

this work will help close critical gaps in our knowledge about dynamical-chemical

coupling in the UTLS region.
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2. THE SIMULATION OF STRATOSPHERIC WATER
VAPOR OVER THE ASIAN SUMMER MONSOON IN

CESM1(WACCM) MODELS

The work contained in this chapter has been published in Journal of Geophysical

Research Atmospheres.

2.1 Introduction

Both satellite and aircraft measurements show that tracer constituents exhibit

localized extrema in the upper troposphere lower stratosphere (UTLS) over the Asian

and North American monsoon regions during boreal summer, such as maxima of

tropospheric species like methane (M. Park et al., 2004), carbon monoxide (CO; Q. Li,

Jiang, et al., 2005; Q. Li, Jacob, et al., 2005; Pan et al., 2016; Garny & Randel, 2016)

and stratospheric water vapor (Rosenlof et al., 1997; Randel et al., 2001; Gettelman et

al., 2004; Dessler & Sherwood, 2004; Milz et al., 2005; M. Park et al., 2007; Randel et

al., 2015; K. Zhang, Fu, Wang, & Liu, 2016) and minima of stratospheric species like

ozone (Randel et al., 2001; Gettelman et al., 2004; Randel & Park, 2006; M. Park et

al., 2007, 2008). Among these chemical constituents in the UTLS, stratospheric water

vapor (SWV) is important due to not only its radiative forcing on surface climate

(de F. Forster & Shine, 1999b; S. Solomon et al., 2010; Maycock, Joshi, Shine, &

Scaife, 2013) but also its chemical effects on stratospheric ozone (Dvortsov & Solomon,

2001) and chlorine activation reactions (Anderson, Wilmouth, Smith, & Sayres, 2012;

S. Solomon et al., 2016). The importance of a realistic representation of the SWV

over the Asian summer monsoon region in atmospheric models has been emphasized

in simulating troposphere-stratosphere exchange correctly (Dethof, O’Neill, Slingo,

& Smit, 1999; Bannister, O’neill, Gregory, & Nissen, 2004; Ploeger et al., 2013).

Additionally, chemical species like SWV also provide a complementary perspective on
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the upper-level monsoon circulation dynamics (M. Park et al., 2009; Ryu & Lee, 2010;

Garny & Randel, 2013). However, models perform poorly in terms of their simulation

of SWV (Jiang et al., 2012; Takahashi, Su, & Jiang, 2016). Considerably large model

biases in the simulations of SWV are found among models that participated in the

Phase 5 of Coupled Model Intercomparison Project (CMIP5). There exists both wet-

and dry-biases, ranging from 1% to about 200% at 100 hPa based on the multi-year

mean vertical profiles of H2O in CMIP5 models. Eight out of nineteen CMIP5 models

evaluated in Jiang et al. (2012) differ from the observed SWV at 100 hPa by more

than 30%.

Previous studies have investigated the dynamical processes influencing the SWV

over the Asian summer monsoon regions. It has been suggested that chemical tracers

vertically transported by convection over the monsoonal region can reach the convec-

tive outflow level near 12 km (Folkins, Oltmans, & Thompson, 2000; Gettelman et al.,

2002), and part of them are lifted subsequently by slow upward motion to 100 hPa and

above (M. Park et al., 2007, 2008, 2009; Uma, Das, & Das, 2014). As demonstrated

in model experiments of Bergman et al. (2013) and Pan et al. (2016), air parcels likely

enter the UTLS through a vertical conduit between the center of the Asian monsoon

anticyclone (AMA) and the strongest convective activity, and are then circulated but

confined within the monsoon anticyclonic flows associated with steepened geopoten-

tial height and potential vorticity (PV) gradients (Dunkerton, 1995; Jackson, Driscoll,

Highwood, Harries, & Russell, 1998; Dethof et al., 1999; M. Park et al., 2007; Ploeger

et al., 2015; Ploeger, Konopka, Walker, & Riese, 2017). The promoted gradients are

characterized as a barrier to suppress horizontal transport across gradients (Rosenlof

et al., 1997; Q. Li, Jiang, et al., 2005; Randel & Park, 2006; M. Park et al., 2008;

Bergman et al., 2013; Garny & Randel, 2013; Ploeger et al., 2015, 2017), and confine

the slowly rotating air parcels within the AMA.

Both observational and modeling studies have been done to investigate the effects

of monsoon convection on SWV. Dessler and Sherwood (2004) and Schwartz et al.

(2013) proposed that the penetration by overshooting deep convection contributes to
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a wetter tropopause, implying that the monsoon deep convection susceptibly has a

moistening effect in the UTLS. However, overshooting convection occurs irregularly,

and the prominent center of deep convection is not co-located with but rather on the

southeastern side of the SWV maximum [see Figure 2 in M. Park et al. (2007) and

Fig. 2a in Randel et al. (2015)]. These facts cast doubts on this mechanism. Recently,

Wright, Fu, Fueglistaler, Liu, and Zhang (2011) and Randel et al. (2015) suggested

that the large-scale circulation and the temperature on the southern side of the AMA

play a dominant role in controlling the SWV over the Asian summer monsoon re-

gion, and in particular, they found the stronger (weaker) the convection, the colder

(warmer) the subtropical temperature, the dryer (wetter) the SWV at 100 hPa. This

serves as a dehydration mechanism, which is governed by adiabatic cooling during

the convection-driven upwelling and subsequent freezing out following the Clausius-

Clapeyron relationship. The linear regression analysis between circulation and SWV

variations at 100 hPa in observations shows an anomalous upper-level anticyclonic

flow pattern during anomalous dry events, implying that dry UTLS is accompanied

by an intensified AMA, which corresponds to a stronger monsoonal convection (Gill,

1980; Rodwell & Hoskins, 1996), and vice versa. Randel et al. (2015) suggested that

the temperature on the southern side of the AMA acts as a key link between the large-

scale circulation and SWV. M. Schoeberl and Dessler (2011) and Kim, Grise, and Son

(2013) commented that small temperature variance can significantly affect the SWV,

i.e. a 4 K temperature change at 100 hPa could induce 60% (approximately 3 ppmv)

variation of SWV following the Clausius-Clapeyron relationship. Both radiosonde

measurements and model experiments indicate that convection exerts a cooling effect

in the AMA region, which is associated with radiative cooling, cold air entrainment

and equatorial wave propagation in the upper troposphere (Gage et al., 1991; Tsuda,

Murayama, Wiryosumarto, Harijono, & Kato, 1994; Highwood & Hoskins, 1998; Nor-

ton, 2001; Zhou & Holton, 2002; Gettelman et al., 2002; Sherwood, Horinouchi, &

Zeleznik, 2003; Kuang & Bretherton, 2004; Randel & Wu, 2005; M. Park et al., 2007;

Kim, Randel, & Birner, 2018). Therefore, the dehydration mechanism suggests that
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enhanced convection substantially dehydrates the air, as opposed to the moistening

effect by overshooting convection.

Previous studies mostly examined the simulations of area-averaged SWV (Inness,

Slingo, Woolnough, Neale, & Pope, 2001; Roeckner et al., 2006; Hardiman et al.,

2015), generally in the deep tropics; however, a detailed investigation of the spatial

distributions over the summer monsoon regions has not yet been performed. More

specifically, the questions we aim to address in this study are: 1. How good is

SWV simulated in the Whole Atmosphere Community Climate Model (WACCM)

experiments? 2. What causes the biases in the simulation of SWV? 3. Several studies

have emphasized the importance of increased model vertical resolution in capturing

many critical UTLS processes (Lindzen & Fox-Rabinovitz, 1989; Pope, Pamment,

Jackson, & Slingo, 2001; Inness et al., 2001; Roeckner et al., 2006; Gettelman et

al., 2010; Charlton-Perez et al., 2013; Kim et al., 2013; Abalos, Randel, Kinnison,

& Serrano, 2013; W. Wang, Matthes, Schmidt, & Neef, 2013; Richter, Solomon,

& Bacmeister, 2014). Therefore, will increased model vertical resolution promote

an improved representation of the monsoon signature on the SWV? The remainder

of the paper is organized as follows: Section 2 describes the model experiments and

observational data, Section 3 presents the model evaluation of both SWV and CO and

proposes the underlying mechanism for the model biases. Summary and discussions

are in Section 4.

2.2 Data and Methods

2.2.1 The WACCM Experiments

The Community Earth System Model version 1 (CESM1; Hurrell et al., 2013)

WACCM includes interactive atmosphere, ocean, land, and sea-ice components (Marsh

et al., 2013; Mills et al., 2016). WACCM is one of the high-top state-of-the-art

chemistry-climate models, integrating the atmospheric physics and chemistry from the

surface to nearly 140 km. Two model configurations with almost identical model set-
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ups but different vertical resolutions are examined in this study: CESM1(WACCM)-

L70 (hereafter L70) with 70 vertical levels and CESM1(WACCM)-L110 (hereafter

L110) with 110 vertical levels, both with horizontal resolution of 0.95◦ latitude ×

1.25◦ longitude (∼100 km). The vertical resolution in the mid-troposphere and lower

stratosphere is about 1.2/0.5 km in the L70/L110 (see Fig. 2.1). The two models

include improved physics processes, convective parameterizations and fully interac-

tive chemistry modified from the Community Atmosphere Model, version 5 (CAM5;

Neale et al., 2010; Mills et al., 2016). The orographic and non-orographic gravity

waves drag (GWD) parameterizations are almost identical in L70 and L110 following

Richter, Sassi, and Garcia (2010). The parameter tuning of GWD is modified as a

result of refined vertical resolution following the Stratosphere-troposphere Processes

And their Role in Climate (SPARC) Quasi-Biennial Oscillation initiative (QBOi) pro-

tocol (Butchart et al., 2018). L70 and L110 are coupled to the biogeophysical and

biogeochemical parameterizations and numerical implementation of version 4.5 of the

Community Land Model (CLM4.5; Oleson et al., 2013). Most of the details about

L70 are documented in Mills et al. (2017) and the details of L110 are described in

Butchart et al. (2018). The climatological simulations averaged over June, July and

August (JJA) spanning the range from 1979 to 2014 in both models are compared.

Both the L70 and L110 are fully coupled ocean-atmosphere experiments, and the

difference between the two reveals the impact due to solely vertical resolution. In

addition to the coupled model, L110 forced with prescribed sea surface tempera-

tures (SSTs) and sea ice properties based on the Atmospheric Model Intercompari-

son Project (AMIP) experiment (Taylor, Stouffer, & Meehl, 2012) is also examined

here. Additionally, two experiments subject to the same settings but with different

boundary conditions using CESM1(WACCM4), which participated in the Chemistry

Climate Model Initiative (CCMI) experiments (Eyring et al., 2013; Morgenstern et

al., 2017) with nudged Quasi-Biennial Oscillation (QBO), are used. One integration is

an AMIP-style (CCMI-AMIP) run whereas the other is a coupled ocean-atmosphere

run (CCMI-Coupled). WACCM4 has a horizontal resolution of 1.9◦ latitude × 2.5◦
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Figure 2.1. Vertical grid spacing in km as a function of height used in
the CESM1(WACCM) simulations with 70 vertical levels (asterisks)
and 110 vertical levels (plus signs) from the surface to 50 hPa.
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Table 2.1.
Characteristics of the Models Analyzed in the Study

Model Vertical Layers Horizontal Resolution Period Spanned

CESM1(WACCM)-L70 70 0.95◦ latitude × 1.25◦ longitude 1979-2014

CESM1(WACCM)-L110 110 0.95◦ latitude × 1.25◦ longitude 1979-2014

L110-AMIP 110 0.95◦ latitude × 1.25◦ longitude 1979-2014

CCMI-AMIP 66 1.9◦ latitude × 2.5◦ longitude 1979-2014

CCMI-Coupled 66 1.9◦ latitude × 2.5◦ longitude 1979-2014

CESM1(WACCM4) 66 1.9◦ latitude × 2.5◦ longitude 1950-2006

SC-WACCM4 66 1.9◦ latitude × 2.5◦ longitude 1950-2008

SD-WACCM4 88 1.9◦ latitude × 2.5◦ longitude 2005-2010

longitude and 66 layers in the vertical (Marsh et al., 2013; Tilmes et al., 2016; Garcia,

Smith, Kinnison, Cámara, & Murphy, 2017) and is the high-top version of CAM4.

The information of WACCM experiments with different configurations evaluated in

this study are summarized in Table 1.

2.2.2 Microwave Limb Sounder Water Vapor

We analyze the water vapor measurements derived from the Aura Microwave Limb

Sounder (MLS) version 4.2 level 2 products (Livesey et al., 2015). The main develop-

ment in MLS v4.2 waer vapor retrievals is an improved cloud detection methodology.

MLS data are available from 2004 to present. Here we use the retrievals spanning the

range from 2005 to 2014 to evaluate the performance of CESM1(WACCM) models.

MLS provides H2O (water vapor volume mixing ratio in ppmv) with vertical resolu-

tion around 3 km in the UTLS. The uncertainties in H2O measurements are about

20% near the upper troposphere (215 hPa) and 10% at the UTLS (100 hPa) in the

tropics and mid-latitudes (Jiang et al., 2012, 2015).
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2.2.3 ERA-Interim Meteorological Analyses

We use both daily and monthly meteorological analyses from ERA-Interim (ERAI)

reanalysis (Dee et al., 2011), including temperature and wind fields with horizontal

resolution of 1◦ latitude × 1◦ longitude. Monthly ERAI data during the overlapping

time period as the WACCM experiments (1979-2014) are analyzed to validate the

model simulations of temperature and circulations. Both daily and monthly ERAI

data of PV, temperature and circulations from 2005 to 2014 overlapping with MLS

data are used for composite analysis.

2.3 Results

The analyses are mostly performed on the simulations at 100 hPa level. MLS ob-

servations show that the localized SWV maxima during boreal summer are primarily

at 100 hPa (Randel et al., 2015; K. Zhang et al., 2016), which is confined by the AMA

effectively near 100 hPa (Randel & Park, 2006). Furthermore, Randel et al. (2015)

found that the climatology and variability of SWV was nearly identical on isentropic

versus pressure levels. Therefore, we choose the model levels nearest to 100 hPa in

order to avoid uncertainties due to interpolation, specifically 103 hPa in L70 and 102

hPa in L110. If not specified, the pressure levels in this study refer to the nearest

model levels. Temperature fields nearest to 200 hPa are also explored.

2.3.1 Simulation of Stratospheric Water Vapor over the Asian Summer

Monsoon Region

The boreal summer (JJA) climatological distributions of 100 hPa water vapor in

MLS data and the L70/L110 simulations during 2005-2014 are shown in Fig. 2.2.

The model results are not sensitive to the averaging time period (similar results are

found during 1979-2014; not shown). The 100 hPa horizontal circulation averaged

during 2005-2014 is also shown in Fig. 2.2. The circulation in Fig. 2.2a shows the
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equatorial easterly, subtropical westerly and the relatively strong meridional flows

acting together to encompass the AMA center. The maxima SWV values (∼5.3

ppmv) at 100 hPa are clustered over the zonally elongated domains of 20◦-35◦N,

40◦-120◦E, strongly coherent within the AMA but distant from the deep convection

center in the Southeast Asia. The localized SWV maximum in observations exhibits

a strong monsoon dynamical signature.

Figure 2.2. The colors show the summertime SWV (ppmv) at 100 hPa
from (a) MLS, (b) L70, (c) L110, (d) L70 weighted by AK and (e)
L110 weighted by AK during 2005-2014, overlaid with the averaged
horizontal winds (m/s) in vectors during 2005 to 2014 at that level.
Winds in (a) are from ERAI, (b, d) and (c, e) are from L70 and L110,
respectively.

Fig. 2.2b and Fig. 2.2c show the multi-year mean SWV and circulation simulated

in L70 and L110, respectively. To better highlight the model performance as compared

with observations, Fig. 2.3a and Fig. 2.3b show the percentage differences in L70

and L110 relative to MLS observations. It is noteworthy that, in L70 (shown in Fig.

2.2b), the maximum (∼6.9 ppmv) is located over the central Pacific (170◦E-170◦W)

and the secondary maximum (∼6.5 ppmv) is located within the AMA. Although the

overall magnitude of SWV over the continent is well captured in L70, the wet bias

over the central Pacific (∼50%) significantly exceeds the 10% range of uncertainty

in MLS (shown in Fig. 2.3a). The bias in SWV in L70, in particular that the
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maximum is located over the ocean rather than the continent, is surprising given

the current understanding of the AMA dynamics (Rodwell & Hoskins, 1996; Qu

& Huang, 2015) and the observed linkage between the AMA and SWV (Randel et

al., 2015). Compared with L70, L110 with increased vertical resolution and refined

GWD parameterizations, shows a significant improvement in the simulation of SWV,

particularly in terms of its spatial distribution. Fig. 2.2c displays a maximum of

about 5.3 ppmv located within the AMA in L110, which is similar to observations

(Fig. 2.2a). Comparing to the SWV in MLS, L110 has a dry bias (∼25%) poleward

of 30◦N (see Fig. 2.3b). The meridional velocity on the eastern flank of the AMA

decreases sharply from the continent to the ocean, which helps the anticyclonic flows

close better in L110.

The effects of the averaging kernels (AKs) on the simulated SWV at 100 hPa are

checked. The details about the MLS AKs are discussed in (Livesey et al., 2015).

Fig. A.1 displays the equatorial MLS v4.2 AK that we applied to the simulations.

Fig. 2.2d and Fig. 2.2e show the SWV convolved with the AK from L70 and L110,

respectively. The weighted SWV shown in Fig. 2.2d and e stay very close to what

we have seen in Fig. 2.2b and c, which indicates the influence of AK is small in the

subtropics.

In addition to the SWV difference, discrepancies are also found in the temperatures

and circulations in L70 as shown in Fig. 2.4a with respect to the summer climatology

(2005-2014) in ERAI reanalysis. There is a warm bias over the continent and a

cold bias over the central Pacific Ocean (boxed regions in Fig.2.4; 15◦-30◦N, 170◦E-

170◦W) in L70 and the anomalous westerlies exist along the entire subtropics in L70

as compared with those in ERAI reanalysis and L110 (Fig. 2.4a, Fig. 2.7b, a and Fig.

2.9a). The eastern branch of the AMA is found extending eastward to the central

Pacific Ocean, which we claim is responsible for the poor simulation of the SWV (to

be discussed). The biases of temperatures, especially the cold center over the central

Pacific Ocean, are reduced in L110 as compared with L70 (see Fig. 2.4b).
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Figure 2.3. Color shadings show the percentage difference in (a) L70
and (b) L110 with respect to the MLS measurements during JJA
2005-2014. The black contours are the MLS SWV as in Fig. 2.2a
with contour interval of 0.4 ppmv.
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Figure 2.4. Color shadings and vectors represent the difference in the
100 hPa temperature (K) and the difference in the 100 hPa horizontal
wind fields (m/s) in (a) L70 and (b) L110 with respect to the ERAI
reanalysis from 2005 to 2014.The black boxes outline the domains
(15◦-30◦N, 170◦E-170◦W) in which large temperature differences are
found.
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Though both L70 and L110 presented above are coupled models, the side-by-side

comparisons of coupled runs with their atmosphere-only counterparts indicate that

the performance of simulated SWV and circulation around 100 hPa is insensitive to

boundary conditions. As depicted in Fig. A.2, the simulation of AMIP-style L110

(Fig. A.2a) closely resembles the structure of coupled runs (Fig. A.2c) and observa-

tions. Compared with coupled L110, the dry bias over the continent is improved and

the AMA is better closed in AMIP-style L110. Meanwhile, the common deficiencies

can be seen in both the AMIP-style (Fig. A.2b) runs and coupled runs (Fig. A.2d)

from the WACCM4 CCMI experiments, notably with the SWV maximum shifted

eastward and circulations extended to the Pacific Ocean. This suggests that the dif-

ferences in SWV simulations are likely due to the model vertical resolution and refined

GWD parameterizations and not to differences in boundary conditions.

Moreover, other configurations of WACCM4 that are available are also studied

(see Table 1 and Fig. A.3), i.e. CESM1(WACCM4) in the CMIP5 archive, spec-

ified chemistry (SC)-WACCM4 (K. L. Smith, Neely, Marsh, & Polvani, 2014) and

specified dynamics (SD)-WACCM4 (Kunz, Pan, Konopka, Kinnison, & Tilmes, 2011;

Lamarque et al., 2012). The specific humidity (kg/kg) outputs from these models are

converted to the water vapor volume mixing ratio by multiplying 1.61 (ppmv/ppm).

The CESM1(WACCM4) (Fig. A.3a) and SC-WACCM4 (Fig. A.3b) look remarkably

similar to each other but both unrealistically simulate the SWV maximum over the

Pacific Ocean. The SD-WACCM4 is nudged towards the Goddard Earth Observ-

ing System, Version 5 (GEOS-5) meteorological analysis (i.e., horizontal wind and

temperature fields) of NASA’s Global Modeling and Assimilation Office (GMAO)

(Rienecker et al., 2011; Lamarque et al., 2012; Arnone, Smith, Enell, Kero, & Dinelli,

2014). The SD-WACCM4 similarly shows a maximum of SWV over the central Pacific

Ocean (see Fig. A.3c), and this bias is also found in the Modern-Era Retrospective

Analysis for Research and Applications (MERRA) reanalysis specific humidity (not

shown). The biased SWV in SD-WACCM4 is likely attributed to the unreliable tem-

perature in MERRA reanalysis above 300 hPa (Jiang et al., 2012; Tian et al., 2013;
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Jiang et al., 2015). The temperature differences of MERRA compared with ERAI

in the UTLS can be up to 2 K [see Fig. C3 in Fueglistaler et al. (2013) and Fig.

3-5 in Bosilovich et al. (2015)]. To sum up, the discrepancies are commonly found in

WACCM experiments with different configurations.

In Section 3.2, we will focus on the L70 and L110 and will provide a possible

mechanism to explain the differences between the two, specifically the magnitude

and spatial pattern associated with the Asian summer monsoon circulation.

2.3.2 Mechanisms Underlying Differences in High and Low Vertical Res-

olution Models

Differences in Temperatures in High and Low Vertical Resolution Models

Since the SWV relies strongly on the UTLS temperature, we start by analyzing

the temperatures between the high and low vertical resolution models. Fig. 2.5a

and Fig. 2.5b show the temperature differences in L70 and L110 at 100 hPa and

200 hPa, respectively. It is noteworthy that salient temperature difference (∼1.5-3

K) between L70 and L110 lies over the central Pacific Ocean at 100 hPa (see Fig.

2.5a). Similar patterns are found averaging from 1979-2014 (not shown). In L70,

it is relatively colder over the subtropical central Pacific (boxed regions in Fig.2.5;

15◦-30◦N, 170◦E-170◦W) compared to L110. The cold bias is accentuated at higher

levels above 100 hPa. However, the temperature difference in the subtropics shows

the opposite sign in the levels below 140 hPa (see 200 hPa as an example, shown in

Fig. 2.5b). The zonal mean temperature differences between the two models in a

longer time period (1979-2014) are shown in Fig. 2.6a. The dipole structure in the

temperature difference suggests that the lower vertical resolution model is relatively

warmer in the free troposphere and cooler in the lower stratosphere, which is a robust

result as found in other studies (Pope et al., 2001; Inness et al., 2001; Roeckner et

al., 2006; Richter et al., 2014). Similar temperature bias pattern can be found in L70

relative to ERAI (see Fig. 2.6b). But this bias is largely reduced in L110 (see Fig.
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2.6c). In the Northern Hemisphere (NH) subtropics, the warm anomaly in L70 in the

troposphere is largely due to the warm anomaly over the Pacific Ocean and the cold

anomaly in the lower stratosphere is dominated by that over the Pacific Ocean.

Figure 2.5. Color shadings represent the temperature difference (K)
in L70 versus L110 at (a) 100 hPa and (b) 200 hPa from 2005 to
2014. The hatching in the right indicates where the differences are not
statistically significant at the 95% confidence level using the Student
t-test. The black boxes are the same as in Fig. 2.4.

First, we explain the zonal mean temperature difference in the troposphere be-

tween L70 and L110 models. To do that, we compare the climatological outgoing

longwave radiation (OLR) and pressure velocity (ω) at 445 hPa between the two

models. As shown in Fig. A.4, weaker OLR associated with stronger vertical ascent
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is seen in the western Pacific in L70, indicating that the model with coarser vertical

resolution has stronger convective activities. Richter et al. (2014) also documented

that the model with higher vertical resolution can reduce the positive bias of precipi-

tation over the Asian summer monsoon region. In order to quantify the total diabatic

heating (including radiative heating, sensible heating, latent heating and eddy heating

flux) released to the environment, the climatological apparent heat source Q1, which

is the residual of the heating budget of resolvable variables, is calculated following

Eq. 2.1 (Yanai, Esbensen, & Chu, 1973; Yanai & Johnson, 1993; B. Chen, Tung, &

Yanai, 2016):

Q1 ≡ cp(
p

p0

)κ(
∂θ̄

∂t
+ v̄ · ∇θ̄ + ω̄

∂θ̄

∂p
)

= QR + L(c̄− ē)−∇ · s′v′ − ∂s′ω′

∂p

(2.1)

with θ the potential temperature, v the horizontal wind, κ the ratio of the gas constant

R and the specific heat at constant pressure of dry air cp, ω the pressure velocity and

p0 = 1000 hPa; QR the radiative heating, c and e the rates of condensation and

evaporation per unit mass of air, respectively, L the latent heat of vaporization, s

the dry static energy. The over-bar denotes the zonal average and the prime denotes

the departure from the zonal mean. As shown in Fig. A.5, the apparent heating

averaged over the Pacific Ocean (170◦E-170◦W) is stronger in the mid-troposphere

between 10◦N and 20◦N due to stronger convective activities in L70. Therefore, the

warmer upper-troposphere over the Pacific Ocean can be explained by the stronger

heating associated with stronger convective activities in the coarser vertical resolution

model.

In stark contrast, relatively stronger cold bias appears in the lower stratosphere in

L70 compared with L110 (Fig. 2.6a) and is seen over the Pacific Ocean (Fig. 2.5a).

Here, we attribute the cold anomaly in the lower stratosphere in L70 to stronger up-

welling (see Fig. A.6). The wave-driven large-scale ascent in the tropical tropopause

layer accompanied by adiabatic cooling is considered to play a dominant role in driv-

ing the lower-stratospheric temperature. The upwelling is forced by both the extra-
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Figure 2.6. Zonal mean temperature difference (K) in (a) L70 and
L110, (b) L70 and ERAI and (c) L110 and ERAI. The hatching is the
same as in Fig. 2.5.
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tropical and tropical waves (Randel & Jensen, 2013). Extra-tropical stratospheric

pumping and downward control mechanism associated with wave dissipation in the

subtropics could induce an upwelling in the tropical lower stratosphere (Haynes, McIn-

tyre, Shepherd, Marks, & Shine, 1991; Reid & Gage, 1996; Plumb & Eluszkiewicz,

1999; Garcia & Randel, 2008; Taguchi, 2009; G. Chen & Sun, 2011; Garny, Dameris,

Randel, Bodeker, & Deckert, 2011; Randel & Jensen, 2013), and the dissipation of

waves is proportional to the strength of the zonal mean zonal wind (Andrews, Holton,

& Leovy, 1987; Calvo, Garcia, Randel, & Marsh, 2010). Fig. 2.7a shows the differ-

ences in zonal mean zonal wind in the two models and L70 has a stronger (∼2m/s)

and slightly equatorward shifted subtropical jet compared with L110. This is consis-

tent with the larger meridional temperature gradient in the tropics (Fig. 2.6a) and

also the overall larger SWV (Maycock et al., 2013) in L70. Compared with ERAI,

there is an overall westerly bias prevailing in the UTLS in both model simulations

but it becomes reduced in the L110 (see Fig. 2.7b and Fig. 2.7c).

To explain the difference in stratospheric temperature between L70 and L110, we

calculate the transformed Eulerian mean (TEM) vertical velocity w̄∗ using monthly

variables following Eq. 2.2 (Andrews et al., 1987):

w̄∗ = w̄ +
1

acosφ

∂

∂φ
(cosφ

v′θ′

θ̄z
) (2.2)

where w is the log-pressure vertical velocity converted from pressure velocity ω, a is

the radius of the earth, and φ is the latitude. Fig. A.6 shows the vertical residual

velocity w̄∗ difference between L70 and L110. The tropical ascent and extratropical

descent can be seen in L110 climatology. In L70, there is an anomalous ascent in the

tropics in general, likely due to enhanced subtropical jet, which contributes to the cold

anomaly in the lower stratosphere (Andrews et al., 1987; Calvo et al., 2010). Besides,

several other processes might also contribute to the increased ascent in L70. The

intensification of both Rossby wave-driven and the equatorial wave-driven upwelling

associated with the enhanced convective heating could contribute to the stronger

mean ascent in the UTLS in L70 (Boehm & Lee, 2003; Norton, 2006; Ryu & Lee,
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Figure 2.7. Difference in zonal mean zonal wind (m/s, color shading)
between (a) L70 versus L110, (b) L70 versus ERAI and (c) L110
versus ERAI, respectively. The black contours with contour interval
of 8 m/s represent the climatological zonal mean zonal wind in L110
in (a), and the zonal mean zonal wind in ERAI in both (b) and (c).
Solid contours are for positive values, dashed for negative, and thick
solid for zero. The hatching is the same as in Fig. 2.5.
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2010). Additionally, the dipole temperature structure is accompanied by an upward

shift of the cold point tropopause in coarser vertical resolution model (Abalos et al.,

2013), which could also contribute to the anomalous cooling in the lower stratosphere

through the difference in the established radiative equilibrium between L70 and L110

(Kuang & Bretherton, 2004). The anomalous adiabatic cooling induced by the en-

hanced upwelling is compensated by stronger radiative heating in L70 (not shown).

Ackerman, Liou, Valero, and Pfister (1988) and Gage et al. (1991) suggested that the

presence of ice particles, thin cirrus and aerosols is a possible candidate for the larger

heating rate in the lower stratosphere. In L70, we also find more frequent high clouds

(not shown), which is likely to balance the anomalous adiabatic cooling induced by

upwelling.

Differences in SWV Magnitude

Here we use the above analysis of the difference in temperatures between L70

and L110 to explain the difference in the magnitude of SWV. As discussed in the

Introduction, (Randel et al., 2015) documented that the dehydration primarily oc-

curs on the equatorial flank of the AMA and more SWV is associated with warmer

temperature at 100 hPa. Fig. A.7a, b shows the regression coefficient of the SWV

variations in the box region (20◦-40◦N, 40◦-140◦E) regressed onto the temperatures

at 100 hPa in L70 and L110, respectively. The patterns resemble Figure 8 in Randel

et al. (2015) and show a warm temperature anomaly on the equatorward flank of the

AMA associated with a wet anomaly of SWV, indicating that both L70 and L110 are

able to reproduce the dehydration mechanism. As shown in Fig. 2.5a, the warmer

temperature is found in the equatorial flank of the AMA at 100 hPa in L70, which is

consistent with the relatively wetter SWV in the domain of interest (see Fig. 2.3).

However, we note here that the warmer temperature over the continent at 100 hPa

in L70 is not likely a result of stronger convective activities since a stronger convection

is associated with a colder tropopause temperature within the AMA region (M. Park
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et al., 2007; Randel et al., 2015). Instead, other factors such as difference in vertical

resolution with refined GWD parameterizations may play a role.

Additionally, as shown in Fig. 2.5a, large difference in UTLS temperature over

the central Pacific Ocean is found between the two models with L70 colder than

L110. The evident cold center is collocated with the unrealistic SWV maximum in

L70, which rules out the possibility of direct vertical transport from below according

to the dehydration mechanism. Instead, we argue that it is the UTLS temperature

difference over the Pacific Ocean that plays a critical role in the simulation of the

AMA and SWV spatial distribution (to be discussed next).

Differences in SWV Spatial Distribution

As shown in Fig. 2.2b, conspicuous wet bias of simulated SWV is found over the

central Pacific Ocean in L70 and it is a common model deficiency as found in a suite of

WACCM experiments (Fig. A.2b, d and A.3). As shown in the 3-D trajectory runs

in Randel and Park (2006), most of the particles released on the isobaric surfaces

within the AMA remain inside the domain after several weeks, and a relatively small

fraction of particles is transported eastward outside. The AMA associated with the

Asian monsoon deep convection has a large dynamical variability (Gill, 1980; Jin &

Hoskins, 1995; Popovic & Plumb, 2001), and therefore, it is challenging to locate the

north-south boundary of the horizontal transport barrier for UTLS chemical species

(Garny & Randel, 2013; Ploeger et al., 2015). For our study, one candidate that

likely contributes crucial parts in confining the SWV within the anticyclonic flow,

specifically in the east-west boundary, is the UTLS temperature over the central

Pacific Ocean.

The mechanism is proposed based on the compensation between the temperature

anomaly and the PV anomaly. The negative PV anomaly is commonly used as an

indicator for the intensity of the AMA (Randel & Park, 2006; Bergman et al., 2013;

Garny & Randel, 2013). Small PV gradient inside the AMA indicates that the air
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is well mixed. Previous studies have emphasized the importance of the strong PV

gradient at the edge of the AMA on suppressing the cross-gradient advection and

characterizing the horizontal transport barrier (Ploeger et al., 2015). Composite

analyses using ERAI reanalysis are conducted here in order to illustrate the linkage

between the temperature and PV gradient.

Figure 2.8. Difference in the composited 100 hPa PV (color shadings)
and winds (m/s; vectors) for the temperatures averaged in the box
(15◦-30◦N, 170◦E-170◦W) above the central Pacific for (a) cold and
warm temperature days at 100 hPa and (b) warm and cold tempera-
ture days at 200 hPa. The hatching is the same as in Fig. 2.5.

As discussed in Section 2.3.2, conspicuous temperature differences are found over

the central Pacific region (15◦-30◦N, 170◦E-170◦W) in the UTLS between L70 and
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L110 with different signs at 100 hPa and 200 hPa. First, we show the linkage between

100/200 hPa temperature anomalies and anomalous PV/winds at 100 hPa using ERAI

reanalysis data. Daily temperature and PV from the ERAI reanalysis spanning the

range of ten years (from 2005 to 2014) are employed. The monthly data show similar

results (not shown here). We define the warm (cold) events as the days when the

area-averaged temperature over the noted domain (15◦-30◦N, 170◦E-170◦W) is higher

(lower) than the ten-year average value during summer months at each pressure level.

Our analyses are based on compositing 100 hPa PV for the warm events and cold

events at 100 hPa and 200 hPa, respectively. Fig. 2.8a shows the composite difference

of 100 hPa PV between the 100 hPa cold and warm events. The sign of the PV

anomaly is such that the low PV anomaly expanding eastward occurs in association

with the colder than normal central Pacific temperature at 100 hPa with uniformly

stronger subtropical westerlies (∼2m/s) and an anticyclonic flow anomaly over the

western Pacific Ocean, which is directly analogous to that in L70 (see Fig. 2.9a). It

indicates that the relatively colder temperature in L70 at 100hPa compared with L110

is related to the negative PV anomalies. Fig. 2.8b shows the composite difference of

100 hPa PV between the 200 hPa warm and cold events. The anomalous anticyclonic

flow and negative PV are found on top of the warm temperature region over the

central Pacific and this is analogous to that in L70 as well. Therefore, both the

cold bias at 100 hPa and the warm bias at 200 hPa in L70 lead to low PV anomaly

extending to the Pacific Ocean, further diminish the PV gradient on the eastern flank

of the AMA.

To further quantify the cause of the negative PV anomaly over the Pacific Ocean

in L70 compared with L110, we decompose the PV difference into the contributions

due to stratification difference and due to relative vorticity difference as follows (Wu

& Shaw, 2016):

δPV ≈ −g(f + ζ)δ(
∂θ

∂p
)︸ ︷︷ ︸

stratification difference

−gδ(f + ζ)(
∂θ

∂p
)︸ ︷︷ ︸

relative vorticity difference

(2.3)
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Figure 2.9. (a) Difference of PV (color shadings) and winds (m/s;
vectors) between L70 and L110 at 100 hPa. The gray contours rep-
resent the climatological PV in L110 (contour interval: 2PVU). The
thick gray line indicates 2PVU surface. The decomposition of the
PV difference (L70 minus L110) into the contributions (b) due to the
difference in stratification [i.e., −g(f + ζ)δ(∂θ

∂p
)] and (c) due to the

difference in horizontal circulation [i.e., −gδ(f + ζ)(∂θ
∂p

)].
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where δ indicates the difference between the L70 and L110, g is the gravitational

acceleration, f is the Coriolis parameter and ζ is the relative vorticity. The sum of

the decomposition following the right-hand-side of Eq. 2.3 is about equal to the left-

hand-side (not shown). Compared with L110, L70 has a negative PV anomaly over

the central Pacific Ocean (Fig. 2.9a). We find that, in L70, both the less stratified

UTLS (Fig. 2.9b) and, to a lesser extent, the anomalously anticyclonic circulation

(Fig. 2.9c) contribute to the negative PV anomaly over the Pacific Ocean and result

in a relatively weaker PV gradient on the eastern branch of the AMA (see Fig. 2.9a)

and thus a more leaky transport barrier in L70. Since SWV is highly sensitive to

temperature, once SWV is extended to the relatively warmer place over the Pacific

Ocean as compared with the continent, it tends to stay there, thus the maximum of

SWV is seen over the Pacific Ocean in L70.

2.3.3 The Simulations of CO over the Asian Summer Monsoon Region

Although this study focuses mostly on the simulations of the SWV, we also evalu-

ate the simulated CO in the two models as complementary evidence. Since both the

spatial pattern and magnitude of CO are less dependable on the temperature fields,

it is highly controlled by the large-scale circulation. Overall, L70 and L110 are able

to reproduce the localized maximum embedded within the AMA reasonably well (see

Fig. 2.10a and Fig. 2.10b), which is consistent with the work by Pan et al. (2016),

who examined the variability of CO and its linkage to the AMA in SD-WACCM4.

However, compared with the simulation in L110, in L70, CO is not well isolated

within the AMA and leaks out from the southeastern Asia to the central Pacific in

the subtropics (see Fig. 2.10c), which is highly collocated with the PV anomaly

(shown in Fig. 2.9a). But L70 has a more reasonable simulation of CO compared

to water vapor, likely due to its less dependence in the UTLS temperature and rela-

tively shorter lifetime. Therefore, we confirm that the UTLS temperature anomalies
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Figure 2.10. The colors show the summertime horizontal structures
of CO (ppbv) from (a) 103 hPa L70 and (b) 102 hPa L110 averaged
over 1979 to 2014. (c) Colors show the CO difference (ppbv) between
L70 and L110 with CO in L110 (black contours).
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over the central Pacific are responsible for the model deficiency in the confinement of

chemical constituents in L70.

2.4 Summary and Discussion

Our primary purpose of this study has been to examine the model performance

in the simulation of SWV associated with the Asian summer monsoon and whether

model vertical resolution affects the representation of SWV. We have found that the

maximum of the simulated SWV is located over the central Pacific Ocean in most

of the WACCM configurations, instead of over the Asian continent as in the MLS

retrievals. The high vertical resolution model L110 with refined GWD parameteriza-

tion, though displaying a dry bias on the poleward side, corrects the deficiency with

SWV confined within the AMA and maximized over the continent.

Our results indicate that the temperature over the central Pacific Ocean is a signif-

icant factor in the representation of the Asian monsoon characters in the UTLS. We

find that one of the improvements with increased vertical resolution and refined GWD

parameterization lies in resolving the UTLS temperature more accurately, which is

consistent with Richter et al. (2014). The relatively stronger convection in L70 likely

contributes to the warmer troposphere-cooler stratosphere dipole pattern. L110 with

higher vertical resolution and refined GWD is capable of alleviating the cold bias

above and the warm bias below 100 hPa over the central Pacific Ocean, and therefore

simulates a steepened PV gradient over the central Pacific Ocean that better closes

the upper-level anticyclone and confines the SWV within the enhanced transport

barrier.

Before concluding, possible caveats have to be noted. First, although L110 corrects

the cold anomaly over the central Pacific Ocean, we didn’t explicitly address why but

suspect that it’s related to the stronger ascent occurring over the central Pacific

Ocean. The observational evidence of the upward motion in the lower stratosphere

occurring over central Pacific Ocean is documented in Gage et al. (1991). Second,
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the purpose of this study is to make use of the model experiments that are available

and have a clean pair of low and high vertical resolution versions to examine the

model performance of simulating SWV. However, to further test the robustness of

the mechanism proposed in this study, we plan to extend the analysis to an ensemble

of models that participated in the CCMI experiments in future work.

Previous studies have focused on the westward eddy shedding of the AMA and its

role in chemical transport (Popovic & Plumb, 2001; Garny & Randel, 2016). Different

from previous studies, our work emphasizes the importance of the eastern branch of

the AMA in the confinement of chemical transport and the necessity to improve

the representation of that in climate models. Despite the difference in simulated

convection, it is the increased vertical resolution and refined GWD parameterization

that improve the representation of the UTLS temperature and thus the anticyclone

dynamics and SWV. The overall results demonstrate that models in general have

biases in simulating SWV, which is likely associated with stronger westerlies and

weaker PV gradient in the NH subtropics. Our results demonstrate that model version

with increased vertical resolution is able to correct these biases.
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3. FAST TRANSPORT PATHWAYS INTO THE NORTH
AMERICAN UPPER TROPOSPHERE AND LOWER

STRATOSPHERE AS AN INTERPLAY BETWEEN DEEP
CONVECTION AND THE LARGE-SCALE

CIRCULATION

A version of this chapter has been submitted to Geophysical Research Letters.

3.1 Introduction

Observations and model studies have shown that the summer monsoon circula-

tion is an effective gateway of tropospheric air into the stratosphere (Randel et al.,

2010; Vogel et al., 2019; Wu et al., 2020). Transport via the Asian and North Amer-

ican (NA) monsoons influences the composition of the upper troposphere and lower

stratosphere (UTLS), which in turn directly impacts the stratospheric chemistry and

global radiative forcing (S. Solomon et al., 2011; Yu et al., 2015; Anderson et al., 2017;

Clapp & Anderson, 2019). Despite consensus on the pronounced monsoonal signals

in both Asian and NA UTLS, the characteristics of monsoon-related troposphere-to-

stratosphere transport and the underlying dynamics remain topics of active research.

The Asian summer monsoon (ASM) related transport mainly consists of rapid

uplifting from the surface to the convective outflow level by deep convections and ty-

phoons, coupled with subsequent ascent and horizontal confinement by the large-scale

ASM anticyclone in the UTLS (Gettelman et al., 2002; M. Park et al., 2007, 2008,

2009; Vogel et al., 2014; Pan et al., 2016). Recently, Wu et al. (2020) complemented

previous studies and examined transport pathways linking the surface to the UTLS

using an idealized pulse passive tracer approach to reveal the transport dynamics.

Fast transport paths were identified over the southern slope of the Tibetan Plateau,

northern India, and Saudi Arabia with a modal age of 5-10 days. They demonstrated
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that the vertical eddy flux controls the transport at 100-150 hPa while convective

processes dominate around 200-300 hPa. The modal timescale for transport ranges

from 3 days to a month across various studies (B. Chen, Xu, Yang, & Zhao, 2012;

Bergman et al., 2013; Orbe, Waugh, & Newman, 2015; Tissier & Legras, 2016; Wu

et al., 2020).

The NA UTLS exhibits similarities as well as differences with its Asian counterpart

during summer. For instance, comparable stratospheric water vapor maxima are

observed over both monsoon regions, however, the isotopic composition differs with

enriched δD above North America but not over Asia (Randel et al., 2012). A localized

aerosol layer is found above NA monsoon, but its calculated composition is different

than that of the Asian tropopause aerosol layer (Yu et al., 2015). Because of the

very different topography, convection and large-scale circulations in the two regions,

it is likely that the transport characteristics related to the North American summer

monsoon (NASM) behave differently than those in Asia. While much progress has

been made in understanding transport via the ASM during the past decades, studies

on transport into the NA UTLS remain comparatively limited. There are several

mechanisms that may be responsible for the NA UTLS transport. Throughout the

year, air gradually ascends into the stratosphere from the tropical upper troposphere,

and then moves towards higher latitudes due to horizontal eddy transport (Vaughan

& Timmis, 1998; Highwood & Hoskins, 1998; Fueglistaler, Wernli, & Peter, 2004;

Fueglistaler et al., 2009; Abalos et al., 2013). In July and August, the NA UTLS is

dominated by a semi-permanent anticyclone near 30◦N, 110◦W, owing to a Matsuno-

Gill type response to the diabatic heating in the tropics and subtropics (Gill, 1980; Siu

& Bowman, 2019). This large-scale anticyclone plays an important role in controlling

a range of chemical species in the NA UTLS (Weinstock et al., 2007; Froyd et al.,

2009; S. Solomon et al., 2011; Thomason & Vernier, 2013; Yu et al., 2015; Randel et

al., 2015) and in increasing the residence time of air over the United States (Koby,

2016). In addition to the NASM convection that is primarily located south of 30◦N,

overshooting storms become active in the contiguous United States, primarily over



40

the north-central Great Plains, which may hydrate the UTLS (Dessler & Sherwood,

2004; D. L. Solomon, Bowman, & Homeyer, 2016; J. B. Smith et al., 2017; Cooney

et al., 2018). However, a substantial fraction of moist air parcels at 100 hPa in the

20◦N-40◦N latitudinal range cannot be explained by nearby deep convection (Sun

& Huang, 2015). Therefore, an investigation of the relative contributions due to

distinct mechanisms and their transport timescales into the NA UTLS is needed to

interpret observations and improve the model performance in simulating processes in

the UTLS.

In this study, we focus on the most efficient route connecting the Northern Hemi-

sphere (NH) surface and the NA UTLS due to its implication for transporting short-

lived trace gas pollutants which can deplete stratospheric ozone (Levine, Braesicke,

Harris, Savage, & Pyle, 2007; Hossaini et al., 2015). Specifically, we aim to address

three questions: (1). Are there relatively efficient pathways for transport from the

boundary layer into the NA UTLS during summer? (2). What is the timescale for

the fast transport? (3). What is the dynamical mechanism? To isolate the role of dy-

namics from other factors such as lower tropospheric chemistry and surface emissions,

we apply the idealized pulse passive tracer approach (to be discussed later) and use

the same model experiment as in Wu et al. (2020). The numerical model experiment

and diagnostics will be described in the following section.

3.2 Methods

We apply the ”Boundary Impulse Response (BIR)”, or known as the pulse tracer

approach to diagnose transport characteristics linking the NH surface to the North

American UTLS. This approach has been commonly used to study the atmospheric

transport (Orbe, Holzer, & Polvani, 2012; Orbe, Holzer, Polvani, & Waugh, 2013;

Orbe, Waugh, Newman, & Steenrod, 2016). Specifically, BIR of a location contains

information on the distribution of times since a pulse of passive tracer, constituting

as air masses released from source region, last contacts the NH surface. The Green’s



41

function or distribution of transit times captures all possible pathways connecting the

source region and the receptor surface, and allows us to identify the most efficient

route. The diagnostics are performed with the Whole Atmosphere Community Cli-

mate Model version 5 (WACCM5) in atmosphere-only mode. The model resolution

is 0.95◦ latitude × 1.25◦ longitude (∼100 km) with 110 pressure layers (∼0.5 km

spacing above the boundary layer and in the lower stratosphere). Hereafter we refer

to this model as WACCM5-L110. Deep convection is treated by G. J. Zhang and

McFarlane (1995) with improved convective momentum transport (Richter & Rasch,

2008; Tilmes et al., 2016) and shallow convection is treated by S. Park and Bretherton

(2009). WACCM5-L110 includes a number of improvements to standard WACCM

configuration. X. Wang et al. (2018) reported that simulations by this model agree

well with reanalysis data and observations with regard to the wind and temperature

climatologies as well as stratospheric water vapor distribution. Further information

on WACCM5-L110 is summarized in Garcia and Richter (2019).

Our tracer implementation is identical to that presented in Wu et al. (2020).

Specifically, the pulse tracer is released at the boundary layer over the entire NH

with concentration being set to 1 mol/mol only during the first day. The passive

tracer has no specific sources and sinks. Its concentration is set to zero whenever

the tracer is in contact with the surface again after its release. The transport of

tracer is driven by both resolved and parameterized processes in the model. For each

summer, we implement 10 tracers and release them on different days, that is, on 3,

10, 17, 24, and 31 July and 3, 10, 17, 24, and 31 August, respectively, to explicitly

assess how the transport properties vary with synoptic variability of the monsoonal

system. We examine statistics from 90 tracers, that is, nine-year simulations. The

model is integrated from January 1981 to December 1994 with prescribed sea surface

temperatures and sea ice.

What processes account for the fast transport from the NH surface to the NA

UTLS? To evaluate this we turn to the tracer budget as follows:
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∂Tx
∂t

= TATx + V DTx + TCOND Tx + TCONS Tx, (3.1)

with Tx the pulse tracer, corresponding to the mass fraction of air that had last

contact with NH surface at any time in the past, TATx, V DTx, TCOND Tx, and

TCONS Tx the transport tendency due to the resolved dynamics, vertical diffusion,

deep convection, and shallow convection, respectively, which are calculated by the

model and saved at daily time step. Tracer budget analysis allows us to disentangle

different processes during the transport and assess the influence of each component

explicitly. The resolved dynamics term can be further decomposed into horizontal

and vertical advection components as follows:

TATx = − u

acosφ

∂Tx
∂λ
− v

a

∂Tx
∂φ︸ ︷︷ ︸

horizontal advection

−ω∂Tx
∂p︸ ︷︷ ︸

vertical advection

,
(3.2)

where u, v, ω denote the zonal velocity, meridional velocity, and vertical velocity in

pressure coordinates, respectively. p denotes the pressure value. a is the radius of the

earth. φ and λ are the latitude and longitude, respectively.

3.3 Results

To characterize transport timescales from the surface into the NA UTLS, we ana-

lyze the daily evolution of the 90 tracers averaged over the box defined by 10◦N-40◦N

and 140◦W-60◦W at 110 hPa (see Figure 3.1a). The tropopause height is typically

located above 150 hPa over the NASM region during July and August months (see

Figure A.8). Pressure level of 110 hPa is in the range of the UTLS, and analysis on

100 hPa yields similar results (not shown). The boxed region is the same as that

in Randel et al. (2015), where maxima in UTLS water vapor are observed. Sorting

the peak values of each BIR Green’s function, corresponding to the transport modal

times, allows us to categorize the “normal” ensemble where the modal age falls be-

tween the 10th and 90th percentile (23-55 days). The black curve is the average of the

normal ensembles, peaking on day 40 and decaying slowly. Accordingly, Figure 3.1c
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shows the composited modal age distribution for these normal ensembles at 110 hPa.

The fastest modal times occur above Central America, equatorial Pacific and Atlantic

Ocean, on a modal time scale of 14 days to 21 days, respectively. The transport time

scale gradually increases toward higher latitudes due to the quasi-horizontal eddy

transport by the North American anticyclone (Abalos et al., 2013), similar to the

results of ASM region as found in Wu et al. (2020).

a)
b)

c)

Figure 3.1. (a) Gray lines plot tracer mixing ratio evolution averaged
over 10◦N-40◦N and 140◦W-60◦W (black-boxed region on the right)
at 110 hPa. Blue lines indicate the fast transport ensembles with
modal ages below the 10th percentile, and the thick blue line is their
mean. The thick black line is the mean of normal tracer ensemble
whose modal age falls between the 10th and 90th percentile. (b) shows
the averaged modal ages of fast ensemble represented by blue lines
in (a). Similarly, (c) shows the averaged modal ages of normal tracer
ensemble. Gray and white contours highlight 14 and 21 days of modal
age, respectively.

The fast modal ages in Figure 3.1a exhibit a widespread distribution (see also

Figure A.9), and a variety of transport pathways is expected. Transit along some

paths takes more than 2 months (66 days), while along others it occurs within 3
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days. We elaborate on the fastest transport process below. Blue lines in Figure 3.1a

highlight the fast ensemble members whose model age falls below the 10th percentile,

with an ensemble mean with modal age of 17 days. Figure 3.1b shows the composited

modal age distribution for the fast ensembles at 110 hPa. The fastest transport

pathway shifts northward to 20◦N and occurs above the eastern Pacific and the Gulf

of Mexico, with a regional modal age of 14 days.

We now examine the day-to-day evolution of the fast ensembles compared to the

normal ensembles by evaluating the average BIR during different periods, that is,

over 1-2, 3-5, 6-8, and 9-14 days after the first day of release. Figure 3.2 displays the

ensemble mean tracer concentration differences between the fast and normal cases

at 110 hPa, at 25◦N, and in zonal mean between 140◦W-60◦W. During days 1-2,

very rapid and strong uplift of tracers into the NA UTLS region occurs preferentially

over the Gulf of Mexico and the eastern Pacific. During days 3-5, a substantial

increase is seen above the northwest Mexico. In addition to vertical transport by

deep plumes near 90◦W, 20◦N, horizontal advection can be seen in both zonal and

meridional directions. Tracers are transported westward and equatorward, especially

in the upper troposphere. During days 6-8, tracers are advected northeastward and

maximize above the subtropical eastern Pacific and the Gulf of California. During

days 9-14, tracers are separated from the tropics, and are confined above the southern

United States. However, for normal ensembles, there is nearly indistinguishable tracer

enhancement above the North American Southwest. The vast majority of tracers

arrives the UTLS in the Western Hemisphere near 10◦N, especially above the northern

Africa.

Tracer budget analyses are used to examine the contributions from individual pro-

cesses following Eq. 3.1 averaged over the boxed region 10◦N-40◦N and 140◦W-60◦W.

To obtain a general picture, we calculate and plot the vertical profiles of the relative

contribution of each term using the average of 90 BIR tracers during the first week

(see Figure A.10). In fact, calculations composited for the fast and normal ensem-

bles yield profiles with comparable amplitude peaks throughout the atmosphere (not
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Figure 3.2. Color shadings are tracer evolution differences between the
fast and the normal ensemble at 110 hPa (left column), the vertical-
longitudinal cross sections at 25◦N (middle column), and the vertical-
latitudinal cross-sections averaged between 140◦W and 60◦W (right
column) during days 1-2 (first row), days 3-5 (second row), days 6-8
(third row), and days 9-14 (fourth row). The units are mol/mol. Black
contours in the left column denote the averaged tracer concentrations
of the normal ensembles while denote the zero contour lines in the
middle and right columns.
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shown). The transport tendency in the mid-to-upper troposphere, especially from 400

hPa to 300 hPa, is largely attributed to the nearby deep convection, and partly by

the resolved dynamics. The shallow convection-driven and vertical diffusion-driven

transport processes are relatively weaker. Above 300 hPa, the contribution due to

deep convection decreases rapidly with altitudes where the resolved dynamics-driven

transport takes over, together with vertical diffusion to a lesser extent. The Costa

Rica Aura Validation Experiment campaign has observed a sharp drop in aerosol com-

position at 200 hPa, which is linked to the abrupt decrease of convective influence

(Froyd et al., 2009). Coherent behaviors are also seen in another artificial tracer study

based on e90 [Figure 11c in Abalos, Randel, Kinnison, and Garcia (2017)]. Overall,

both deep convection and resolved dynamics play principal roles in transport into

the NA UTLS region, consistent with the processes of its Asian counterpart (Wu

et al., 2020). More precisely, while the deep convection determines the gradient of

tracer concentrations at the bottom of the UTLS, the resolved large-scale circulation

governs the transport further upward.

The leading mechanisms responsible for the fast transport into the NA UTLS are

evaluated by contrasting to conditions of the normal ensembles. Because the differ-

ence in area-averaged convective transport (TCOND Tx) is most pronounced at 200

hPa during the first two days (not shown), we first show the horizontal distribution

of the composited 200 hPa TCOND Tx for the fast ensembles, normal ensembles,

and their differences, respectively, in the left column of Figure 3.3. For normal en-

sembles, the deep convection-driven transport tendency shows a localized maximum

between 0◦N-10◦N, consistent with the observed heaviest precipitation in tropical

Central America and the northern part of South America (Randel et al., 2015; Siu &

Bowman, 2019). In contrast to the climatological maxima of tracer transport in the

tropics, stronger positive tendency due to deep convection is found north of 15◦N in

the fast ensembles, clustering around the Gulf of Mexico, northwestern Mexico (i.e.,

Sierra Madre Occidental), and southern Mexico (i.e., southwest slope of Sierra Madre

del Sur). Meanwhile, there is anomalously weak transport tendency along the Great
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Figure 3.3. Left panels show deep convection-driven transport ten-
dency at 200 hPa for the fast ensembles (top row), the normal en-
sembles (middle row), and their difference (bottom row) in days 1-2.
Right panels show the composited convective mass flux from Zhang-
McFarlane (ZM) scheme (kg/m2/day) at 207 hPa for the fast ensem-
bles (top row), the normal ensembles (middle row), and their differ-
ence (bottom row) in days 1-2. The hatching denotes the region where
the differences are not statistically significant at the 95% confidence
level using the bootstrap method.
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Plains in the fast ensembles compared to the normal. The convection driven transport

tendency becomes weak and statistically insignificant from the third day (not shown).

In addition, we also examine the convective mass flux from Zhang-McFarlane (ZM)

scheme, which is the direct measure of convective transport, to confirm our findings.

Coherent patterns of convective mass flux around 200 hPa are evident on the right

column of Figure 3.3, that is, the large positive transport tendency is collocated with

stronger convection over the Gulf of Mexico and the eastern Pacific. Vertical cross

section of the composited convective mass flux averaged between 140◦W-60◦W (Fig-

ure A.11) shows intensified convection ranging from 20◦N to 30◦N whereas weaker

convection over the U.S. continent from 30◦N to 45◦N during the fast transport.

[mol/mol/day]

Figure 3.4. Resolved dynamics-driven transport tendency at 110 hPa
for the fast ensembles (first row), the normal ensembles (second row),
and their differences (third row) in days 1-2 (first column), days 3-
5 (second column), days 6-8 (third column), and days 9-11 (fourth
column). The vectors in the third row are horizontal wind differences
between the fast and the normal ensembles. The hatching is the same
as in Figure 3.3.

Evolution of the resolved dynamics-driven transport at 110 hPa is highlighted in

Figure 3.4, comparing the fast and normal ensembles. For days 1-2, strong transport
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tendency occurs above the Gulf of Mexico and the west coast of Mexico, collocated

with increased tracer concentration at 110 hPa in Figure 3.2. During days 3-5 west-

ward movement of the tracers increases tendencies over the subtropical Pacific Ocean,

linked to anomalously strong UTLS anticyclonic circulation. This behavior continues

over days 6-8, contributing to tracer increases along the eastern Pacific at 30◦N and

reaching the southwestern U.S. continent, which is in agreement with the northward

shift of the tracer concentration (Figure 3.2). Over days 9-11, widespread positive ten-

dency occurs above the southeastern U.S. continent and Mexico. In comparison, the

tracer tendency due to resolved circulation for the normal ensembles is much weaker

in the subtropics during the first two weeks (Figure 3.4, middle row). The bottom

panel of Figure 3.4 shows the TATx difference between the top and middle panels

and the superimposed vectors are the horizontal wind difference accordingly. The

differences highlight a persistent anomalous anticyclonic circulation over the south-

ern U.S. continent during the first two weeks, consistent with the horizontal tracer

transport over the U.S. This is an important component of the systematic fast trans-

port pathways ending over the continental U.S. We further decompose the resolved

dynamics term related to the fast transport into vertical and horizontal components

following Eq. 3.2 (see Figure A.12). During the first two weeks, persistent positive

transport tendency due to the vertical advection appears above the Gulf of Mexico

and the eastern Pacific, constantly uplifting the tracers to 110 hPa via these regions.

But this is largely compensated by negative contribution due to the horizontal ad-

vection, which transports the tracers towards the continental U.S. via the intensified

upper-level anticyclone.

To summarize the mechanism resulting in the fast transport, Figure 3.5 shows the

vertical structure of composite differences between the fast and normal ensembles for

temperature, meridional wind, and vertical motion averaged over the latitudinal band

of 10◦N to 40◦N. The latent heat released by the stronger than normal convection

in 20◦N-30◦N latitudes (i.e., the Gulf of Mexico and the eastern Pacific; Figure 3.3)

leads to an intensified upward transport extending into the UTLS region and a warm
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anomaly in the tropospheric column. In response to the stronger convective forcing,

the upper level anticyclonic circulation is strengthened above the southern U.S. The

strong ascent (descent) is coupled with increased northerly (southerly) in the UTLS

via Sverdrup balance; that is, βv ≈ f(∂ω/∂p), where f is the Coriolis parameter and

β is its meridional gradient (Gill, 1980; Garny & Randel, 2013; Wu & Shaw, 2016;

Siu & Bowman, 2019). The net effect is that tracers are efficiently advected upward

and then are confined and circulated by the intensified anticyclone associated with

stronger subtropical convection.

3.4 Conclusion

In this study, we employ the pulse passive tracer approach implemented in WACCM5-

L110 to study transport processes connecting the NH boundary layer to the NA UTLS

during summer months. Understanding transport paths and associated transit times

are important in interpreting and modeling the behavior of chemical species in the

UTLS. We focus on the fast pathway due to its potential for uplifting very short-lived

ozone depleting substances into the lower stratosphere. In addition, we explicitly

evaluate the budget of the pulse tracers to investigate the leading mechanism for the

fast transport.

We show that the majority of tracers enters the NA UTLS via Central America,

tropical Pacific and Atlantic Ocean on modal time scale of 40 days. However, efficient

transport pathways can be found in some tracer ensembles occurring over the Gulf

of Mexico and the eastern Pacific. These fast ensembles, defined as transport cases

whose model ages fall below the 10th percentile, are on modal time scale of 17 days.

For the fast transport into the NA UTLS, the origin is enhanced deep convection over

the Gulf of Mexico and the eastern Pacific, not locally over the U.S continent. Con-

vective transport occurs from the boundary layer to ∼200 hPa. Then strong vertical

advection further uplifts the tracers to the UTLS region where the intensified anticy-

clone takes over by circulating the tracers towards the southern U.S. continent. The
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Figure 3.5. The composited differences between the fast and the nor-
mal ensemble for temperature (K, shaded), meridional winds (in con-
tour with 1 m/s interval), and vertical velocities ω (hPa/day, in ar-
row). Variables are averaged between 10◦N and 40◦N during days
1-14. Regions where temperature differences are not significant at the
95% level using the bootstrap method are shaded white.
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large-scale circulation in the UTLS is amplified as a response to enhanced convection

forcing at lower levels via Sverdrup balance. Future work will explore the sensitivity

of these results to model’s representation of convection.

Case studies show that the northwestern Pacific tropical cyclones affect the chem-

ical composition in the vicinity of the Asian monsoon anticyclone (Vogel et al., 2014;

D. Li et al., 2017). However, we doubt that the fast transport pathway identified here

is related to tropical cyclones since no coherent warm cyclonic centers were found

during these cases (not shown). Overall, our results demonstrate the importance of

interaction between deep convection and resolved dynamics in rapid uplifting of the

tracer into the NA UTLS region and have important implications for understanding

the chemical constituents in NA UTLS.
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4. STRATOSPHERIC CONTRIBUTION TO THE
SUMMERTIME HIGH SURFACE OZONE EVENTS OVER

THE WESTERN UNITED STATES

The work contained in this chapter has been published in Environmental Research

Letters.

4.1 Introduction

Surface ozone (O3) adversely affects human health and the ecosystem because of

its high oxidation capability (U.S. Environmental Protection Agency, 2015). The risk

of O3 pollution on mortality is also significantly raised by high temperatures (Levy

& Patz, 2015). During summer, surface O3 level maximizes over the western U.S.

(Gaudel et al., 2018), mainly attributed to the combination of active photochemical

production and noncontrollable sources, such as intercontinental pollution transport,

lightning, and wildfire events (Fiore et al., 2002; Jaffe et al., 2018). Downward trans-

port of O3 during stratospheric intrusions is also considered to be a contributing factor

during summertime (Danielsen, 1980; Lefohn et al., 2011; Lefohn, Wernli, Shadwick,

Oltmans, & Shapiro, 2012; Zanis et al., 2014; Akritidis et al., 2016; Yang et al., 2016;

Škerlak, Pfahl, Sprenger, & Wernli, 2019). The transport is achieved irreversibly by

a tongue-like structure containing high stratospheric O3 extruding downward, fold-

ing into the tropospheric air and descending toward the surface (Danielsen, 1968;

Johnson & Viezee, 1981). When a stratospheric intrusion contributes high O3 to the

surface, in addition to that produced by anthropogenic pollution, it could easily push

the surface O3 values beyond the National Ambient Air Quality Standard threshold

70 ppbv (Langford et al., 2017; Škerlak et al., 2019). Observational and modeling

studies have shown that surface O3 extremes that are directly associated with down-

ward transport from the stratosphere preferentially occur in the western U.S. (Stohl
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et al., 2003; Lin et al., 2012, 2015; Škerlak, Sprenger, & Wernli, 2014). Consequently,

the joint effects of chemistry and episodic stratospheric transport make the western

U.S. a hot spot of O3 pollution in summer.

Due to the large dynamic variability of the tropopause, limited temporal and

spatial extent of measurements, and mixing with tropospheric air, the observations

of transport due to stratospheric intrusions are challenging (Stohl et al., 2003). In

addition, most of the previous studies focused on springtime stratospheric influence

because tropopause O3 abundances and downward air mass fluxes maximize during

that time (Langford, 1999; Prather, Zhu, Tang, Hsu, & Neu, 2011; Langford et

al., 2009, 2012; Lin et al., 2012, 2015; Langford et al., 2017; Albers et al., 2018).

The linkage between summertime stratospheric intrusion and high surface O3 events

over the western U.S. has received less attention (Lefohn et al., 2011, 2012). By

analyzing the output of a state-of-the-art chemistry climate model implemented with

an artificial stratospheric ozone tracer (O3S), we aim to 1. estimate the contribution

of O3 reaching the surface associated with summertime stratospheric intrusions, 2.

understand the space-time behavior of stratospheric intrusion events, and 3. clarify

the underlying dynamical mechanism.

4.2 Methods

4.2.1 CESM2(WACCM6) and O3S Diagnostic

We analyzed daily surface O3 and stratospheric O3 tracer (denoted by O3S) from

1995 to 2014 summer months (June-August, JJA) using the Whole Atmosphere Com-

munity Climate Model version 6 (WACCM6) of the Community Earth System Model

version 2 (CESM2). It is the high-top version of the Community Atmosphere Model

version 6 (CAM6), integrating the atmospheric physics and chemistry from the surface

to nearly 140 km. The WACCM6 uses the same atmospheric physics as CAM6. The

chemical mechanism includes comprehensive troposphere, stratosphere, mesosphere

and lower thermosphere chemistry, described by Emmons et al. (2020). The standard
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emissions are based on anthropogenic and biomass burning inventories specified for

the Coupled Model Intercomparison Project 6 (CMIP6). WACCM6 is coupled to

the interactive Community Land Model version 5 (CLM5), which handles dry depo-

sition. The simulations shown here are fully coupled ocean-atmosphere experiment,

and feature 0.95◦ × 1.25◦ (latitude×longitude) horizontal resolution and 70 layers,

with ∼ 1.2 km vertical resolution above the boundary layer to the lower stratosphere.

We consider WACCM6 is well suited for studying the transport during stratospheric

intrusion because that 1. the atmospheric chemistry and deposition scheme for O3

are well represented and tropospheric O3 simulations are improved in comparison to

observations (Emmons et al., 2020); 2. WACCM6 is able to effectively reproduce

the observed wind and temperature climatologies as well as stratospheric variability

(Gettelman et al., 2019); 3. the twenty-year simulation with daily output of O3 and

O3S provides us with large samples to study. Detailed model formulations, descrip-

tions, and evaluations can be found in Gettelman et al. (2019) and Emmons et al.

(2020).

To quantify the stratospheric contribution to high surface O3 events, we study an

artificial tracer, O3S, for O3 originating in the stratosphere, which is implemented

in a manner as described in Tilmes et al. (2016). O3S experiences the same loss

rate as O3 in the troposphere but is not affected by NOx photolysis as defined by

the Chemistry-Climate Model Initiative (CCMI). Earlier studies have shown that the

diagnostics of deep stratospheric intrusions are insensitive to the choice of tropopause

definition (Yang et al., 2016) or O3S tagging methods (Lin et al., 2012).

4.2.2 Maximum Covariance Analysis

Maximum Covariance Analysis (MCA), known as Singular Value Decomposition

(SVD) analysis, is a useful tool for detecting coherent patterns between two different

geophysical fields (Bretherton, Smith, & Wallace, 1992; Hurrell, 1995; Dai, 2013).

In this study, we isolate pairs of spatial patterns and corresponding time series by
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performing the eigenanalysis on the temporal covariance matrix between O3 anomalies

and O3S anomalies at the lowest model level (Bretherton, 2015). Daily anomalies of

O3 and O3S at the lowest model level are derived with respect to the twenty-year

(1995-2014) mean of that day. The considered domain in this study is 20◦-50◦N,

70◦-140◦W.

4.3 Results

4.3.1 Evaluation of CESM2(WACCM6)

Here we first evaluate the WACCM6 simulations against observations from the

Tropospheric Ozone Assessment Report (TOAR, Schultz et al., 2017). Figure 4.1a is

the 1995-2014 mean of “all mean” variables from the TOAR 5◦×5◦ (latitude×longitude)

monthly median products. High O3 values (∼ 45 nmol/mol) are seen over the western

U.S. in TOAR measurements. For WACCM6, we have gridded the simulations onto

the horizontal grid of TOAR data and calculated median O3 concentrations using the

same metrics to guarantee an apple-to-apple comparison (see Figure 4.1b). Generally

a good agreement is found between the model and observations over the Central U.S.

and most of the West Region, with percentage differences within 15% (see Figure

A.13). However, WACCM6 overestimates the surface median O3 over the southeast

U.S. by 55% (∼ 15 nmol/mol), which is consistent with the evaluation in Emmons et

al. (2020). The biased O3 over the eastern U.S. is a long existing problem that can

have various reasons starting with still insufficient complexity of the chemistry, but

also the model resolution, deposition scheme, etc. (Schwantes et al., 2020).

Figure 4.1c, d show the 1995-2014 mean of daily O3 and O3S simulations in

0.95◦ × 1.25◦ (latitude×longitude) resolution at the lowest model level, respectively.

Figure 4.1c is similar to Figure 4.1b and shows that high O3 are concentrated over

the western U.S. As shown in 4.1d, strong stratospheric impact, ranging from 6-10

nmol/mol, is found over the Canada-U.S. border and the Western States, including

southern British Columbia, Washington, Oregon, Idaho, Montana, Wyoming, Cali-
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Figure 4.1. Twenty-year (1995-2014) mean of summertime surface
O3 median values (a) observed from the TOAR and (b) simulated
in WACCM6 at the lowest model level with 5◦ latitude ×5◦ longi-
tude resolution. (c) and (d) show the mean of daily average O3 and
O3S simulations at the lowest model level in the same time period,
respectively. Note the ranges of color bars are different. (e) R2 in
color shows the near-surface O3 variance explained by surface O3S
when surface O3 > 95th percentile at each grid cell during 1995-2014
summer.
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fornia, Nevada, Utah, Arizona, and Colorado. Our model simulation is in agreement

with previous observational studies which reported that deep stratospheric intrusions

preferentially occur in the West and the Intermountain West (Brioude et al., 2007;

Bourqui & Trépanier, 2010; Ambrose, Reidmiller, & Jaffe, 2011; Lefohn et al., 2011,

2012; Lin et al., 2012; Langford et al., 2012, 2015, 2017; Clark & Chiao, 2019). A min-

imum stratospheric impact occurs in the Southeast, in good agreement with results

in Lin et al. (2012). These features are also consistent with simulations by the Geo-

physical Fluid Dynamics Laboratory global chemistry-climate model (Clifton, Fiore,

Correa, Horowitz, & Naik, 2014). Additionally, the simulated stratospheric impact in

late spring (Figure A.14) agrees well with that shown in Figure 11c and d from Lin

et al. (2012).

We now estimate the importance of O3S on surface O3. We calculate the percent-

age of variance (r2) of surface O3 explained by surface O3S when surface O3 exceeds

the 95th percentile (p95, hereinafter) value at each grid point during 1995-2014 sum-

mer months using daily average O3 and O3S (see Figure 4.1c,d). The linear trend

has been removed before the calculation. As suggested in Figure 4.1e, high peaks are

located over Wyoming, southern Texas, and the Four Corners area (Colorado, Utah,

Arizona, and New Mexico). We see in Arizona, for example, O3S can explain as

high as 54% of surface O3 variance during days in which surface O3 exceeds p95. We

compare our results with those from prior observational studies. Lefohn et al. (2012)

studied stratospheric intrusion events associated with daily maximum hourly O3 in

exceedance of 50 nmol/mol at both rural and urban monitoring sites of the U.S.

Statistically significant relations are found over the southern Texas, Arizona, Col-

orado, Utah, Nevada, California, and Wyoming in summer months during 2006-2008.

Overall, our model simulations support observational findings that stratospheric in-

trusions coincident with O3 preferentially take place in the West and Intermountain

West during summertime. We also quantify the stratospheric impact when surface O3

exceeds p95 at each grid cell and find that in regional average over the western U.S.

(30◦N-50◦N, 100◦W-125◦W), the stratospheric contribution is 18.4% (not shown).
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4.3.2 MCA Results and Interpretation

We employ MCA to investigate how surface O3 is related to O3S reaching the

surface on daily basis. The first two leading modes are summarized in Figure 4.2.

Together, these two modes explain 60% of the covariance pattern over the domain

of interest. The first mode shows large positive covariances over the eastern Pacific,

western and northern tier of the U.S. (Figure 4.2a). The second mode shows dipole

structure with O3 and O3S surplus over the western U.S. and deficit over the east

(Figure 4.2b). Surface level O3S anomalies are found to lag the 200-500 hPa O3S

anomalies by two days (not shown), suggesting the downward influence. No significant

lead-lag relationships are found either between the expansion coefficient time series

(loadings) of O3 and O3S at the surface or between the first two SVD modes.
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O3 Surface Anom O3S Surface Anoma) O3S Surface AnomO3 Surface Anom b)

Figure 4.2. Spatial and temporal patterns of the two leading modes
from MCA with a) Mode 1 on the left and b) Mode 2 on the right. Up-
per panels show the covariance patterns between surface O3 anomalies
and surface O3S anomalies on daily bases in JJA over 1995-2014. Red
(blue) color shadings represent positive (negative) values. The num-
ber shown in the top center is the portion of the covariance explained
by each mode. Below are the standardized anomalies of the load-
ings with red lines representing the principal component coefficients
of surface O3 anomalies in summer from 1995 to 2014 and blue for
surface O3S anomalies. Black circles indicate the occurrences of the
high surface O3 events as defined in the text.

We identify ∼ 20 days per month (1404 days in twenty years for the first two lead-

ing modes) when both expansion coefficient time series are greater than 0, indicating

that surface O3 concentration increase is coincident with O3S reaching the surface.

Lefohn et al. (2011, 2012) investigated the frequency of surface O3 enhancements that

are associated with stratosphere-to-troposphere transport down to the surface across

the U.S. and reported that the average number of days per month ranges from 16

days to 23 days at monitoring sites in the West and Intermountain West in summer
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months. Our results of intrusion frequency are in remarkable agreement with their

results.

Figure 4.3. (a) Composited O3S structure of high surface O3 events for
Mode 1. For illustrative purpose, scatter plot includes only the grid
points with O3S > 18 nmol/mol. (b) A map of 860 hPa geopotential
height anomalies (in color, unit is m) and surface wind anomalies
(in vectors, m/s) composited to the defined high surface O3 events for
Mode 1. The hatching denotes that the geopotential height anomalies
are not statistically significant at the 95% confidence level using the
Student’s t test. (c) (d) are similar to (a) (b) but for Mode 2. For
illustrative purpose, scatter plot (c) includes only the grid points with
O3S > 24 nmol/mol.

Next, we define high surface O3 events caused by stratospheric intrusions when

both loadings exceed 1.5 standard deviations, as marked by black circles in Figure

4.2. Each event lasts for a few days. Based on this definition, composite analy-

ses according to high surface O3 events are carried out using O3S daily data. The

composited patterns are not sensitive to the thresholds we chose for the analyses.
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Schematics in Figure 4.3 show the large amplitude composited O3S structures and

near-surface circulations corresponding to both modes. We use neon yellow color to

highlight the area with O3S larger than 120 nmol/mol, which can be treated approx-

imately as the tropopause (Yang et al., 2016). During Mode 1, depressed tropopause

height followed by enhanced O3S can be found around 50◦N, 120◦W (Figure 4.3a).

Since stratospheric air contains higher values of potential vorticity (PV) and O3, the

intrusion of the tropopause tends to replace the tropospheric air by ozone-rich strato-

spheric air with large PV (Danielsen, 1968; Mote, Holton, & Wallace, 1991; Wimmers

et al., 2003). Transport of O3S to low levels is tied to stratospheric intrusions and

strong subsidence in the troposphere. Figure 4.4d shows a map of composited means

of 500 hPa vertical velocity (ω) anomalies on the day of the events corresponding to

Mode 1. The intrusion is associated with intensified subsidence on the U.S.-Canada

border. Coherently, enhanced O3S on the northern tier can be seen throughout the

troposphere, while the maximum over the Pacific appears below 700 hPa (Figure

4.3a). We conduct composited analyses on anomalies of 860 hPa geopotential height

as well as surface winds according to events of Mode 1. A quadrupole pattern of

low-level geopotential height anomalies is seen over the North American continent.

In contrast to the positive correlation between the upper-level cyclonic vorticity and

O3S (Figure A.15a), low-level geopotential height and O3S reaching the surface are

strongly anti-correlated (Figure 4.3b). Dry air (Figure A.15b) with high PV value

(Figure A.15a) descends on the northern tier of the U.S. as a result of stratosphere-

to-troposphere transport by intensified subsidence. Warm and moist tropospheric air

is seen (Figure A.15b-c) downstream (east) of the surface low. In addition to the

anomalous descent, we also see a strengthening of northeasterly along the west coast

near the surface (Figure 4.3b). This intensified easterly associated with stronger an-

ticyclone facilitates the horizontal transport towards the subtropical Pacific in the

mid-to-lower troposphere (Figure 4.3a).

During Mode 2 (Figure 4.3c), the intrusion occurs around 40◦N, 115◦W. Surface

O3S maximum is concentrated over the Intermountain West, such as Colorado, Ari-
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zona, Utah, Nevada. Different from Mode 1, a dipole pattern of the low-level geopo-

tential height anomalies is seen over the continental U.S. Large values of negative

geopotential height anomalies are observed above the intermountain regions (Figure

4.3d) aligned with cold dry air and positive PV anomalies (Figure A.16a-c) subsiding

west of the surface low pressure while rising warm and moist air occur on the east

(Figure 4.4h and Figure A.16b-c).

During both modes, the O3S reaching the surface can be 10-18 nmol/mol (see

surface contours of Figure 4.3a and Figure 4.3c, respectively). In regional average

over the western U.S. (30◦N-50◦N, 100◦W-125◦W, the stratospheric contribution is

11 nmol/mol. The amplitude agrees well with the observational record from the

California Baseline Ozone Transport Study (CABOTS), in which they found that

stratospheric contribution is 10-20 nmol/mol to the surface over Northern California

during an intrusion case in August 2016 (Clark & Chiao, 2019). We also see ∼ 10

days per summer season when high surface O3 events associated with the first two

SVD modes occur, with variation across years.

4.3.3 Dynamical Mechanism

Next we examine the dynamical mechanism underlying the stratospheric intrusion

events associated with Mode 1 and Mode 2. Figure 4.4 shows the time evolution of

500 hPa vertical velocity (ω) anomalies and 200 hPa zonal winds for the composites

based on high O3 and O3S events in Mode 1 (Figure 4.4a-d) and Mode 2 (Figure 4.4e-

h), respectively. The positions of the upper-level jet axis are marked by dashed lines.

The downstream development (Chang, 1993), characterized by eastward propagation

of the wave systems, can be seen in both modes.

More specifically, for Mode 1, the large descending anomaly is centered at 50◦N,

160◦W on day -6 (Figure 4.4a). After two days, it shifts eastward following the

continuous jet (Figure 4.4b). On day -2, the descending center manifests near the

west coast (Figure 4.4c), consistent with the result that relationship of 500 hPa O3S
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with the principal component of Mode 1 is maximized about two days ahead of surface

O3S peaks (not shown). During day -2 to day 0, the subsidence stays close to the

U.S.-Canada border, embedded within the jet stream (Figure 4.4d). On day 0, the

strong descent on the northern tier of the U.S. continuously facilitates the downward

transport of O3S toward the surface (Figure 4.3a).

Regarding Mode 2, large disturbance center can be seen on day -6 near the east-

ern Pacific (Figure 4.4e). From day -4 to day -2, the descending center continues

to grow near 135◦W (Figure 4.4f-g). The downstream side strengthens remarkably

near 125◦W where the jet breaks. On day -2, strong anomalous subsidence reaches

the western U.S. whereas ascending anomalies are triggered on the east. It is the en-

hanced subsidence that induces the stratospheric intrusion and downward transport

of stratospheric O3 (Figure 4.4h and Figure 4.3c).

During boreal summer, the dominant upper-level circulation consists of westerly

jet north of 40◦N, together with frequent eastward traveling baroclinic waves (White,

1982). The baroclinic waves commonly exhibit life cycles of baroclinic growth and

barotropic decay along the storm track regions (Simmons & Hoskins, 1978; Black-

mon, Lee, & Wallace, 1984). Observational and modeling studies have revealed that

the baroclinic disturbances leave imprint on atmospheric composition. Aircraft ex-

periments provided evidence that high amounts of stratospheric radioactive debris

and ozone were drawn into the troposphere by midlatitude storms (Danielsen, 1968).

M. R. Schoeberl and Krueger (1983) and Mote et al. (1991) identified the coherent

fluctuations in total O3 and medium scale waves along the wintertime oceanic storm

track regions using satellite data. Stone, Randel, Stanford, Read, and Waters (1996)

found baroclinic wave features using upper tropospheric water vapor measurement.

General circulation model was capable of representing stratosphere-troposphere ex-

change associated with baroclinic waves in midlatitudes (Mote, Holton, & Boville,

1994). In our study, baroclinic wave system and its resulting circulation is also found

important for the occurrence of deep stratospheric intrusions over the western U.S.

in summertime (Sprenger & Wernli, 2003).
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(Pa/s)

Mode 1 Mode 2

Figure 4.4. Snapshots of composited mean of 500 hPa ω anomalies
(in colors, Pa/s) and 200 hPa zonal winds (in contours, m/s) when
large events occur for Mode 1 (left) and for Mode 2 (right) during (a,
e) day -6, (b, f) day -4, (c, g) day -2, (d, h) day 0. Red (blue) colors
indicate regions with anomalous descent (ascent). Contour interval
is 3 m/s. Stippling indicates that the ω anomalies are statistically
significant at the 95% confidence level using the Student’s t test. The
navy dashed line marks the location of 200 hPa jet axis.
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In both modes, we see that the wave trains originate over the baroclinically unsta-

ble central Pacific, grow by baroclinic conversion, radiate energy downstream through

ageostrophic geopotential fluxes, and dissipate over the jet exit near the western U.S.,

as discussed in previous studies (Chang & Orlanski, 1993; Chang, 1993). The upper-

level jet stream acts as a wave guide, constraining the baroclinic system tightly along

its core. From day -2 to day 0 in both modes, the intensified descents at 500 hPa,

which corresponded to the downward transport of O3S, are evident near the western

U.S. (115◦-120◦W). These two modes mainly differ by the location of the jet core. For

Mode 1, the jet is almost continuous across the North Pacific and the averaged jet

axis is located at 46◦N. The passage of the wave trains takes about 8 days, starting

from central North Pacific (40◦N, 170◦W, see Figure 4.5a), propagating eastward to

the U.S.-Canada border (45◦N, 120◦W). For Mode 2, the polar jet and the subtropi-

cal jet are well separated. The successive baroclinic waves develop rapidly, beginning

with a large descending anomaly at the jet exit (40◦N, 140◦E) from day -6, ending

with a trough on the west-and-a-ridge on the east over the continental U.S. (Figure

4.3d).

Finally, Hovmöller diagrams are constructed to summarize the eastward propa-

gating baroclinic systems that occur prior to high surface O3 and O3S events. The

longitude-time plots of 500 hPa ω anomalies along the latitudinal band of the jet

axis are depicted for both modes (Figure 4.5). More specifically, Figure 4.5a is the ω

anomalies along the jet axis as marked in Figure 4.4a-d while Figure 4.5b is plotted

along 38◦N for simplicity. We can see a sequence of downstream developing wave

train originating from the North Pacific and propagating along the upper-level jet.

Eastward propagation of Mode 2 is less clear than that of Mode 1. The descending

anomalies begin to amplify near the jet exit two days before the deep intrusions over

the western U.S. Similar conclusions are also found using upper-level meridional ve-

locity (not shown). The results are consistent with evolving of baroclinic waves, and

are in good agreement with the wave train signature diagnosed in Lim and Wallace

(1991) and Chang (1993), in terms of their structure, magnitude, and traveling speed.
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a) Mode 1 b)  Mode 2

Pa/s

Figure 4.5. Days versus longitude diagrams of ω anomalies (Pa/s) at
500 hPa (a) along the band of 200 hPa jet axis for Mode 1 and (b)
along 38◦N for Mode 2, respectively.
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To sum up, the large O3 events caused by deep intrusions are associated with east-

ward propagating baroclinic systems tied closely to the North Pacific storm tracks,

with enhanced wave amplitudes and descents over the jet exit region near the western

U.S.

4.4 Conclusions and Discussions

Our study has examined high surface O3 events associated with downward trans-

port from the stratosphere over the U.S. during summertime, when high tempera-

ture could further increase the impact of O3 pollution on mortality. By analyzing a

twenty-year (1995-2014) simulation by CESM2(WACCM6), we have found that the

stratospheric O3 can explain as high as 54% of surface O3 variability when surface O3

exceeds 95th percentile, and the regional averaged stratospheric contribution is ∼ 18%

over the western U.S. We have further analyzed the circumstances when stratospheric

intrusions of ozone covary with surface O3 anomalies over the region of 20◦-50◦N and

70◦-140◦W on daily basis using MCA. The first two leading modes explain 60% of the

total covariance pattern. In Mode 1, deep stratospheric intrusions occur preferentially

over the northwestern U.S. The associated intensified northeasterly wind anomalies

over the west coast further brings continental O3S towards the Pacific Ocean. In

Mode 2, deep stratospheric intrusions occur over the Intermountain West. The com-

posited O3S values reaching the surface associated with these two SVD modes range

from 10-18 nmol/mol. In regional average over the western U.S., the stratospheric

contribution is 11 nmol/mol. Both modes are results of eastward propagating wave

trains, originating from the central North Pacific and amplifying near the jet exit,

with enhanced subsidence over the western U.S.

We have also repeated our MCA analysis to demonstrate the robustness of the

dynamical mechanism across seasons. The first leading mode and corresponding

anomalous ω evolution prior to instrusion events for winter, spring, and fall seasons are

summarized in Figure A.17-A.19. The first leading modes during each of the seasons
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explain ∼ 40% of covariance between O3 and O3S. Similarly, we find that the strongest

disturbance extends from the central North Pacific to the west coast of the U.S.

during day -6 to day -4. During day -2 to day 0, the descents strengthen remarkably

over the west coast while new ascending centers develop on the downstream side.

The downward O3 transport is typically regulated by upper-level jet streams across

seasons, consistent with previous studies (Langford, 1999; Lin et al., 2015; Albers et

al., 2018).

Overall, our study has demonstrated that summertime stratospheric intrusions,

though infrequent, can contribute crucially to surface O3 extremes over the Western

U.S. These stratospheric intrusion events are caused by strong subsidence in the re-

gion, which is a result of eastward propagating baroclinic waves originating from the

central North Pacific Ocean. However, a few caveats have to be noted. WACCM6

overestimates tropospheric O3 and thus the exact contribution of stratospheric in-

trusion to surface should be treated with caution. Additionally, our diagnostic is

based on one single climate model because of the use of daily O3S output. It’s worth

performing similar analyses in other chemistry climate models to assess the robust-

ness of the conclusions. Future work will also be devoted to 1. studying simulations

with high spatiotemporal resolution at certain hot spot areas so that our results can

directly benefit air pollution management, and 2. understanding the origination of

upstream baroclinic disturbance so that we can improve the predictability of such O3

extremes associated with summertime stratospheric intrusions.
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5. CONCLUSIONS AND FUTURE DIRECTIONS

5.1 Conclusions

As introduced in Chapter 1, the UTLS is dynamically active and its chemical

composition plays a crucial in the climate system. The focus of this thesis has been

on understanding the bidirectional transport processes in the UTLS associated with

monsoonal circulations.

In Chapter 2, we examined the representation of SWV associated with the Asian

summer monsoon in different configurations of WACCM models. We found that

the majority of the WACCM produced the SWV maximum over the central Pacific

Ocean, instead of over the Asian continent as observed. The high vertical resolution

version of WACCM with refined GWD parameterization, though displaying a dry

bias on the poleward side, corrects the deficiency with SWV confined within the

AMA and maximized over the continent. Our results indicated that the temperature

over the central Pacific Ocean is a significant factor in the representation of the

Asian monsoon characters in the UTLS. We found that the WACCM with increased

vertical resolution and refined GWD is capable of alleviating the cold bias above and

the warm bias below 100 hPa over the central Pacific Ocean, and therefore simulates

a steepened PV gradient over the central Pacific Ocean that better closes the upper-

level anticyclone and confines the SWV within the enhanced transport barrier.

In Chapter 3, we investigated efficient pathways connecting surface air to the

North American UTLS. Our pulse tracer diagnostic showed that the fast transport

into the NA UTLS region can occur in a small fraction of cases with modal age less

than 20 days. For these fast cases, the origin is enhanced deep convection over the

eastern Pacific and the Gulf of Mexico, rather than locally over the contiguous United

States. Deep convection controls transport from the boundary layer to 200 hPa,

and then enhanced large-scale circulation, as a balanced response to the enhanced
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convection, dominates transport upwards into the UTLS region and anticyclonically

towards southern United States.

Finally, in Chapter 4, we examined the downward transport of stratospheric O3

induced by stratospheric intrusions in summer months by analyzing a twenty-year

simulation by CESM2(WACCM6). We found that the stratospheric contribution is

∼ 18% during days in which surface O3 exceeds 95th percentile over the western U.S.

We further analyzed the circumstances when stratospheric intrusions of ozone covary

with surface O3 anomalies on daily basis using maximum covariance analysis. The

first two leading modes explain 60% of the total covariance pattern. In Mode 1, deep

stratospheric intrusions occur preferentially over the northwestern U.S. The associated

intensified northeasterly wind anomalies over the west coast further brings continental

O3S towards the Pacific Ocean. The composited O3S reaching the surface associated

ranges from 10-18 nmol/mol. In Mode 2, deep stratospheric intrusions occur over the

Intermountain West. The composited stratospheric contribution is ∼ 11% nmol/mol.

Both modes are results of eastward propagating wave trains, originating from the

central North Pacific and amplifying near the jet exit, with enhanced subsidence over

the western U.S.

5.2 Future Directions

There are still large knowledge gaps regarding the dynamical and chemical cou-

plings between the UTLS and the summer monsoons:

1. Apart from the persistent anticyclone associated with chemical maxima on cli-

matological scale, the Asian monsoon anticyclone exhibits west-east oscillation

associated with eddy shedding on synoptic scale. Coherently, the tropospheric

pollutants within the upper-level anticyclone are shed out during the west-east

migrations. The shedding is primarily responsible for trace gas distribution and

variability in the UTLS. Previous studies classify the zonal variation of anti-

cyclone center into Tibetan Mode and Iranian Mode (Q. Zhang, Wu, & Qian,
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2002), which are related to the strength and location of monsoon convection

(Garny & Randel, 2013; Nützel, Dameris, & Garny, 2016). Recently, Honomichl

and Pan (2019) have revealed the third preferred anticyclonic center over the

western Pacific near 135◦E near both 150 hPa and 100 hPa. Examining the

western Pacific UTLS outflow is an important objective proposed in the Asian

Summer Monsoon Chemical and Climate Impact Project (ACCLIP) campaign

that will take place in summer 2021. However, the dynamical drivers of the

AMA movement, especially eastward shedding over the western Pacific, remain

unclear. Understanding the mechanisms will enable us to improve model repre-

sentation of eddy shedding events in order to advance the day-to-day chemical

forecast of the UTLS composition and facilitate field campaign planning.

2. While water vapor maxima are observed above both Asia and NA during sum-

mer, distinct HDO/H2O ratio (i.e., δD) patterns in the UTLS are found over

the two regions in the Atmospheric Chemistry Experiment Fourier transform

spectrometer (ACE-FTS, Randel et al., 2012). The water isotopes are regulated

by phase changes. Heavier isotopologue HDO tends to be removed from vapor

phase. Therefore, different isotopic compositions are possibly due to differing

background thermodynamic structure. Studies on isotopic effects of monsoon

systems in the UTLS are limited by the difficulty in estimating the effect of

physical processes and also by model biases in temperature and precipitation

(Lee, Fung, DePaolo, & Henning, 2007; Lee, Pierrehumbert, Swann, & Lint-

ner, 2009; Galewsky et al., 2016). Incorporating the cycling of water isotopes

into the GCMs is important in interpreting convective influence on water vapor

isotope.

3. Monsoon circulations are expected to change in an evolving climate. The

troposphere-to-stratosphere transport associated with the Asian and the NA

monsoons is also likely to change as greenhouse gases increase. Analyzing the

changes in transport pathways and involved dynamics under a warming climate
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has great implications for predicting the chemical composition and climate in

the stratosphere. However, only a few works have studied future transport

changes in the UTLS (Abalos et al., 2017, and references therein). Addition-

ally, discrepancies exist among the results, which are challenging to interpret

since different chemical constituents and models are analyzed.
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(2017). Modification of the gravity wave parameterization in the Whole Atmosphere
Community Climate Model: Motivation and results. Journal of the Atmospheric
Sciences , 74 (1), 275–291.

Garny, H., Dameris, M., Randel, W., Bodeker, G. E., & Deckert, R. (2011). Dy-
namically forced increase of tropical upwelling in the lower stratosphere. Journal of
the Atmospheric Sciences , 68 (6), 1214–1233.

Garny, H., & Randel, W. (2013). Dynamic variability of the Asian monsoon an-
ticyclone observed in potential vorticity and correlations with tracer distributions.
Journal of Geophysical Research: Atmospheres , 118 (24), 13–421.

Garny, H., & Randel, W. J. (2016). Transport pathways from the Asian monsoon
anticyclone to the stratosphere. Atmospheric Chemistry and Physics , 16 (4), 2703–
2718.



79

Gaudel, A., Cooper, R., Ancellet, G., Barret, B., Boynard, A., Burrows, J., . . .
others (2018). Tropospheric Ozone Assessment Report: Present-day distribution and
trends of tropospheric ozone relevant to climate and global atmospheric chemistry
model evaluation. Elementa: Science of the Anthropocene, 6 (1), art–39.

Gettelman, A., Hegglin, M. I., Son, S.-W., Kim, J., Fujiwara, M., Birner, T., . . .
others (2010). Multimodel assessment of the upper troposphere and lower strato-
sphere: Tropics and global trends. Journal of Geophysical Research: Atmospheres ,
115 (D3).

Gettelman, A., Kinnison, D. E., Dunkerton, T. J., & Brasseur, G. P. (2004). Impact
of monsoon circulations on the upper troposphere and lower stratosphere. Journal
of Geophysical Research: Atmospheres , 109 (D22).

Gettelman, A., Mills, M., Kinnison, D., Garcia, R., Smith, A., Marsh, D., . . . others
(2019). The Whole Atmosphere Community Climate Model Version 6 (WACCM6).
Journal of Geophysical Research: Atmospheres , 124 (23), 12380–12403.

Gettelman, A., et al. (2002). A climatology of the tropical tropopause layer. Journal
of the Meteorological Society of Japan. Ser. II , 80 (4B), 911–924.

Gill, A. E. (1980). Some simple solutions for heat-induced tropical circulation.
Quarterly Journal of the Royal Meteorological Society , 106 (449), 447–462.

Hardiman, S. C., Boutle, I. A., Bushell, A. C., Butchart, N., Cullen, M. J., Field,
P. R., . . . others (2015). Processes controlling tropical tropopause temperature and
stratospheric water vapor in climate models. Journal of Climate, 28 (16), 6516–6535.

Haynes, P., McIntyre, M., Shepherd, T., Marks, C., & Shine, K. P. (1991). On the
“downward control” of extratropical diabatic circulations by eddy-induced mean
zonal forces. Journal of the Atmospheric Sciences , 48 (4), 651–678.

Hegglin, M. I., & Shepherd, T. G. (2009). Large climate-induced changes in ultra-
violet index and stratosphere-to-troposphere ozone flux. Nature Geoscience, 2 (10),
687–691.

Higgins, R., Yao, Y., & Wang, X. (1997). Influence of the North American monsoon
system on the US summer precipitation regime. Journal of Climate, 10 (10), 2600–
2622.

Highwood, E., & Hoskins, B. (1998). The tropical tropopause. Quarterly Journal
of the Royal Meteorological Society , 124 (549), 1579–1604.

Holton, J. R., Haynes, P. H., McIntyre, M. E., Douglass, A. R., Rood, R. B.,
& Pfister, L. (1995). Stratosphere-troposphere exchange. Reviews of geophysics ,
33 (4), 403–439.

Honomichl, S. B., & Pan, L. L. (2019). Transport from the Asian Summer Mon-
soon Anticyclone over the Western Pacific. Journal of Geophysical Research: Atmo-
spheres , e2019JD032094.

Hoskins, B. J., & Rodwell, M. J. (1995). A model of the Asian summer monsoon.
Part I: The global scale. Journal of the Atmospheric Sciences , 52 (9), 1329–1340.



80

Hossaini, R., Chipperfield, M., Montzka, S., Rap, A., Dhomse, S., & Feng, W.
(2015). Efficiency of short-lived halogens at influencing climate through depletion
of stratospheric ozone. Nature Geoscience, 8 (3), 186–190.

Hsu, C. J., & Plumb, R. A. (2000). Nonaxisymmetric thermally driven circulations
and upper-tropospheric monsoon dynamics. Journal of the atmospheric sciences ,
57 (9), 1255–1276.

Hurrell, J. W. (1995). Decadal trends in the North Atlantic Oscillation: regional
temperatures and precipitation. Science, 269 (5224), 676–679.

Hurrell, J. W., Holland, M. M., Gent, P. R., Ghan, S., Kay, J. E., Kushner, P. J., . . .
others (2013). The community earth system model: a framework for collaborative
research. Bulletin of the American Meteorological Society , 94 (9), 1339–1360.

Inness, P. M., Slingo, J. M., Woolnough, S. J., Neale, R. B., & Pope, V. (2001).
Organization of tropical convection in a GCM with varying vertical resolution; im-
plications for the simulation of the Madden-Julian Oscillation. Climate Dynamics ,
17 (10), 777–793.

Jackson, D., Driscoll, S., Highwood, E., Harries, J., & Russell, J. (1998). Troposphere
to stratosphere transport at low latitudes as studies using HALOE observations of
water vapour 1992–1997. Quarterly Journal of the Royal Meteorological Society ,
124 (545), 169–192.
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Škerlak, B. (2014). Climatology and process studies of tropopause folds, cross-
tropopause exchange, and transport into the boundary layer (Unpublished doctoral
dissertation). ETH Zurich.
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A. SUPPLEMENTARY ILLUSTRATIVE MATERIAL

First seven figures are for the second chapter. The following five figures are for the

third chapter. The last seven figures are for the fourth chapter.

Figure A.1. Equatorial averaging kernel from MLS v4.2 for pressure level 100 hPa.
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Figure A.2. The summertime horizontal structures of stratospheric
water vapor (ppmv, in shadings) and winds (m/s, in vectors) at
100hPa in L110 (on the left) and WACCM CCMI version (on the
right). (a) and (b) show the AMIP-style runs. (c) and (d) show the
coupled runs. The time period averaged is 1979-2014. Number on
the right corner in each plot suggests the total model vertical layers.
The results are relatively insensitive to the time period chosen (not
shown).
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Figure A.3. The summertime horizontal structures of stratospheric
water vapor (ppmv, in shadings) and winds (m/s, in vectors) in
the different configurations of WACCM4 at 100hPa averaged over
(a) 1950-2006 that is available from CESM1(WACCM4) in CMIP5
archive, (b) 1950-2008 that is available from SC-WACCM4, (c) 2005-
2010 that is available from SD-WACCM4. Number on the right corner
in each plot suggests the total model vertical layers.
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Figure A.4. Differences in outgoing longwave radiation (in shadings)
and 445 hPa ascent pressure velocity with −5 × 10−3 Pa/s interval
between L70 versus L110.
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Figure A.5. Latitudinal cross section of heating rate difference
(K/day, color shading), averaged between 170◦E and 150◦W, between
L70 and L110. The hatching in the right indicates where the regres-
sion coefficient is not statistically significant at the 95% confidence
level using the Student t-test.
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Figure A.6. Difference in w̄∗ between L70 and L110 above 110 hPa
(color shading). Black contours represent the climatology in L110
with solid contours for positive values, thick solid for zero and dashed
for negative values with interval 2.5× 10−4 m/s. The hatching is the
same as in Fig. A.5.
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Figure A.7. The regression coefficient between the stratospheric wa-
ter vapor averaged in the black box (20◦-40◦N and 40◦-140◦E) and
temperature field at 100 hPa during 1979 to 2014 in (a) L70 and (b)
L110. The hatching is the same as in Fig. A.5.
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Figure A.8. The climatological tropopause pressure in July and Au-
gust (contour interval of 10 hPa). The tropopause level is calculated
as the lowest pressure level at which the temperature lapse rate de-
creases to 2 K/km for each day.



100

Figure A.9. Modal age distribution of 90 BIR tracer ensembles aver-
aged over 10◦N-40◦N and 140◦W-60◦W at 110 hPa.
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Figure A.10. Vertical profiles of the relative contribution due to re-
solved dynamics (cross-line), due to deep convection (square-line),
due to vertical diffusion (diamond-line), and due to shallow convec-
tion (star-line) after averaging over the box area during the first week.
The four terms are plotted as a function of pressure from 400 hPa to
80 hPa.
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Figure A.11. Vertical-latitudinal cross-sections of the convective mass
flux from Zhang-McFarlane (ZM) scheme averaged between 140◦W-
60◦W for the fast ensembles (top row), the normal ensembles (middle
row), and their difference (bottom row) in days 1-2. Black contours
in the bottom panel are the zero contour lines. The hatching denotes
the region where the differences are not statistically significant at the
95% confidence level using the bootstrap method.
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(c) (d)(b)(a)

Figure A.12. Decomposition of the resolved dynamics-driven trans-
port tendency (TATx) related to the fast ensembles (column a) into
vertical advection component (column c) and horizontal advection
component (column d). Column (a) is the first row in Figure 4. (b)
is the sum of (c) and (d).
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Figure A.13. The absolute difference between the near-surface median
O3 value simulated by WACCM6 (Figure 1b) and TOAR observation
(Figure 1a) during June-August, 1995-2014.
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a) b)

Figure A.14. Distributions of the near-surface (a) median and (b)
maximum O3S concentrations from April-June 1995-2014 estimated
by the WACCM6 model.
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a)

b)

c)

Figure A.15. (a) A map of 200 hPa PV anomalies (in colors, PVU)
with wind anomalies (in vectors, m/s) composited to the defined high
surface O3 events for Mode 1, (b) composited anomalies in specific
humidity at 860 hPa pressure surface (Q860, kg/kg, in colors) and
winds at 860 hPa (in vectors, m/s), and (c) composited near-surface
temperature anomalies (in colors, K) and surface wind anomalies (in
vectors, m/s) corresponding to Mode 1. The hatching denotes that
the anomalies are not statistically significant at the 95% confidence
level using the Student’s t test.
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a)

c)

b)

Figure A.16. Similar to Fig A.15 but for Mode 2.
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SVD1: 41.0%
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Figure A.17. Upper panel displays the heterogeneous covariance pat-
terns between surface O3 anomalies and surface O3S anomalies regard-
ing the first leading mode from MCA during winter months (DJF)
over 1995-2014. Red (blue) color shadings stand for positive (nega-
tive) values. The number shown in the top center is the portion of
the covariance explained by the first mode. Below are snapshots of
composited mean of 500 hPa ω anomalies (in colors, Pa/s) and 200
hPa zonal winds (in contours, m/s) when large events occur for Mode
1 in DJF from day -6 to day 0 (a-d). Red (blue) colors indicate re-
gions with anomalous descent (ascent). Contour interval is 5 m/s.
Stippling indicates that the ω anomalies are statistically significant
at the 95% confidence level using the Student’s t test.
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Figure A.18. Same as Figure A.17 but for spring months (March-
April-May). In Figure (a) to (d), zonal winds at 200 hPa are in
contours (m/s) with 3 m/s interval.
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Figure A.19. Same as Figure A.17 but for fall months (September-
October-November). In Figure (a) to (d), zonal winds at 200 hPa are
in contours (m/s) with 3 m/s interval.


