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ABSTRACT 

SO2 and NOx (NO+NO2) are important trace gases in the atmosphere as they adversely 

affect air quality and are precursors to sulfate and nitrate aerosols in the atmosphere. However, 

there are significant uncertainties in the emission inventories and the atmospheric chemistry 

processes of both gases. Addressing these uncertainties will help us to 1) better regulate their 

emissions from anthropogenic activities, 2) understand the formation mechanism of aerosol 

pollution events, during which rapid accumulation of nitrate and sulfate aerosols are commonly 

observed, and 3) better constrain the impact of SO2, NOx, sulfate aerosols and nitrate aerosols to 

the global radiation balance. Stable isotopes of nitrogen and sulfur are useful tools in understanding 

both the origins and chemistry of SO2 and NOx since different emission sources usually display 

distinct sulfur and nitrogen isotopic compositions, and different SO2 and NOx oxidation pathways 

fractionate sulfur and nitrogen isotopes differently. In this dissertation, five studies are conducted 

to 1) use sulfur isotopes to investigate the sources and chemistry of atmospheric sulfur, and 2) 

improve our understanding of the isotopic fractionation processes associated with the atmospheric 

chemistry of reactive nitrogen.  

Using stable sulfur isotopes, we first analyzed the sources of sulfate aerosols collected at 

Baring Head, New Zealand and atmospheric deposition at the Atacama Desert. At Baring Head, 

we found that the secondary sulfate, i.e., sulfate formed from atmospheric oxidation of SO2, is 

mainly observed in fine aerosols (<1 µm) while the sulfate in coarse aerosols (>1 µm) is mostly 

sea salt sulfate. 73-77% of the secondary sulfate is sourced from biogenic emissions by ocean 

phytoplankton, and the rest is originated from anthropogenic activities. The sulfate deposition 

across the Atacama Desert, on the other hand, is a mixture of sea salt sulfate (only near the coast), 

anthropogenic SO2 emissions, local soil, and lake salts. Then, sulfur isotopes were used to 

investigate the formation chemistry of sulfate aerosols collected during a strong winter haze 

episode in Nanjing, China, where the sources of SO2 were well-understood. We found that, 

although the sources of sulfur remain unchanged during the haze episode, the sulfur isotopic 

compositions of sulfate vary significantly, suggesting isotopic fractionation occurred during the 

formation of sulfate aerosols. We interpreted the variation using a Rayleigh distillation model to 

evaluate the contribution of sulfate formation pathways. The model suggested that the Transition 
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Metal Ion catalyzed O2 oxidation pathway contributed 49±10% of the total sulfate production, 

while the O3/H2O2 oxidations accounted for the rest.  

Next, we conducted experiments in an atmospheric simulation chamber to determine the 

isotopic fractionations between NO and NO2. This isotopic fractionation is controlled by a 

combination of two factors: 1) the equilibrium isotopic exchange between NO and NO2 molecules, 

and 2) the kinetic isotope effects of the NOx photochemical cycle, namely the Leighton Cycle 

Isotope Effect (LCIE). Our experiments showed that the fractionation factor during the isotopic 

exchange is 1.0289±0.0019, and the fractionation factor of LCIE is 0.990±0.005. A model was 

constructed to assess the relative importance of the two factors, showing the isotopic exchange 

should be the dominant factor when NOx >20 ppb, while LCIE should be more important at low 

NOx concentrations (<1 ppb) and high rates of NO2 photolysis. Last, we quantified the overall 

nitrogen isotopic fractionation during the formation of nitrate aerosols collected at Baring Head, 

New Zealand. Our results showed that significant and variable (0-15‰) isotopic fractionations 

occurred during the formation of nitrate aerosols. The isotopic fractionation factors are lower in 

the summer and higher in the winter, which is mainly caused by seasonal variations in nitrate 

formation pathways.  

Overall, this dissertation first applied stable sulfur isotopes in aerosol samples collected in 

different environments, demonstrating that isotopes are excellent tools in identifying the origins 

and chemistry of atmospheric sulfur. Then, we investigated the isotopic fractionation processes 

during the atmospheric nitrogen chemistry, which can be useful for future studies aimed at 

understanding the origins and chemistry of atmospheric nitrogen using stable nitrogen isotopes. 
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 INTRODUCTION 

1.1 Origins and atmospheric chemistry of NOx and SO2 

SO2 and NOx (NO and NO2) are two of the most important trace gases in the troposphere. 

Both gases have long been recognized as air pollutants and precursors to secondary aerosols, i.e., 

aerosols formed from atmospheric oxidation of gases. In urban regions with high NOx and SO2 

emissions, they adversely impact air quality and human health; in remote environments, they play 

important roles in the formation of aerosols, which affect global radiation balance and the climate 

(IPCC, 2007). NOx is also a key driver to the tropospheric chemistry since it regulates the 

concentrations of atmospheric oxidants such as ozone (O3), an air pollutant, and hydroxyl radicals, 

which is commonly referred to as “atmospheric detergent” due to its role in removing many 

atmospheric pollutants (Crutzen, 1979). Both SO2 and NOx are originated from multiple natural 

and anthropogenic sources: SO2 is emitted by volcanoes, biomass burning, fossil fuel combustion, 

and marine biological emissions (Dentener et al., 2006; Lamarque et al., 2010), and NOx is 

originated from lightning, biomass burning, microbial nitrification, and denitrification, fossil fuel 

combustions, and transportation activities (Galloway et al., 2008; Reis et al., 2009). In the 

troposphere, most SO2 and NOx are finally oxidized into sulfuric acid and nitric acid via multiple 

pathways (Seinfeld & Pandis, 2016), then these molecules are either dissolved into droplets 

creating acid rain or forming secondary aerosols. The atmospheric deposition of sulfate and nitrate 

also has many harmful ecological effects on soil acidification (Fenn et al., 1998), eutrophication 

in aquatic systems (Jensen & Andersen, 1992), poor vegetation health (Aber et al., 1989), and 

biodiversity (Tilman, 1996). However, there are still significant uncertainties in the emission 

inventories and atmospheric chemistry of SO2 and NOx. Constraining these uncertainties can help 

us better understand their impact on human health, global climate, and ecosystems. 

While it is clear that anthropogenic activities, especially fossil fuel combustions, are the 

main source of SO2, there still remain some uncertainties in its emission inventory due to the rapid 

changes in fuel consumption worldwide (Smith et al., 2011). Anthropogenic SO2 emissions are 

usually estimated using a bottom-up approach: the amount of SO2 emitted from a source equals 

the amount of sulfur contained in the fuel that has been combusted minus the sulfur that is either 

removed or retained in combustion residuals or products (Smith et al., 2011). This estimation, 
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although shows a good agreement with observations globally, displays high uncertainties (up to 

65% compared to satellite observations) at the regional scale (Liu et al., 2018). Especially, the 

origins of SO2 and sulfate in the marine boundary layer are of particular interest due to their 

essential role in the formation of aerosols and cloud condensation nucleus, which impact the 

climate (Charlson et al., 1987). The origins of sulfate in the marine boundary layer are a 

combination of three main sources: sea-salt aerosols, marine biogenic sulfur (mainly oxidation 

product of marine phytoplankton emitted dimethylsulfide or DMS) and anthropogenic sulfur, 

which mainly comprise terrestrial sulfur outflow and emissions from international shipping 

activities (Barnes et al., 2006; Norman et al., 1999). Currently, the emission inventory of 

international shipping activities and their distributions between northern and southern hemispheres 

are still poorly quantified (Capaldo et al., 1999; McCoy et al., 2015; Smith et al., 2011). Thus, a 

better understanding of the sources of atmospheric sulfur in the marine boundary layer is urgently 

needed. 

Similarly, there are significant uncertainties in the sources of NOx. NOx emission inventories 

are also calculated using a bottom-up approach with several assumptions, such as the efficiency of 

catalytic NOx reduction technologies and the emission factors of different sources. However, these 

assumptions sometimes bring significant uncertainties (Zhao et al., 2017), due to the natural 

degradation of catalytic reduction devices (Fang & DaCosta, 2003), or the uncertainties in the 

energy statistics (Hong et al., 2017). In addition, NOx emission from soil microbial activities, i.e., 

nitrification and denitrification, is even more difficult to quantify. This is mainly because microbial 

activities are highly sensitive to environmental conditions, including temperature, soil moisture, 

soil redox condition, pH, and soil nitrogen concentration (Groffman et al., 2009). For example, a 

recent study (Almaraz et al., 2018) suggested that farmland NOx emission in the central valley of 

California is underestimated by a factor of 6-8, which accounts for over 30% of total NOx 

emissions in California. Addressing these uncertainties in emission inventories is extremely 

important not only for the scientific community but also for policy makers as well as the general 

public. 

The oxidations of SO2 and NOx into sulfate and nitrate aerosols are complex processes that 

are still not well-understood. In the troposphere, SO2 is oxidized into sulfate by two general 

pathways: 1) gas phase oxidation by hydroxyl radicals (Stockwell & Calvert, 1983), 2) 

heterogeneous oxidation in cloud droplets (Schwartz, 1986) or on the surface of deliquescent 
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aerosols (Chameides & Stelson, 1992; Sievering et al., 1991; Song & Carmichael, 1999). However, 

the latter pathway has many uncertainties because of the numerous possible oxidants and catalysts. 

In clouds, SO2 oxidation occurs mainly via H2O2 (McArdle & Hoffmann, 1983) but O3 becomes 

important at pH>6 (Calvert et al., 1985; Chameides, 1984). Recent research debated on the 

importance of O2 oxidation catalyzed by transition metal ions (TMI pathway, Alexander et al., 

2009; Brandt & Van Eldik, 1995; Harris et al., 2013; Jacob & Hoffmann, 1983): some studies 

suggested TMI pathway contributed 9-17% of global secondary sulfate formation, while other 

studies suggest this pathway may contribute to over half of sulfate production in some regions 

(Amiri et al., 2018; Harris et al., 2013). NO2 was also proposed to be an important oxidant during 

haze events in some Chinese cities (Cheng et al., 2016; Wang et al., 2016) but its importance was 

still uncertain (Shao et al., 2019; Zhao et al., 2018). Also, oxidations by photochemically important 

compounds such as NO3, HNO4, HOBr, and HOCl need to be better quantified in some 

environments (Dentener et al., 2002; Feingold et al., 2002; von Glasow et al., 2002; Lee & 

Schwartz, 1983; Vogt et al., 1996; Warneck, 1999). Addressing these uncertainties is particularly 

important to improve our understanding of the fast sulfate formation during air pollution events 

that are currently occurring in many megacities in developing countries with less strict emission 

control (Huang et al., 2014; Zheng et al., 2015).  

Atmospheric chemistry of NOx is also complicated. In the daytime, photochemical cycling 

between NO and NO2 (namely Leighton Cycle) is the key factor regulating the formation of 

tropospheric O3 (Leighton, 1961; Seinfeld & Pandis, 2016):  

NO+O3 à NO2+O2 

NO2+hv à NO+O(3P) 

O+O2+M à O3+M 

These reactions reach steady state within minutes, producing O3, then further drive the formation 

of other radicals such as OH, HO2, and RO2, which are important oxidants in the troposphere 

(Seinfeld & Pandis, 2016). In the daytime, nitric acid (HNO3) is formed from the oxidation of NO2 

by OH radical (Calvert et al., 1985): 

NO2+OH à HNO3 

In the nighttime, HNO3 is formed via: 

NO2+O3 à NO3 

NO3+hydrocarbon à HNO3 
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NO3+NO2 à N2O5 

N2O5+H2O à HNO3 

These reactions produce gas phase HNO3 (except for N2O5+H2O, which occurs on the aerosol 

surface), then the gas phase HNO3 can either react with NH3 to form particulate NH4NO3 or 

directly condense onto existing particles. To date, there are still uncertainties in 1) the relative 

importance of each pathway to nitrate formation (Wang et al., 2017), and 2) the distribution of 

nitrogen between nitrate and other organic nitrogen species (Galloway et al., 2008). These 

uncertainties are at least partially due to the strong spatial and temporal variations of NOx 

chemistry. Therefore, to better understand the formation of nitrate aerosols and to better address 

the impact of anthropogenic activities to air quality and global climate, more work is needed to 

study the sources and formation chemistry of sulfate and nitrate aerosols.  

1.2 Stable isotopes of Nitrogen and Sulfur 

The stable isotopic compositions of reactive nitrogen and sulfur in the atmosphere imprinted 

the information about their sources and atmospheric chemistry, therefore isotopic studies are 

becoming an important tool in understanding the fate of these molecules (Michalski et al., 2005; 

Morin et al., 2009; Patris et al., 2007; Walters et al., 2015). The nitrogen and sulfur isotopic 

compositions of nitrogen and sulfur in samples are normally expressed in delta notation: 

d15Nsample (‰) = (RN,sample/RN,referece-1)*1000‰ 

d34Ssample (‰) = (RS,sample/RS,referece-1)*1000‰ 

In which RN values represent the 15N/14N ratios in sample and reference material, respectively, and 

RS values are the 34S/32S ratios. The reference materials are air N2 for d15N and Canyon Diablo 

Troilite for d34S. 

d34S values of atmospheric sulfate aerosols can be used to investigate the sources of sulfur 

as well as the oxidation pathway of SO2. The d34S value of sulfate in sea-salt aerosols is a constant 

21.0‰ (Rees et al., 1978), and the d34S value of sulfate from atmospheric oxidation of DMS is 

approximately 18‰ (Amrani et al., 2013; Oduro et al., 2012). Anthropogenic sulfur usually 

displays much lower d34S values ranging from -5‰ to +10‰ (Calhoun & Bates, 1989; Krouse & 

Grinenko, 1991; Zhu et al., 2016) with an average value of 3‰ (Ghahremaninezhad et al., 2016; 

Rempillo et al., 2011). This significant difference in d34S values between marine and 
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anthropogenic sulfur can distinguish the sources of sulfate aerosols in marine or coastal 

environments. In addition, isotopic fractionations occur during atmospheric oxidation of SO2, 

which could potentially alter the d34S of sulfate, especially when the oxidation is incomplete 

(Harris et al., 2013; Saltzman et al., 1983). Since the isotopic fractionation factors of most sulfate 

formation pathways are well-understood (Harris et al., 2012; Harris et al., 2013), this isotopic 

fractionation could be used to assess the formation pathways of sulfate aerosols. 

Different NOx sources display distinctive d15N values but there are still many uncertainties 

in the isotopic fractionations during the atmospheric oxidation of NOx. The NOx originated from 

coal-fired power plants without selective catalytic reduction technology has d15N values of 10±1‰ 

and can be as high as 20‰ (Felix et al., 2012); other fossil fuel sources, such as gasoline and diesel, 

emit NOx with d15N values ranging from -20‰ to +5‰ (Walters et al., 2015; Walters et al., 2015); 

while NOx originated from biological activities, especially bacterial nitrification and 

denitrification, show low (-50‰ to -20‰) d15N values (Felix & Elliott, 2014; Li & Wang, 2008). 

These d15N values are then imprinted into nitrate in aerosols and precipitations, therefore isotopic 

analysis is widely used in field observation studies to investigate the sources of NOx and nitrate 

(Chang et al., 2018; Geng et al., 2015; Gobel et al., 2013; Hastings et al., 2004; Miller et al., 2017; 

Morin et al., 2009; Park et al., 2018; Savard et al., 2017; Savarino et al., 2013; Zong et al., 2017). 

However, the isotopic fractionations during the chemistry of NOx are highly uncertain (Chang et 

al., 2018; Walters et al., 2016). The uncertainties are mainly originated from the complex and 

variable chemistry of atmospheric reactive nitrogen, and the unknown isotopic fractionation 

factors of each reaction. Significant isotopic fractionations exist in most, if not all, atmospheric 

nitrogen reactions. The fractionation processes include: 1) the kinetic isotope effect (KIE), which 

occurs during unidirectional reactions due to the differences in the rate constants between isotopes 

(Bigeleisen & Wolfsberg, 1957); 2) the equilibrium isotope effect (EIE), which is the isotopic 

exchange between co-existing molecules (Walters et al., 2016); and 3) photochemistry-induced 

isotopic fractionation effect (PHIFE), the isotopic fractionation during molecular photolysis 

(Miller and Yung, 2000). Although previous studies have investigated some of the fractionation 

factors (Begun & Melton, 1956; Walters et al., 2016; Walters & Michalski, 2015), many of them 

are still unknown. Therefore, a better quantification of the isotopic fractionation during NOx 

oxidation is essential for future field observations to use nitrogen isotopes to investigate the 

sources and chemistry of NOx. 
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1.3 Research objectives 

To address the numerous uncertainties in the origins of SO2 and NOx, their atmospheric 

oxidation chemistry, and the formation process of sulfate and nitrate aerosols, this dissertation has 

the following research objectives: 

1. Investigating the sources and size distributions of sulfate aerosols in the Southern Ocean, 

by analyzing the stable sulfur isotopic composition of sulfate aerosols collected at Baring Head, 

New Zealand. 

2. Characterizing the geochemical characteristics and origins of atmospheric dry deposition 

across the Atacama Desert, with an emphasis on its soluble inorganic salts, and examine the 

interannual variations of atmospheric deposition and its linkage to the climate. 

3. Evaluating the contributions of SO2 oxidation pathways to the rapid sulfate formation 

during a strong haze episode occurred in Nanjing, China in winter 2015 using stable sulfur isotopes. 

4. Measuring the nitrogen isotopic fractionation factors of the photochemical reactions 

between NO and NO2 by conduction experiments in an atmospheric simulation chamber; then 

constructing a numerical model for quantifying this isotopic fractionation process. 

5. Studying the seasonal variations of nitrate formation processes and quantify its overall 

isotopic fractionations by analyzing the isotopic compositions of nitrate aerosols collected at 

Baring Head, New Zealand. 

1.4 Outline 

This dissertation is composed of 7 chapters, including this introduction and is organized as 

the following: 

Chapter 2: Investigating source contributions of size-aggregated aerosols collected in 

Southern Ocean and Baring Head, New Zealand using sulfur isotopes. (Published by Li, J., 

Michalski, G., Davy, P., Harvey, M., Katzman, T., and Wilkins, B. in Geophysical Research 

Letters, 2018, 45(8), 3717-3727) 

Chapter 3: Atmospheric deposition across the Atacama Desert, Chile: compositions, source 

distributions, and interannual comparisons. (Published by Li, J., Wang, F., Michalski, G., and 

Wilkins, B. in Chemical Geology, 2019, 525, 435-446) 
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Chapter 4: Stable sulfur isotopes revealed a major role of transition-metal-ion catalyzed SO2 

oxidation in haze episodes. (Published by Li, J., Zhang, Y., Cao, F., Zhang, W., Fan, M., Lee, X., 

and Michalski, G. in Environmental Science & Technology, 2020, 54, 2626−2634) 

Chapter 5: Quantifying the nitrogen isotope effects during photochemical equilibrium 

between NO and NO2: implications for d15N in tropospheric reactive nitrogen. (Published by Li, 

J., Zhang, X., Orlando, J., Tyndall, G., and Michalski, G., in Atmospheric Chemistry and Physics, 

2020, 20 (16), 9805-9819) 

Chapter 6: Nitrogen isotopes in nitrate aerosols collected at remote boundary layer: 

implications for nitrogen isotopic fractionations among atmospheric reactive nitrogen species. 

(Published by Li, J., Davy, P., Harvey, M., Katzman, T., Mitchell, T., & Michalski, G., in 

Atmospheric Environment, 2021, 245, 118028) 

Chapter 7: Conclusions and outlooks 
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 INVESTIGATING SOURCE CONTRIBUTIONS OF 
SIZE-AGGREGATED AEROSOLS COLLECTED IN SOUTHERN OCEAN 

AND BARING HEAD, NEW ZEALAND USING SULFUR ISOTOPES 

This chapter is a reprint from a published article (Li, J., Michalski, G., Davy, P., Harvey, 
M., Katzman, T., & Wilkins, B. (2018). Investigating Source Contributions of Size‐Aggregated 
Aerosols Collected in Southern Ocean and Baring Head, New Zealand Using Sulfur Isotopes. 
Geophysical Research Letters, 45(8), 3717-3727). 

Abstract 

Marine sulfate aerosols in the Southern Ocean are critical to the global radiation balance, yet 

the sources of sulfate and their seasonal variations are unclear. We separately sampled marine and 

ambient aerosols at Baring Head, New Zealand for one year using two collectors, and evaluated 

the sources of sulfate in coarse (1-10 μm) and fine (0.05-1 μm) aerosols using sulfur isotopes (d34S). 

In both collectors, sea-salt sulfate (SO42-SS) mainly existed in coarse aerosols and non-sea-salt 

sulfate (SO42-NSS) dominated the sulfate in fine aerosols, although some summer SO42-NSS appeared 

in coarse particles due to aerosol coagulation. SO42-NSS in the marine aerosols was mainly (88-

100%) from marine biogenic dimethylsulfide (DMS) emission, while the SO42-NSS in the ambient 

aerosols was a combination of DMS (73-79%) and SO2 emissions from shipping activities (~21-

27%). The seasonal variations of SO42-NSS concentrations inferred from the d34S values in both 

collectors were mainly controlled by the DMS flux.  

2.1 Introduction 

Sulfate is one of the major inorganic components in aerosols and is essential to aerosol 

nucleation and accumulation processes (Andronache et al., 1997; Kulmala et al., 2000), which 

greatly affect Earth’s radiation budget. However, the impact of sulfate aerosols to the radiation 

budget is still poorly quantified (IPCC, 2007), partly because the sources and fluxes of sulfate 

show strong spatial and seasonal variations. In the marine boundary layer, sulfate aerosols consist 

of primary and secondary sulfate. Primary sulfate, i.e., sea-salt sulfate (SO42-SS) is formed via sea-

spray and air bubble bursting at the ocean surface (Lewis and Schwartz, 2004; O’Dowd et al., 

2007); its size distribution and flux are controlled by wind speed, wave height and other 
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meteorological conditions (Gong, 2003; Lewis and Schwartz, 2004; Van Eijk et al., 2011). Non-

sea-salt sulfate (SO42-NSS), also called secondary sulfate, is formed via atmospheric oxidation of S, 

the sources of which are 1) dimethylsulfide (SO42-DMS) emitted by marine phytoplankton (Barnes 

et al., 2006); 2) natural terrestrial S emission (SO42-nat), including sulfate from SO2 emitted by 

volcanic and terrestrial biological activities; or 3) anthropogenic S emissions (SO42-anth). In the 

mid-latitudes of the Southern Ocean (~35-45°S), SO42-DMS is thought to play a critical role in the 

cloud physics and climate by controlling the number of cloud condensation nuclei (CCN), resulting 

in strong reflection of solar radiation in the summer when the DMS flux is high (Ayers and Gras, 

1991, Boers et al., 1994, Korhonen et al., 2008, McCoy et al., 2015). However, the sources, size 

distributions and seasonal variations of the Southern Ocean sulfate are not well understood, which 

limits our ability to predict its response to the changing climate.  

Previous studies have investigated the sources and size distributions of marine sulfate 

aerosols in several locations (Calhoun and Bates, 1989; Calhoun et al., 1991; Norman et al., 1999; 

Novák et al., 2001; Faloona, 2009; Rempillo et al., 2011; Seguin et al., 2011; Ghahremaninezhad 

et al., 2016), however, several questions remain unanswered. First, substantial amounts of SO42-

NSS had been observed in the coarse aerosols (1-16 μm) sampled at Baring Head originating from 

the biologically productive sub-tropical frontal region of the Chatham Rise (Sievering et al., 2004), 

suggesting SO42-NSS was mainly formed on coarse sea-salt particles. This is in contrast with 

observations in the Northern Hemisphere (Norman et al., 1999; Rempillo et al., 2011; Seguin et 

al., 2011; Ghahremaninezhad et al., 2016) and modelling results (Alexander et al., 2005), all of 

which suggested SO42-NSS should mainly distributed in the fine particles (<1 μm). Second, the 

contribution of anthropogenic emission to the Southern Ocean sulfate is uncertain.  Capaldo et al., 

(1999) suggested that international shipping emission, which is the main anthropogenic sulfur 

source in mid-latitude Southern Ocean (~40°S) contributes to ~5% to 20% of total sulfate, while 

McCoy et al. (2015) showed a higher anthropogenic contribution of 20%-35% at 40°S. Third, the 

observed seasonal variations of Southern Ocean sulfate (e.g., Udisti et al., 2012; McCoy et al., 

2015) were unexplained and difficult to predict because the variation of each sulfate source was 

unknown.  

Geochemical and sulfur isotopic analysis are useful tools in determining the sources of 

sulfate. Cation and anion analyses are useful in partitioning between SO42-SS and SO42-NSS and 

changes in the sulfur isotopic composition (d34S) can help in differentiate SO42- sources: d34S of 
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SO42-SS (d34SSS) is a constant +21‰ (Rees et al., 1978), d34S values of DMS range between +15‰ 

- +19‰ (Krouse and Grinenko, 1991; Oduro et al., 2012; Amrani et al., 2013), while most 

anthropogenic and terrestrial sulfate display much lower d34S values between -5‰ to +10‰ (Sakai 

et al., 1982; Calhoun et al., 1991; Krouse and Grinenko, 1991; McCardle et al., 1998; Zhu et al., 

2016). In this work, a full-year sampling campaign was conducted to collect size-segregated 

aerosols derived from the marine sector (sub-tropical frontal region and the Southern Ocean) and 

all-sector (ambient environment) at Baring Head, New Zealand (41.4°S, 174.9°E, Figure 2.1). 

Geochemical and sulfur isotopic analysis were used to investigate S sources and their seasonal 

variations.  

2.2 Methods 

The aerosol sampling campaign spanned from 6/30/2015 to 8/11/2016 and sampled both 

marine and ambient air. Two high-volume samplers equipped with Cascade Impactors were set up 

on a 15-meter tower at Baring Head, New Zealand (Figure 2.1),where the metrological conditions 

were measured, to collect coarse (1-10 μm) and fine aerosols (0.05-1.0 μm) at a flow rate of ~1 

m3/min. Cellulose filters were used to minimize ion contamination (especially Na+ and SO42-), 

which were tested using eight blanks and resulted in [Na+] < 0.6% of average the [Na+] in the field 

samples (e.g. <0.05 nmol/m3). One of the collectors (marine collector, set on top of the tower) was 

configured to sample oceanic air masses by only collecting when the average southerly (onshore) 

wind speed was above 5 m/s for at least 30 minutes. Filters on this collector were replaced after 

100 to 150 hours of collection to acquire enough sample (every two to six weeks). The ambient 

collector sampled air mass regardless of the wind direction, and filters were replaced every 7 days 

(154 hours). Previous studies (Dorling et al., 1992; Steinkamp et al., 2017) confirmed the origins 

of the collected aerosols using cluster analysis (Figure 2.1) showing aerosols in the marine 

collector originated from the oceanic sector of the sub-tropical front/Chatham Rise (red shaded 

area), while the aerosols in the ambient collector were from both the ocean and the New Zealand 

mainland (blue lines). Meantime, a wave buoy off the coast was used to measure the wave peak 

height. The filters were carefully sealed and shipped to Purdue Stable Isotope (PSI) Laboratory. 

All the exposed cellulose filters were weighted to calculate the aerosol mass before further 

portioning and analysis. The filters were then sealed into Ziploc bags, labelled and shipped to 

Purdue University. Each filter was soaked into 100 mL deionized water and well-shook to 
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completely dissolve all inorganic salts. The solutions were then filtered by 0.2 um filter to remove 

any microbes and filter paper fibers.  

Standard methods were used to 

analyse cations (ICP-OES), anions (IC) 

and sulfur isotopic compositions of 

sulfate (IRMS). Cation (Na+, K+, Ca2+, 

Mg2+) analysis was accomplished in the 

Purdue Rare Isotope Measurement 

(PRIME) Laboratory at Purdue 

University. A 5-mL aliquot of each 

solution was mixed with 5-mL 10% AR 

HNO3, then analyzed by ICP-OES 

(Thermo Scientific, Pittsburgh, PA, 

USA). The Standard Error is ±2%. 

Another aliquot of each solution was 

used to carry out the anion (Cl-, NO3-, 

SO42-) analysis in the Purdue Stable 

Isotope (PSI) Laboratory by a Dionex 

DX-500 Ion Chromatography (Dionex 

Corp., Sunnyvale, CA, USA). The 

Standard Error is ±5%. Sulfur isotopic 

analysis of the sulfate is accomplished at 

the Purdue Stable Isotope (PSI) 

Laboratory. 0.5 mL of 5% acidified 

BaCl2 is added into 5 ml of each solution 

to completely precipitate sulfate. BaSO4 is then extracted, dried, weighted, mixed with V2O5, and 

combusted at 980 °C in a Costech Elemental Analyzer. The product SO2 was then directed to an 

IRMS equipped with a Conflow for isotopic analysis. The sulfur isotopic compositions are 

reported in delta notation: d34S = ((34S/32S)sample/(34S/32S)reference-1)*1000‰, in which the reference 

material is Vienna-Canyon Diablo Troillite (VCDT). The Standard Deviation of sulfur isotopic 

analysis is ±0.1‰. 

Figure 2.1 Sampling location and result of air parcel 4-
day back trajectory of air mass arriving at Baring Head. 
Blue lines and the numbers above indicate the mean 
path and percentage of air mass from each cluster; red 
shaded area indicates the envelope of all trajectories 
during southerly wind, modified from Steinkamp et al., 
(2017). 
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The concentrations of SO42-SS were calculated using the seawater [SO42-]/[Na+] molar ratio 

(0.058) and the measured Na concentrations: [SO42-SS] = 0.058*[Na+] (Keene et al., 2007). The 

residual sulfate was considered SO42-NSS. This assumes sodium is a conservative element, seawater 

is its sole source, and it is insensitive to chemical or biological loss (Keene et al., 1986). 

2.3 Results and discussion 

2.3.1 Distribution of sea-salt and non-sea-salt sulfate in coarse and fine aerosols 

Sulfate in coarse aerosols was mainly SO42-SS and SO42-NSS was found primarily in the fine 

aerosol fraction, which was in contrast with a previous study at Baring Head (Sievering et al., 

2004). Coarse aerosol sulfate concentrations in the two collectors were similar (8.8 ± 1.9 nmol/m3 

in marine collector and 8.1 ± 3.8 nmol/m3 in ambient collector), which is remarkably close to a 

previous study at Baring Head that averaged 8.3 nmol/m3 (Sievering et al., 2004). SO42-SS 

accounted for 88±5% of the coarse aerosol sulfate (Figure 2.2 A, B), but the contribution of SO42-

NSS in the course mode slightly increased during the summer (discussed below). In contrast, fine 

particle sulfate concentrations were lower, (averaging 1.7 nmol/m3 in marine collector and 2.7 

nmol/m3 in ambient collector), and SO42-SS accounted for only ~16±1% of total sulfate, the 

remaining 84±1% was SO42-NSS. This general SO42-SS distribution pattern was similar to the 

distribution previously observed at Baring Head by Sievering et al. (2004), but in that study only 

53% of coarse aerosol sulfate was attributed to SO42-SS compared to this study’s 88%.  They also 

suggested coarse aerosol sulfate accounted for 81% of total SO42-NSS while our results showed a 

much lower contribution of ~24-36%.  

The discrepancy in SO42-NSS distribution could be attributed to either 1) differences in 

sampling conditions or 2) differences in SO42-SS estimation. Sievering et al. (2004) suggested that 

under clear sky conditions, pH buffering by excess calcium provided from coccolithophores 

fragments could enhance the effectiveness of ozone mediated oxidation in sea-salt aerosol droplets, 

leading to greater coarse mode SO42-NSS. In this work, aerosols from both clear and cloudy 

conditions were sampled therefore this mechanism was likely less important and results in lower 

coarse mode SO42-NSS. Alternatively, the discrepancy may be due to our use of aerosol [Na+] to 

estimate SO42-SS rather than [Mg2+] used by Sievering et al. (2004). Sodium is the most widely 

used conservative tracer of sea-salt (Norman et al., 1999; Udisti et al., 2016; Lin et al., 2017) 
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because 1) it has a high concentration in the seawater, 2) non-marine sodium inputs are trivial in 

most places (McInnes et al., 1994) and 3) it is insensitive to secondary alterations. Sievering et al. 

Figure 2.2 A, B, C, D: SO42-SS (black), SO42-NSS (red) concentrations in coarse and fine aerosols 
from ambient and marine collectors; blue lines in panels A and C are averaged (to fit the marine 
collector sampling window) total sulfate concentrations. E: wind speed, wave height and coarse 
SO42-SS concentrations in ambient collector. 
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(2004) used [Mg2+] to calculate SO42-SS fraction because of abnormally high [Na+]/[Cl-] and 

[Na+]/[Mg2+] ratios in their aerosols that they attributed to either contamination by filter blanks or 

possible contributions of sodium in soil. Likewise, [Mg2+] has been used to estimate SO42-SS in 

aerosols collected at Cape Grim, Tasmania and La Jolla, California because sodium from either 

filter blanks or soil was believed to be significant (Cainey et al., 1999; Hill-Falkenthal et al., 2012; 

Priyadarshi et al., 2012). The cellulose filters used in this study had a very low Na+ blank relative 

to typical glass fiber filters (Dams et al., 1972) and Southern Ocean derived air masses should have 

minimal terrestrial influence Baring Head. Further, the coarse aerosol [Mg2+]/[Na+] in both of our 

collectors averaged at 0.111±0.005, much higher than the 0.05 ratio determined by Sievering et al. 

(2004) and very close to the seawater ratio of 0.11 (Keene et al., 2007), indicating minimal 

contribution of sodium from either soil or filter blank. Furthermore, the low [Mg2+]/[Na+] ratio 

observed by Sievering et al., (2004) may be a consequence of biased [Mg2+] measurements. A 

recent study has observed that sea-spray Mg2+ and Ca2+ forms complexes with lipids, fatty acids 

and saccharides (Jayarathne et al., 2016) during sea-salt aerosol formation, potentially biasing 

[Mg2+] analyzed by ion chromatography (Sievering et al., 2004). Using ICP-OES to analyze 

[Mg2+] does not require it to be in ionic form, so could be a more accurate measure of [Mg2+]/[Na+] 

in the sea-salt aerosols given the possibility of complexation and provides confidence in the 

accuracy of the SO42-SS presented here. 

The size distribution patterns of SO42-SS and SO42-NSS agrees with other field observations 

and atmospheric modeling results, indicating SO42-NSS is the main sulfur source in CCN. 

Observations in the North Atlantic, Arctic, and Pacific Ocean have suggested similar distribution 

patterns, of which >90% of SO42-SS was distributed in coarse aerosols and >60% of SO42-NSS was 

in fine aerosols (Murphy et al., 1998; Norman et al., 1999; Rempillo et al., 2011; Seguin et al., 

2011; Ghahremaninezhad et al., 2016). Therefore, we suggest in the Southern Ocean SO42-NSS was 

also the main sulfate source of CCN, since CCN are usually < 0.2 μm (Hudson and Noble, 2006). 

Additionally, we noticed coarse aerosol SO42-NSS was observed when the total SO42-NSS 

concentrations (SO42-NSS-coarse+SO42-NSS-fine) exceeded 2.0 nmol/m3. This indicates higher SO42-NSS 

concentrations helped coagulation form larger SO42-NSS particles. Further experiments and field 

sample analysis should take place to quantify the relationship between SO42-NSS concentration and 

their size distribution. 
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The variations in SO42-SS concentrations were attributed to variations in wind speed and 

wave heights at Baring Head. Early studies have suggested the mass concentration of sea-salt 

aerosols is positively correlated to wind speed (O’Dowd and Smith, 1993; O’Dowd et al., 1997), 

however recent studies had suggested other physical conditions, such as whitecap coverage and 

wave peak height on the coast are also important (Mårtensson et al., 2003; Lewis and Schwartz, 

2004; Clarke et al., 2006; O ’Dowd et al., 2007). Our observed SO42-SS concentrations only showed 

a weak correlation with the average wind speed (P>0.05, R2=0.03, Figure 2.2e) similar to other 

field studies (Lewis and Schwartz, 2004; Jaeglé et al., 2011; Rempillo et al., 2011; Seguin et al., 

2011; Ghahremaninezhad et al., 2016). In contrast, maximums in wave peak heights usually 

corresponded to high SO42-SS concentrations at Baring Head (Figure 2.2e) supporting the 

hypothesis that breaking waves increase sea-salt aerosol formation near the coast (Van Eijk et al., 

2011; Monahan et al., 1986; Jensen et al., 1997). Therefore, we suggest wave height was a more 

important than wind speed, under low median wind speeds (9.9 ± 3.9 m/s), in generating sea-salt 

aerosols at Baring Head during the study period. 

2.3.2 Sources and seasonal variations of SO42-NSS in the marine collector 

The sulfur isotopic compositions of sulfate also indicated a mixture of SO42-SS and SO42-

NSS. The d34S values of total sulfate (SO42-SS+ SO42-NSS) were interpreted using a two-endmember 

isotope mixing model (Figure 2.3a): SO42-SS with d34S value that is the same (+21‰) as seawater 

(Rees et al., 1978) and SO42-NSS with lower d34S value(s). Most coarse aerosol sulfate had d34S 

values near the seawater endmember, indicating the coarse aerosol sulfate was predominately 

composed of SO42-SS, which supports our SO42-SS estimates using [Na+].  In contrast, the fine 

aerosol had lower d34S values (+11‰ - +21‰), suggesting a higher proportion of SO42-NSS relative 

to the coarse aerosols.  

The d34S values of SO42-NSS (d34SNSS) can give insight into the origin of SO42-NSS sources. 

The d34SNSS values were calculated using d34SNSS = (d34Sbulk-(1-SO42-NSS%)*+21‰)/SO42-NSS%, 

where SO42-NSS% is the fraction of SO42-NSS (using [Na+]), the +21‰ is the d34S value of seawater 

sulfate, and d34Sbulk is the d34S value of the total aerosol sulfate. The calculated d34SNSS values 

ranged from +6‰ to +19‰ (Figure 2.3). d34SNSS values in the marine collector range from +15‰ 

- +19‰ (Figure 2.3b), which is the same range previously observed in d34SDMS (Krouse and 
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Grinenko, 1991; Patris et al., 2002; Wadleigh, 2004; Sanusi et al., 2006). This indicates that SO42-

DMS was the dominant source of SO42-NSS in the marine collector. The ambient aerosol d34SNSS 

values were as low as +6‰, which cannot be explained by oxidation of DMS, and points to non-

marine sulfur sources. The main anthropogenic S sources in the region are international and local 

shipping activity (Capaldo et al., 1999; McCoy et al., 2015) and the d34S value of sulfur derived 

from ships has been estimated to be +3‰ (Patris et al., 2000; Rempillo et al., 2011). Likewise, the 

d34S values of sulfate derived from terrestrial sulfur sources near Baring Head also has been 

estimated to be +3‰ (discussed below). Thus, the range of Baring Head SO42-NSS values are 

interpreted as a second mixture of SO42-DMS (Calhoun et al., 1991; Krouse and Grinenko, 1991; 

Patris et al., 2002; Sanusi et al., 2006) and SO42-anth whose fractions (fDMS, fanth) can be quantified 

using a simple two endmember isotope mixing model: d34SNSS = fDMS*d34SDMS+ fanth*d34Santh. 

Using this mixing model, we can first estimate the fDMS and fanth (given in %) in the marine 

collector. 

The high d34SNSS values (Figure 2.2b) of marine SO42-NSS indicates that it was primarily 

(88-100%) SO42-DMS and only 0-12% was SO42-anth. To estimate the upper limit of fanth, we assume 

a constant d34SDMS endmember of +19‰ (Wadleigh, 2004), and the d34Santh endmember was from 

ship emissions with d34S =+3‰. The variation of d34SNSS can be solely attributed to changing in 

fanth and the calculated upper limit of fanth is ~12%. This SO42-anth contribution to SO42-NSS is much 

lower than the 20-35% estimated by (McCoy et al., 2015), but in agreement with the 5-20% 

estimated by (Capaldo et al., 1999). However, this calculation assumed the d34SDMS was a constant 

+19‰ and ignored the observed +15‰ - +19‰ range in other studies (Krouse and Grinenko, 

1991; Patris et al., 2002; Wadleigh, 2004; Sanusi et al., 2006). This 4‰ variation in d34SDMS values 

is thought to be caused by a combination of 1) variation of isotopic fractionation during SO2 

oxidized to sulfate (d34Ssulfate-d34SSO2, Harris et al., 2012, 2013) and 2) the d34S of DMS gas could 

slightly vary (Amrani et al., 2013). If we consider the d34SDMS variation, then the contribution of 

anthropogenic S in marine aerosols could be as low as zero at Baring Head. This 0-12% 

anthropogenic S contribution to the SO42-NSS budget is significantly lower than the estimates of 30-

70% in the Northern Atlantic Ocean and other Pacific Ocean sites (Capaldo et al., 1999; Patris et 

al., 2000; Yang et al., 2017). We suggest this lower anthropogenic sulfate fraction in SO42-NSS at 

Baring Head is due to significantly lower sulfur emission in the Southern Hemisphere (IEA, 2014), 
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fewer shipping routes in the Southern 

Hemisphere, thus minimal influence of ship 

sulfur emissions (Paxian et al., 2010), and poor 

inter-hemispheric mixing of sulfate that 

minimizes the influence of the Northern 

Hemisphere sulfur emissions at Baring Head 

(Capaldo et al., 1999). 

The observed seasonal variation of 

SO42-NSS in the marine collector (Figure 2.2d), 

which was primarily from DMS emissions, 

must be controlled by seasonal changes in the 

DMS flux. Baring Head’s average summer 

SO42-DMS concentration was ~2.7 nmol/m3, 

while winter concentrations averaged at 0.6 

nmol/m3 (Figure 2.2d), similar to the SO42-DMS 

concentrations observed in Arctic, Southern 

Pacific and Northern Atlantic Ocean (Allen et 

al., 1997; Quinn et al., 2009; Rempillo et al., 

2011; Seguin et al., 2011; Ghahremaninezhad 

et al., 2016; Huang et al., 2017). The observed 

average summer SO42-DMS concentration was 

~4.5 times higher than the winter SO42-DMS, 

which agrees with the recent observation of 

dissolved seawater DMS concentration by 

Lana et al. (2011) who showed at least a 4-fold 

higher concentration of dissolved DMS in the 

austral summer compared to winter.  In 

addition, Law et al. (2017) discussed evidence 

suggesting this seasonal variation presented by Lana et al. (2011) also occurred in the waters 

offshore of New Zealand. Therefore, since SO42-DMS was the main source of fine sulfate particles, 

Figure 2.3 A) d34S distribution of all samples, 
showing a mixing of SO42-SS and SO42-NSS; B) the 
d34SNSS values of ambient and marine fine sulfate; 
horizontal bars indicate the d34S values of each 
endmember; C) estimated anthropogenic and 
DMS contribution to SO42-NSS in ambient fine 
sulfate. 
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the seasonal variation of SO42-DMS could explain the 300% increase of CCN in the summer 

observed by Ayers et al. (1991). 

2.3.3 Sources and seasonal variations of SO42-NSS in the ambient collector 

The ambient aerosol d34SNSS values were lower than the marine aerosol d34SNSS and 

displayed a distinct seasonal trend, indicating changing contribution of anthropogenic sulfur over 

the year (Figure 2.3b). The ambient aerosol d34SNSS values (+6‰ - +18‰) were close to those of 

marine aerosols during the summer suggesting the SO42-NSS was also dominated by DMS during 

the summer months. In contrast, the d34SNSS values in the winter were significantly lower (Figure 

2.3b) than in the marine aerosols, suggesting SO42-nat and/or SO42-anth input (e.g., Calhoun et al., 

1991; Patris et al., 2000; Rempillo et al., 2011; Ghahremaninezhad et al., 2016). Potential 

terrestrial sulfur sources include terrestrial biogenic emissions, volcanic emissions and 

anthropogenic emissions. Terrestrial biogenic sulfur should be a minor contributor because the 

estimated biogenic sulfur flux (<1x105 mol/day) in New Zealand (Bates et al., 1992) is small 

compared to 1x106 mol/day anthropogenic emission from Wellington, which is adjacent to the 

Baring Head site (Ministry of the Environment, 2004). The volcanic activity should also be minor 

at Baring Head since the nearest volcano and geothermally active regions with H2S emission are 

~300 km away, and there was no significant volcanic activity during our sampling period (GeoNet 

volcanic emission database). Therefore, SO42-nat is likely small, and SO42-anth were likely the main 

non-marine sulfur sources (Wilton et al., 2008) of SO42-NSS in the ambient collector. 82% of 

anthropogenic sulfur emissions in the Wellington region were from commercial shipping (Ministry 

of the Environment, 2004) that uses low-grade fuel oil. Early study showed that the d34S values of 

fuel oil center around 5‰ (Nielsen, 1974), recent measurements of ship emissions also have d34S 

value of +3‰±3‰ (Patris et al., 2000; Rempillo et al., 2011). Other anthropogenic sources, such 

as coal burning and industrial fossil fuel combustions, also showed d34S values of +3‰±3‰ (e.g., 

Proemise and Mayer, 2012, Gorka et al., 2017). Rainwater sulfate collected at Gracefield, a semi-

industrial district ~25 km inland from Baring Head and Wellington, had d34S values of ~+3±5‰ 

(Mizutani and Rafter, 1969), which was consistent with the endmembers. Thus, the ambient 

aerosol d34Santh endmember was estimated to be ~+3‰ and the d34SNSS in the ambient collector 
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can be again interpreted as a mixing between SO42-anth and SO42-DMS using same isotope mixing 

model (above).  

The fanth values varied within and by season: ~40-60% in the winter, ~20-40% in the spring 

and fall, and 0-20% in the summer. The SO42-anth concentrations (fanth*[SO42-NSS]) range from 0-

2.5 nmol/m3, with an annual average of 0.6 nmol/m3, accounted for 27% of total SO42-NSS. Then, 

assuming the SO42-NSS in the marine collector was purely derived from DMS, the d34SNSS in the 

marine collector can be used as the d34SDMS in the equation. Under this situation, the fanth values 

were ~40-50% in the winter, ~5-20% in the spring and fall, and 0-15% in the summer (Figure 

2.3c). The annual average fanth was 21%. Therefore, we suggest the SO42-anth accounted for 21-27% 

of total SO42-NSS at Baring Head. Davy (2007) and Davy et al. (2008, 2012) had also observed 

similar SO42-NSS concentrations and seasonal variations at Lower Hutt, a coastal town ~20 km from 

Baring Head, but the contribution of SO42-DMS were unexamined. We suggest their SO42-NSS 

sources were similar to our results: SO42-DMS contributed >70% of total SO42-NSS, and SO42-anth 

accounted for the rest. 

The anthropogenic sulfate contributions at Baring Head were significantly lower than the 

Northern Hemisphere marine boundary layer. The 21-27% anthropogenic contribution was much 

lower than most studies in the Northern Hemisphere coastal areas where 30% to >90% SO42-NSS 

was anthropogenic (Seguin et al., 2011; Xu and Gao, 2015; Ghahremaninezhad et al., 2016), but 

only slightly higher than remote Midway Island (20%) in the Northern Pacific Ocean (Savoie and 

Prospero, 1989). Local sulfur emission at Midway Island are minor (IEA, 2014), thus SO42-anth 

should represent the sulfate background in the Northern Hemisphere. In contrast, Baring Head is 

~20 km from Wellington that has significant SO2 emission, and our data suggests this is the major, 

if not sole, SO42-anth source at Baring Head. This means the background SO42-anth level near the 

Southern Ocean must be very low, in agreement with our observation from the marine collector 

and the modeled results in (Capaldo et al., 1999). Future atmospheric modeling work incorporated 

with sulfur isotopic module could potentially distinguish the Southern Hemisphere background 

SO42-anth from SO42-anth emissions from Wellington. 

SO42-DMS collected in the ambient aerosols showed similar seasonal trend as the marine 

collector, while the anthropogenic sulfate displayed little seasonal variation (Figure 2.3c). Sulfate 

source apportionment determined using sulfur isotopes allow us to examine the seasonal variations 

of both DMS and anthropogenic derived sulfate. Similar to the SO42- from the marine collector, 
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the ambient SO42-DMS show lower flux in the winter and higher flux in the summer, but with a more 

significant variation (0.5 to 4 nmol/m3) throughout the year. This is because the samples were 

collected weekly, so they would better capture the variation of DMS oxidation at a finer time scale. 

If we average the SO42-NSS concentration in the ambient collector to the same sampling window as 

the marine collector, a similar seasonal trend was observed. Meantime, the anthropogenic flux 

ranged from near zero to ~2.5 nmol/m3, with little variation throughout the year and no clear 

seasonal trend. Overall, because of the low contribution of SO42-anth, the seasonal variation of 

sulfate concentration at Baring Head is mainly controlled by the variation of SO42-DMS. 

However, uncertainties exist in our source appointment because 1) the sampling intervals 

were ~one month for the marine collector and one week for the ambient collector, thus the marine 

collector could not record the accurate d34SDMS endmember; 2) the atmospheric chemistry of 

sulfate formation in the urban areas and the open ocean were different because of the differences 

in NOx, VOC and O3 concentrations, hence the isotopic fractionation between SO2 and sulfate may 

be different (Harris et al., 2012); and 3) the d34S of anthropogenic sulfate could display a wider 

range (Calhoun et al., 1991; Norman et al., 1999; Wadleigh, 2004). Nevertheless, these 

uncertainties would not significantly impact our calculation. 

2.4 Conclusions 

We investigated the source distribution and seasonal variations of size-aggregated sulfate 

aerosols on a coastal site at Baring Head, New Zealand from marine and ambient collectors. We 

suggested using total [Na+] or [Mg2+] instead of purely ionic [Mg2+] to estimate the sea-salt sulfate 

concentration could exclude the error caused by high Na in filter blanks and Mg complexes in sea 

salt aerosols. In our samples, coarse aerosol sulfate was dominated by SO42-SS, the variation of 

which was mainly determined by a combination of wind speed and wave height; fine aerosol 

sulfate was dominated by SO42-NSS. Therefore, the sulfate in the oceanic CCN was mainly 

controlled by SO42-NSS. 

d34SNSS in both collectors provided a direct observation of the relative importance of SO42-

DMS and SO42-anth in the mid-latitude Southern Ocean. The SO42-NSS in marine collector was 

primarily (88-100%) of DMS origin. The concentrations of SO42-DMS showed significant seasonal 

variation, which allow us to attribute the observed high summer CCN level in the Southern Ocean 

troposphere to the elevated DMS emission. The ambient SO42-NSS displayed a lower and wider 
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range of d34S values, indicating a mixture between SO42-DMS and SO42-anth with the average 

anthropogenic contribution range between 21-27%. Our observations suggested a much lower 

SO42-anth background in the Southern Hemisphere than the Northern Hemisphere. 
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  ATMOSPHERIC DEPOSITION ACROSS THE 
ATACAMA DESERT, CHILE: COMPOSITIONS, SOURCE 
DISTRIBUTIONS, AND INTERANNUAL COMPARISONS 

This chapter is a reprint from a published article (Li, J., Wang, F., Michalski, G., & Wilkins, 
B. (2019). Atmospheric deposition across the Atacama Desert, Chile: Compositions, source 
distributions, and interannual comparisons. Chemical Geology, 525, 435-446). 

Abstract 

Hyper-arid areas such as the Atacama Desert accumulated significant amounts of insoluble 

dust and soluble salts from the atmosphere, providing minable salt deposits as well as mimicking 

the surface processes on Mars. The deposition rates, compositions and sources, however, were 

poorly constrained. Especially, the variabilities of atmospheric deposition in the Atacama Desert 

corresponding to a changing climate were unassessed. In this work, the atmospheric depositions 

collected using dust traps across a west-east elevation gradient in the Atacama (~23°S) from 

1/2/2010 to 12/31/2011 were analyzed and compared to previous results in 2007-2009. The 

insoluble dust deposition rates in our sampling period were significantly higher than those of 2007-

2009 in most dust traps, which was attributed to the changes in wind, highlighting the importance 

of long-term monitoring of insoluble dust fluxes. Soluble salts, instead, showed less distinct 

interannual variations in deposition rates, geochemical compositions or source contributions. At 

the coastal site (T1), soluble salts were originated from both primary sea-salt (SS) aerosols and 

non-sea-salt (NSS) sources such as anthropogenic emission, marine biogenic emission and 

biomass burning; the deposition rates of these salts largely depended on the wind speed and the 

amount of anthropogenic emissions. Sulfur isotopic evidence further showed that NSS sulfate at 

T1 was mainly originated from local SO2 emission from local power plants. The inland sites (T2-

T8) displayed much lower soluble salts deposition rates, and the salts were primarily sourced from 

entrainment of local surface minerals, including Na(Cl, NO3), CaSO4, and nitrate formed via 

atmospheric oxidation of anthropogenic NOx. Sulfur isotopic compositions of sulfate deposited at 

T2-T8 were similar to those in local surface soil; however, three sites near the Chuquicamata mine 

showed slightly lower d34Ssulfate values, indicating the presence of secondary sulfate originated 

from mining activities. The soluble salts deposited at the Andean site (T10) were dominantly from 
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wet deposition that incorporated local lake salts, and therefore, the deposition rates were mainly 

controlled by the amount of precipitation. 

3.1 Introduction 

As one of the driest places on Earth, the Atacama Desert has a hyperarid climate with mean 

annual precipitation (MAP) less than 10 mm (Ericksen, 1981). The surface soil in the Atacama 

Desert is characterized by 1) very little organic matter content (Ericksen, 1981; Navarro-Gonzalez, 

2003), 2) little to no microbial activity (Navarro-Gonzalez, 2003), 3) slow weathering, leaching, 

and water erosion rates (Ericksen, 1981; Ewing et al., 2008, 2006), and 4) a surface layer of desert 

pavement (Cooke and Warren, 1973; McFadden et al., 1987). In addition, high concentrations of 

soluble salts, such as nitrate, sulfate, chloride, and perchlorate, have been found within Atacama 

soils (e.g., Rech et al., 2003, Bao et al., 2004). This is similar to the occurrences of nitrate salts 

(Kounaves et al., 2014; Stern et al., 2015), subsurface gypsum (CaSO4‧2H2O) crusts (Edwards et 

al., 2005; Fishbaugh et al., 2007), massive chloride deposits (Osterloo et al., 2008), and abundant 

perchlorate (Hecht et al., 2009) on Mars (e.g., Catling et al., 2010; Navarro-Gonzalez, 2003; Vítek 

et al., 2012). Given the similar climatic conditions and soil chemical composition between the 

Atacama and Mars, the processes that led to the formation of these two unique planetary surfaces 

are possibly similar. Therefore, the Atacama Desert is considered as an ideal analog for studying 

the pedogenesis on Mars (e.g., Catling et al., 2010; Navarro-Gonzalez, 2003; Vítek et al., 2012). 

The origins of the Atacama soil salts have long been debated (e.g., Darwin, 1906; Ericksen, 

1983 and refererences therein). While several studies have suggested that groundwater (~43-88 

meters below surface) played a significant role in the formation of some salt deposits in the 

Atacama Desert (Cameron and Leybourne, 2005, Perez-Fodich et al., 2014, Alvarez et al., 2015), 

stable isotopic evidences have suggested that the majority of nitrate, sulfate and perchlorate ions 

in the Atacama top soil were produced photochemically in the atmosphere and then dry deposited 

as gases or dust (Bao et al., 2004; Böhlke et al., 1997; Michalski et al., 2004; Rech et al., 2003). 

Additionally, Wang et al. (2015) proposed a mechanism of soil accumulation via atmospheric 

deposition based on the meteoric 10Be record of a 225 cm soil profile from the hyperarid core of 

the Atacama Desert, further suggesting atmospheric deposition is an important, even the dominant, 

process controlling soil development in the Atacama. Therefore, characterizing the rates, chemical 

compositions and sources of atmospheric deposition across the Atacama will help understand the 
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soil development processes in the Atacama, with potential implications for a surface evolution 

mechanism on Mars.  

Due to the lack of standard deposition monitoring stations, only a few studies have attempted 

to collect and analyze the atmospheric depositions in the Atacama. Ewing et al. (2006) first 

quantified the deposition rates of major ions (Na+, Ca2+, NO3-, Cl- and SO42-) at three sites along a 

300 km north-south transect and observed significant spatial variations in ion depositions. 

However, since these sites were all located the hyperarid core of the Atacama, whether they can 

represent the atmospheric deposition over the entire Atacama region was unclear. To fill this 

knowledge gap, Wang et al. (2014) set up a series of dust traps along a west-east transect from the 

Pacific coast to the Andean plateau and reported the chemical, mineral, and nitrate isotopic 

compositions of atmospheric deposition collected during 7/10/2007 - 12/31/2009 to characterize 

the atmospheric deposition along this transect.  

However, a few questions still remain after this one-time recovery of atmospheric deposition 

over a 2.5-year sampling period. First, it is unclear whether the atmospheric depositions in the 

Atacama show interannual variations, which were observed in some other arid areas such as 

Southern California, U.S., Nevada, U.S., and Gansu, China (e.g., Reheis, 1997; Reheis and Kihl, 

1995; Ta et al., 2004). Second, it is unknown how shifted climate conditions would affect the 

deposition in the Atacama. Last, there is little knowledge on the impact of anthropogenic activities 

(mainly mining and transportation) to the atmospheric deposition in the Atacama Desert. Thus, a 

follow-up comparison study to (Wang et al., 2014) was necessary to examine and interpret the 

interannual variabilities of atmospheric deposition in the Atacama. 

In this study, atmospheric depositions were collected during 1/2/2010 - 12/31/2011 by the 

same nine dust traps set up by (Wang et al., 2014). The deposition rates as well as the chemical 

and isotopic compositions were analyzed and compared with the 2007-2009 results to investigate 

their interannual variations. These interannual comparisons can help understand the impact of 

climate, weather conditions and anthropogenic activities on the atmospheric deposition in the 

Atacama and assess the credibility of using annual average deposition to estimate the deposition 

over a longer period. 
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3.2 Sampling and analytical methods 

The Atacama Desert, bordered on the west and by the Pacific Ocean on the east by the Andes , 

is divided into three physiographic provinces (Figure 3.1A, from west to east): Coastal Range 

consisting of Mesozoic igneous and 

sedimentary rocks (Clarke, 2005), 

which runs in a general north-south 

direction adjacent to the Pacific 

Ocean with altitude less than 2000 

m; the Central Valley that is filled 

with Oligocene to Pliocene clastic 

sedimentary rocks (Sernageomin, 

1982; Sillitoe et al., 1968) with 

altitude between 900 to 2500 m; and 

the Andes consisting of an altiplano 

about 4000 m in altitude and several 

intertwined pre-Andean ranges and 

basins (e.g. the Atacama Basin, 

Clarke, 2005) that abut the Andean 

Cordillera.  

A series of nine dust traps 

were previously set up as shown in 

Figure 3.1 (Wang et al., 2014) along 

a west-east transect in the Atacama: 

T1 on the Costal Range, T2-T6 in 

the Central Valley, T7 on the pre-

Andean range, T8 in the Atacama 

Basin and T10 on the Andes. 

Locations of dust traps were 

carefully selected to minimize the 

influence of anthropogenic 

activities, particularly open-pit 

Figure 3.1 Geological map (A) of the Atacama Desert 
showing the locations of dust traps, and the sketch of the 
transect (B) modified from Wang et al., (2014). 
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mining activities that were widespread in the region. Each dust trap was made of a single-piece 

Bundt pan with the outer ring diameter of 25 cm and surface area of 477 cm2. One piece of 0.25-

inch-galvanized mesh was fixed on top of each pan, and a layer of glass marbles were spread on 

the mesh to simulate the effect of surface gravels in preventing wind erosion (Reheis and Kihl, 

1995). The dust traps were all mounted ~1 m above ground to avoid the contamination from 

surface dust. Sample collection spanned from 1/2/2010 to 12/31/2011.  

The sample collection and processing procedures were identical to those used for the 2007-

2009 depositions in Wang et al. (2014). At the end of the exposure period, atmospheric deposition 

in each trap was carefully washed multiple times with Millipore water (18.2 MΩ·cm) into a 1 L 

plastic bottle, to ensure complete transferring of both insoluble and soluble material into the bottle. 

The solutions were then kept frozen, shipped to Purdue University, and freeze-dried to evaporate 

all the water. The residual solid materials were weighed, dissolved in ~100 mL Millipore water, 

and then filtered to separate the soluble salts from insoluble dust. The insoluble dust was 

subsequently freeze-dried to ensure minimum volatilization and weighed to calculate the mass of 

soluble salts. The soluble material mainly included (Na, K)(Cl, NO3), (Na, K)2SO4, (Mg, Ca)SO42-, 

(Mg, Ca)(Cl, NO3)2 and some organic salts. Since the major inorganic salts were undersaturated 

(see results section) in these solutions, we suggest all the major ions have been completely 

dissolved. However, some trace elements (e.g. Mn, Fe, Cu, Zn) forming low-solubility salts might 

not have been completely dissolved (Pan and Wang, 2015), but their fluxes were 3-4 orders of 

magnitude lower than those of the major ions (Pan and Wang, 2015). Therefore, their contributions 

to the total soluble material deposition was less than 0.1%, and the incomplete dissolution of trace 

elements would not introduce significant uncertainties to the calculation of the soluble material 

deposition rates here. 

For cation (Na+, K+, Ca2+, Mg2+) analysis, 5 mL of each solution was mixed with 5 mL 10% 

HNO3, then analyzed by ICP-OES (Thermo Scientific, Pittsburgh, PA, USA) in the Purdue Rare 

Isotope Measurement (PRIME) Laboratory at Purdue University. Another aliquot of each solution 

was used for anion (Cl-, NO3-, SO42-) analysis using a Dionex DX-500 Ion Chromatography 

(Dionex Corp., Sunnyvale, CA, USA) in the Purdue Stable Isotope Laboratory at Purdue 

University. For all ions at the T1 site, we calculated the enrichment factors (EF) relative to seawater 

by assuming all the Na+ deposition in T1 was originated from seawater (Table 2, see discussion): 

EFX=(X/Na+)T1/(X/Na+)seawater 
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in which (X/Na+)T1 represented the molar ratio of any ion (X) to Na+ at T1 and (X/Na+)seawater was 

the molar ratio of ion X to Na+ in seawater (Pilson, 2012). EF values less than 1 suggested biologic, 

chemical, or physical losses of ion X, and the loss of X was defined as X deficit: X deficit = 

[Na+]T1×(X/Na+)seawater – [X]T1. EF values greater than 1 indicated extra source(s) other than 

seawater for ion X, and the ion X was divided into sea-salt ion (SS-X) and non-sea-salt ion (NSS-

X): SS-X= [Na+]T1×(X/Na+)seawater; NSS-X = [X]T1 – [Na+]T1×(X/Na+)seawater.  

Sulfur isotopic analysis of soluble sulfate was performed at the Purdue Stable Isotope 

Laboratory. A 0.5 mL of 5% acidified BaCl2 was added into 5 ml of each solution to completely 

precipitate sulfate as BaSO4 that was then extracted, weighed, mixed with V2O5 powder, and 

combusted at 980 °C in a Costech Elemental Analyzer. The produced SO2 was then directed to an 

isotope ratio mass spectrometer (IRMS-Thermo Delta V Plus) equipped with a ConFlo interface 

for isotopic analysis. The sulfur isotopic compositions were reported in delta notation: d34S = 

((34S/32S)sample/(34S/32S)reference-1)*1000‰, in which the reference material is Vienna-Canyon 

Diablo Troillite (VCDT), the standard deviation (1s) of our sulfur isotopic analysis was ±0.2‰. 

3.3 Results  

Bulk mass (insoluble dust and soluble salts) atmospheric deposition rates varied significantly 

along the west-east transect, 

with the lowest deposition rate 

of 4.3 g/m2/yr at T8 and the 

highest of 149.2 g/m2/yr at T10 

(Figure 3.2). The spatial 

variations in the bulk mass 

deposition rates were mainly 

controlled by the insoluble dust 

deposition rates that spanned 

from 3.8 g/m2/yr to 149.0 

g/m2/yr (Figure 3.2). Dust traps 

in mountainous regions showed 

higher insoluble dust deposition 

rates: 18.5 g/m2/yr at T1, 80.9 
Figure 3.2 Insoluble dust and soluble salts depositions of T1-

T10 during both sampling periods. 
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g/m2/yr at T7 and 149.0 g/m2/yr at T10, while T2-T6 (Central Valley) and T8 (Atacama Basin) 

displayed lower insoluble dust deposition rates ranging from 3.8 g/m2/yr to 9.8 g/m2/yr. Comparing 

to the 2007-2009 period, the insoluble dust deposition rates in 2010-2011 increased by 11% to 

2723%. The exception was T8, the insoluble dust deposition of which decreased by 47% from 7.1 

g/m2/yr to 3.8 g/m2/yr (Figure 3.2).  

The deposition rates of soluble salts ranged from 0.2 to 6.0 g/m2/yr and displayed a general 

decreasing trend from T1 to T10 (Figures 3.2 and 3.3). The coastal site (T1) had the highest soluble 

salts deposition rate (6.0 g/m2/yr) and the central depression (T2-T7) showed lower but consistent 

deposition rates ranging from 1.7 to 2.3 g/m2/yr. The lowest soluble salts deposition rates were at 

T8 and T10 (<0.5 g/m2/yr). The soluble salts deposition rates also showed interannual variabilities. 

The 2010-2011 soluble salts deposition rates at T1 to T7 increased by 67% - 176% relative to 

2007-2009, while the rates in T8 and T10 decreased by 46% and 57%, respectively.   

Major cations (Na+, Ca2+, K+, Mg2+) and anions (Cl-, NO3-, SO42-) accounted for 47±11% of 

total soluble salts in the dust traps (Table 3.1 and Figure 3.3). Ion concentrations in sample 

solutions suggested that all the solutions were undersaturated, indicating complete dissolving of 

the major ions. Their deposition rates showed a similar spatial variation pattern as the soluble salts 

deposition rates. Among all the sites, T1 displayed the highest ion deposition rates, with the 

depositions of Na+, K+, NO3-, Cl- and SO42- were 3 to 20 times higher than the other sites. T2-T7 

sites had consistently lower ion deposition rates than T1, and the deposition rates of all ions were 

lowest at T8 and T10. Compared to 2007-2009, the 2010-2011 total ion deposition (sum of Na+, 

Ca2+, K+, Mg2+, Cl-, NO3-, SO42-, Figure 3.3) was 98% higher at T1, 20%-85% lower at T3, T4, T6 

and T8, and not significantly different at T2, T5 and T7.  

Figure 3.3 Soluble ion deposition rates at T1-T10 sites during both sampling periods 
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The sulfur isotopic composition of soluble sulfate (d34Ssulfate) in the nine dust traps ranged 

from 4.0‰ to 8.3‰ (Table 3.1, Figure 3.5). The lowest d34Ssulfate value (4.0‰) occurred at T1 

while T8 had the highest d34Ssulfate value of 8.3‰. The d34Ssulfate at T2-T4 were similar (7.1‰ to 

7.6‰), and then showed a decreasing trend from 7.5‰ to 4.7‰ from T4 to T7. The Andean dust 

trap (T10) had the d34Ssulfate of 5.8‰. 

Table 3.1 Deposition rates of soluble cations and anions (in mmol/m2/yr) and insoluble dust (in 
g/m2/yr) during 2010-2011, and their changes (in %) comparing to during 2007-2009. 

 

3.4 Discussion 

3.4.1 Coastal site T1 

The deposition rate of insoluble dust at T1 had significant interannual variations, which 

could be attributed to variations in wind speed, precipitation, and/or anthropogenic activities. T1 

was located on the west side of a hill slope, ~6 km away from the ocean. During 2010-2011, the 

deposition rate of insoluble dust (18.5 g/m2/yr) was 50% higher relative to that of 2007-2009 (12.3 

g/m2/yr, Figures 3.2 and 3.3). The insoluble dust at T1 had been hypothesized to be primarily from 

1) entrainment of down slope dust, which was mainly weathered silicates, and 2) nearby surface 
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and subsurface soil due to nearby open-pit mining activities (Wang et al., 2014). However, no 

significant geomorphology alteration was observed near the city of Mejillones during 2007-2011 

(Sargent et al., 2010), therefore, dust from nearby open-pit mining activities should be minimal. 

Fluctuations in weather conditions, such as increased wind speed, would greatly increase the 

insoluble dust deposition by increasing the entrainment of particles from the surface (Goudie and 

Middleton, 1992; Reheis and Kihl, 1995; Shao et al., 1993). The wave height data off the coast 

supported a higher wind speed during 2010-2011 than 2007-2009. A buoy ~1500 km off the coast 

of Chile in Southern Pacific Ocean (Station 32ST0, National Data Buoy Center, 2018) measured 

hourly wave heights during both sampling periods. The average wave heights during 2010-2011 

(2.42 ± 0.65 m) were higher than those of 2007-2009 (2.21 ± 0.60 m), corresponding to a ~0.5 m/s 

increase in average wind speed using the statistical wave forecasting equation (Group, 1988). 

Besides, the changes in wind speed was likely tied to the occurrence of El Niño since El Niño was 

suggested to reduce the average wind speeds and precipitation in northern and central Chile (Watts 

et al., 2017). 2007, 2008, 2010 and 2011 were all moderate to strong La Niña years, but 2009 was 

a moderate El Niño year (National Weather Service, 2015). Therefore, the average wind speed 

during 2010-2011 could be higher than during 2007-2009, possibly resulting in a higher dust 

deposition rate.  

The soluble salts deposition rates at T1 had increased by 159% in 2010-2011 (6.0 g/m2/yr, 

Figure 3.2) relative to 2007-2009 (2.6 g/m2/yr), and all the inorganic ion deposition rates increased, 

but to different extents (Table 1). The contributions of local soil to the soluble salt depositions 

were estimated using the ion concentrations in the nearby Morro Mejillones surface soil (Wang et 

al., 2014). For most ions, less than 4% of ion deposition could be attributed to the local soil 

deposition, and ~10% K+ was originated from local soil. Therefore, the 159% increase in the 

soluble salts deposition rate cannot be explained by the increased soil flux during 2010-2011 

(Wang et al. 2014). In the following discussion we have subtracted the amount of salts attributed 

to local soil to assess the interannual variations of other ion sources at T1. 

The 2010-2011 deposition rates of major cations (Na+, K+, Mg2+ and Ca2+) at T1 were 

significantly higher than those during 2007-2009, which could, in part, be attributed to the 

interannual variabilities in sea-salt aerosols (SSA) deposition. SSAs were formed by entraining the 

seawater droplets into the atmosphere that were generated by bursting air bubbles or tearing off of 

wave crests. The SSA deposition rates were commonly estimated using the Na+ deposition rate 
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(e.g., Li et al., 2018, Norman et al., 1999) for three reasons. First, it is the most abundant cation in 

seawater (1.08 wt.%, Rees et al., 1978) thus a major component in the SSAs. Second, Na+ is 

biologically inactive and is not likely subject to post-depositional chemical losses in arid regions. 

Third, it has low concentrations in local surface soil (discussed above) and lack any major 

anthropogenic sources. Using Na+ concentrations, we suggest the SSA concentration had increased 

by 75% during 2010-2011 relative to during 2007-2009.  

The deposition of SSA at T1 consist of both wet (precipitation and fog) and dry depositions. 

For any ion, the annual ion deposition rate is quantified by: 

Ion deposition rate = pdCp+ fdvfCf + 365*vdCa       Eq. 1 

The first two terms in Eq. 1 are the wet deposition rate and the latter is the dry deposition rate. In 

Eq.1, pd is the annual precipitation depth (m), Cp is the molar concentration of a SSA ion in rain 

(mmol*m-3), fd is the number of fog days per year, vf is the fog deposition velocity (m/day), Cf is 

the concentration of a SSA ion in fog water (mmol/m3), vd is the dry deposition velocity (m/day) 

and Ca is the concentration of a SSA ion in the atmosphere (mmol/m3). An increase in 

precipitation, fog deposition velocities, and/or SSA concentrations would result in an increase in 

annual ion deposition rates, therefore we evaluated any potential increase in these terms during 

2010-2011 relative to 2007-2009.  

Changes in the annual precipitation depth (pd) was determined using archived data from 

ASA (Andres Sabella Airport, NOAA Climate Data Online Database, 2018) station, located ~30 

km south of the T1 site (Figure 3.1). Annual precipitation depth at ASA was 1.0 mm/yr during 

2007-2009 and 4.3 mm/yr during 2010-2011. The contribution of precipitation to total deposition, 

however, was small. Assuming the precipitation contains 20 ppm Na+, an upper limit for Na+ 

concentrations in coastal rain (Brecciaroli et al., 2012), the precipitation only contributed 3.3 

mmol/m2/yr of Na+ during 2010-2011 (8% of total Na+ deposition) and 0.5 mmol/m2/yr of Na+ 

during 2007-2009 (2% of total Na+ deposition). This was a net increase in Na+ deposition of only 

2.8 mmol/m2/yr, which could only account for 15% of the observed increase (75%) in the Na+ 

deposition rate.  

Changes in annual fog water deposition depth (fdvf) was also determined using archived 

meteorology data collected at ASA. Fog deposition was estimated by assuming fog would form 

when the minimum daily temperature was lower than the daily dew point and vf was the same in 
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both study periods. Daily temperature minimums at T1 (Tmin) were estimated using the minimum 

temperatures at ASA (T0), the altitude difference between T1 and ASA (h=0.454 km), and the dry 

adiabatic lapse rate (L=-9.8 K/km): Tmin=T0+h*L. By comparing Tmin and the daily dew point, fog 

events likely occurred 186 days/yr during 2007-2009 and 176 days/yr during 2010-2011. Using an 

estimated fog deposition of 0.1 mm per event (Merriam, 1973), and measured fog water Na+ 

concentration of 5 ppm (Schemenauer et al., 1992), we estimated that the Na+ flux from fog 

deposition was 4.2 mmol/m2/yr during 2007-2009 and 3.8 mmol/m2/yr during 2010-2011. This 

resulted in a 5% decrease, also cannot explain the observed 75% increase in SSA deposition in 

2010-2011.  

The higher SSA deposition at T1 may be due to an increased SSA dry deposition flux 

(vd*Ca). The dry deposition velocity (vd) of SSA deposition was often treated as a constant 

(Seinfeld et al., 1998, Tedeschi et al., 2017) since most SSA masses are in the large particle fraction 

(Liang et al., 2016; McDonald et al., 1982). Therefore, the changes in SSA should be mainly due 

to changes in SSA concentrations (Ca), which were strongly affected by wind speed (Jaeglé et al., 

2011; Kishcha et al., 2011; Lewis and Schwartz, 2004; Li et al., 2018; Mårtensson et al., 2003; 

McDonald et al., 1982; O ’dowd et al., 2007; Zakey et al., 2008). In the open ocean, SSA 

concentration is positively correlated to the wind speed. For example, Dror et al. (2018) observed 

a linear relationship between annual average wind speed and SSA concentration at South Pacific 

Ocean, showing a 0.4 m/s increase in wind speed would increase SSA concentration by ~10%. 

Using the wave height data (discussed above), which corresponding to an average wind speed 

increase of ~0.5 m/s in the 2010-2011 relative to 2007-2009, we suggested that the average SSA 

concentration in the open ocean during 2010-2011 should be 10% - 20% higher than during 2007-

2009. While significant, this predicted increase was still significantly lower than our observed 75% 

increase at T1.  

Unlike open ocean, the SSA production at coastal regions was also affected by the depth 

and topography of the sea floor (Lewis and Schwartz, 2004). As a result, the effect of wind speed 

on the concentrations of SSAs was no longer a simple linear relationship (Lewandowska and 

Falkowska, 2013). Exponential relationships between the wind speed and SSA concentrations had 

been observed along coastal areas (McDonald et al., 1982; Lewandowska and Falkowska, 2013). 

McDonald et al. (1982) suggested that an increase in wind speed from 3.4 m/s to 10 m/s could 

increase the SSA concentration by 6.7 times along the coast. Using the data in McDonald et al. 
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(1982) and assuming SSA concentration increases exponentially with increasing wind speed, we 

estimated that 0.5 m/s increase in coastal wind speed could increase the SSA concentration by 

15.2%. Lewandowska and Falkowska (2013) also noted an exponential increase of SSA 

concentration (i.e., Na+ concentration) with increased wind speed (v) along coastal zones in 

southern Baltic Sea: [Na+] = 0.3*e0.55*v when v>7 m/s and [Na+] = 4.3*e0.30*v when v<7 m/s and 

v>5 m/s. Using these equations, we 

calculated that an increase in wind speed 

of 0.5 m/s would result in 16-32% 

increase of SSA flux. The combination of 

above factors (15% increase of SSA from 

wet deposition, 10%-20% increase of 

SSA produced in the open ocean and 16-

32% increase of SSA produced on the 

coast) still cannot fully account for the 

observed 75% increase in our sampling 

period, indicating other factors, i.e., 

strong wind events from the ocean, were 

important but unaccounted. Future study 

should use more sophisticated models to 

better quantify the emission of SSAs in 

the coastal areas (e.g., Callaghan, 2013; 

Demoisson et al., 2013) but it is beyond 

the scope of our work. 

Non-sea-salt (NSS) soluble salts also contributed to the deposition of some inorganic ions 

at T1. The EFs of SO42-, K+ and Ca2+ were higher than 1, indicating 

extra sources of these ions other than SSAs at T1 (Table 3.2 and Figure 

3.4). Additionally, since SSAs contain little NO3- (Rees et al., 1978), 

the observed NO3- at T1 was also originated from NSS sources. While 

NSS-SO42- and NO3- were mainly produced by atmospheric oxidation 

of NOx and SO2 gases (see detailed discussions below), NSS-K+ and 

Figure 3.4 NSS ions depositions (or SSA deficit) at T1. 
Positive values indicate non-sea-salt ion input (EF>1) 
and negative values indicate deficit from sea salt 
composition. Different colors represent different 
processes that might lead to SSA deficit or serve as 
non-sea-salt sources. 

Ion EF 
Na+ 1.00 
K+ 1.17 
Mg2+ 0.81 
Ca2+ 7.26 
Cl- 0.76 
SO42- 4.14 

 

Table 3.2 Enrichment 
Factors of each ion at T1 
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NSS-Ca2+ were likely directly emitted during several processes, including biomass burning, 

anthropogenic emissions and marine biogenic activities. 

The NSS-K+ deposition rate was calculated (NSS-K+=[K+]T1 – [Na+]T1×(K+/Na+)seawater, 

where (K+/Na+)seawater = 0.0218, Rees et al., 1978) to be 0.15 mmol/m2/yr during 2010-2011, 

decreased by ~63% compared to during 2007-2009 (0.41 mmol/m2/yr). The origins of NSS-K+ at 

T1 were possibly forest biomass burning in central Chile and anthropogenic emissions (Figure 

3.4). Forest biomass burning in central Chile could be a major source of NSS-K+ deposition 

(Bańales-Seguel et al., 2018; Pachon et al., 2013). The NSS-K+ in aerosols (~40 ng/m3) at Paposo, 

a small coastal town ~150 km away from Antofagasta, was suggested to be mainly originated from 

biomass burning (Chand et al., 2010). Meantime, anthropogenic emissions, especially coal 

burning, could be a potential NSS-K+ source. Coal burning ash was suggested to contain 0.19% 

wt. to 0.71% wt. K+ (Zhang et al., 2018), which could account for some of the K+ deposition at T1 

but was difficult to quantify. The number of forest fires in Chile had decreased from 6092 events 

per year during 2007-2009 to 4511 events per year during 2010-2011 (National Forest Corporation 

in Chile, 2018, in Spanish), and the energy production rate at Edelnor Power Plant located ~10 km 

from T1 the had decreased by 12% from 2007-2009 to 2010-2011 (Global Energy Observatory, 

2011). These suggested a decreased NSS-K+ emissions during 2010-2011, in agreement with the 

observed lower NSS-K+ deposition rate.  

The NSS-Ca2+ increased by 58% from 3.6 mmol/m2/yr during 2007-2009 to 5.6 

mmol/m2/yr during 2010-2011. Using the emission factors of K+ (0.29 g/kg) and Ca2+ (0.085 g/kg) 

during biomass burning (Akagi et al., 2011) and assuming all NSS-K+ at T1 was originated from 

biomass burning, the maximum contribution of biomass burning NSS-Ca2+ was calculated to be 

0.044 mmol/m2/yr. This small contribution was corresponding to 1.2% of total NSS-Ca2+, 

suggesting biomass burning was not an important NSS-Ca2+ source (Figure 3.4). Also, the NSS-

Ca2+ was not likely derived from the entrainment of gypsum minerals because the nearest gypsum-

rich salt playas existed >80 km away from T1 and on the east side of the Costal Range (Rech et 

al., 2003; Stoertz and Ericksen, 2009; Wang et al., 2014) from which the gypsum transportation 

should be substantially blocked. Therefore, we suggest marine CaCO3 input from the 

microorganisms with calcified shells on the surface layer of the ocean might be the major source 

of NSS-Ca2+ (Fitzgerald, 1991; Hardy, 1982; MacIntyre, 1974; Wang et al., 2014). Although 

CaCO3 aerosols were less soluble in water, they could form Ca(NO3)2 or CaSO4 with soluble Ca2+ 
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ions via acid displacement reactions in the atmosphere (see discussion below). Additionally, since 

marine biogenic CaCO3 particles would be entrained into the atmosphere similar to SSAs, their 

variation in deposition rates should also be similar: the observed 58% increase in NSS-Ca2+ was 

in general agreement with the 75% increase in SSAs, again supporting our hypothesis that NSS-

Ca2+ was probably marine biogenically originated.  

The Mg2+ deposition rate was 3.8 mmol/m2/yr during 2010-2011, slightly depleted relative 

to seawater (EFMg =0.8), and the Mg2+ deficit (0.9 mmol/m2/yr) decreased by 41% compared to 

during 2007-2009 (1.5 mmol/m2/yr, EFMg=0.5, Figure 3.4). Biomass burning could be a potential 

NSS-Mg2+ source and was calculated (similar to biomass burning Ca2+) to be ~0.02 mmol/m2/yr. 

However, a depletion of Mg2+ relative to SSAs was observed, which was also previously observed 

during 2007-2009 and attributed to the formation of MgCO3 and Mg(OH)2 inside the dust 

collection pan during fog events (Wang et al., 2014). Alternatively, the formation of Mg complexes 

with lipids, fatty acids and saccharides during the formation of SSAs (Jayarathne et al., 2016) 

might also resulted in the observed Mg2+ depletion. These Mg complexes were less soluble (or 

insoluble) due to their high molecular weight, thus some Mg might not be dissolved and were 

removed during the filtration, resulting in a lower dissolved Mg concentration relative to seawater. 

The Cl- deposition rate during 2010-2011 also increased relative to during 2007-2009 

because of a higher SSA flux, but Cl- was very depleted relative to seawater (EFCl =0.76, Figure 

3.4). This chloride deficit was commonly observed in marine aerosols (Kerminen et al., 1998; 

Laskin et al., 2012; McInnes et al., 1994; Wang et al., 2014) and was due to the loss of Cl- (and 

CO32-) in aerosols via acid displacement reactions (Ayers et al., 1999; Metzger et al., 2006; 

Newberg et al., 2005): 

HNO3(g) + NaCl(p) à NaNO3(p) + HCl(g)     (R1) 

H2SO4(g) + 2NaCl(p) à Na2SO4(p) + 2HCl(g)     (R2) 

2HNO3(g) + CaCO3(p) à Ca(NO3)2(p) + H2O + CO2(g)   (R3) 

H2SO4(g) + CaCO3(p) à CaSO4(p) + H2O + CO2(g)    (R4) 

Assuming SSA was the sole source of Cl- at T1, the Cl- deficit was calculated to be 11.2 

mmol/m2/yr, significantly less than the 17.9 mmol/m2/yr deficit during 2007-2009. This may be 

because CO32- is kinetically and thermodynamically favorable to be displaced by HNO3 or H2SO4 

relative to Cl- (Clarke and Karani, 1992). Assuming that CO32- is present as CaCO3 then the amount 

of CO32- displaced should be equal to the amount of NSS-Ca2+, i.e. 5.6 mmol/m2/yr. The total 
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negative charge deficit from Cl- (11.2 mmol/m2/yr) and CO32- (5.6 mmol/m2/yr) in milliequivents 

(meq) was 11.2+5.6*2=22.4 meq/m2/yr. This is close to the total amount of NO3- (5.6 meq/m2/yr) 

and NSS-SO42- (7.8*2=15.6 meq/m2/yr) measured at T1.  

The deposition of NO3- at T1 must be largely originated from anthropogenic N emissions 

and any interannual variation must be due to a change in N emissions (Alexander et al., 2009; 

Fitzgerald, 1991). The deposition rate of NO3- at T1 during 2010-2011 was 5.6 mmol/m2/yr, a 

~61% increase compared to during 2007-2009 (Wang et al., 2014), which should be attribute to 

an increased local NOx emission (Galloway, 1985; Galloway et al., 1996). In November 2010 a 

new nitric acid plant was built near the city of Mejillones (Panna 4, Enaex S.A., Figure 3.1), which 

was only 10 to 15 km away from T1 (Enaex Memoria Annual, 2011). Nitric acid plants emitted 

NOx, N2O and trace amounts of HNO3 mist (Wood and Cowie, 2004), which could significantly 

increase local deposition rate of NO3- (Kumar et al., 2005; Schindler et al., 2006). This extra 

emission occurred in 14 of our 24-month sampling period (Nov. 2010 to Dec. 2011). Assuming 

the NO3- deposition rate in the first 10 months was the same as the 2007-2009 value, then the NO3- 

deposition rate due to the nitric acid plant could be as high as 7.1 mmol/m2/yr, twice the NO3- 

deposition rate of 2007-2009. This increase was supported by the calculated HNO3 emission from 

the plant that was calculated from the annual yield (800,000 tons/yr, Panna 4, Enaex S.A.; Enaex 

Memoria Annual, 2011, in Spanish) and the estimated NOx emission factors ranging from 0.5-3 

kg/ton (Cheremisinoff, 2016) by assuming the emitted HNO3 were evenly spread within a 50 km 

radius. The HNO3 deposition due to the plant ranged from 0.81 to 4.85 mmol/m2/yr, consistent 

with the observed increase of 3.6 mmol/m2/yr. 

Both SS-SO42- and NSS-SO42- were important sulfate sources at T1. The SS-SO42- 

deposition rate was 2.5 mmol/m2/yr, and the NSS-SO42- deposition rate (7.9 mmol/m2/yr) 

accounted for 76% of total SO42- deposition rate at T1 during 2010-2011, similar to that of 8.1 

mmol/m2/yr in 2007-2009. The NSS-SO42- at T1, accounting for 74% of total Cl- and CO32- deficit, 

was also suggested to directly impact the number of cloud condensation nuclei (Lana et al., 2011; 

Li et al., 2018), and therefore, was important to understand its sources. Volcanic sources were 

ignored because of there was no nearby volcanic eruptions during the sampling period. Therefore, 

NSS-SO42- were mainly sourced from oxidation of SO2, which was either directly emitted from 

anthropogenic activities, or formed from oxidation of dimethyl sulfide (DMS) produced during 

marine biological processes (Li et al., 2018).  
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d34Ssulfate values were used to evaluate the relative contribution of anthropogenic and 

biogenic emissions to the NSS-SO42- deposition rate. A two-component isotope mixing model was 

first used to evaluate the d34S of NSS-SO42- (d34SNSS): 

fSS d34SSS + fNSS d34SNSS = d34ST1       Eq. 2 

fSS  + fNSS  = 1           Eq. 3 

where fSS and fNSS are the mole fractions of SS-SO42- (0.24) and NSS-SO42- (0.76), respectively; 

the d34S value of SS-SO42- (d34SSS) is 21.0±0.1‰ (Rees et al., 1978), and the measured d34Ssulfate 

value at T1 (d34ST1) is 4.0‰. This resulted in the d34SNSS of -1.4‰. Sulfate derived from 

anthropogenic coal burning had d34S values ranging from -3‰ to +3‰ (Norman et al., 1999), 

while biogenic DMS-derived SO42- had the d34S values of ~+18‰ (Sanusi et al., 2006; Patris et 

al., 2007). The calculated d34SNSS of -1.4‰ suggested that regional anthropogenic SO2 emissions 

(mostly coal burning at Edelnor Power Plant located ~10 km from T1) should be the dominant 

NSS-SO42- source at T1: the contribution of anthropogenic emission was at least 92% (~7.3 

mmol/m2/yr) using the lower limit of anthropogenic d34S value (-3‰) and could be as high as 

100% (~7.9 mmol/m2/yr). Anthropogenic sulfate deposition rate at T1 were previously estimated 

by Wang et al. (2014) using the inventory calculations, which suggested a range of 3.1 mmol/m2/yr 

to 5.8 mmol/m2/yr, lower than our estimation. This discrepancy could be attributed to two 

possibilities. The first possibility was that the anthropogenic emissions during our sampling period 

had increased since the 2007-2009 period, possibly due to significantly higher SO2 emissions at 

the Edelnor power plant. However, the energy production rate of the Edelnor power plant had 

decreased by 12% from 2007-2009 to 2010-2011 (Global Energy Observatory, 2011), and the SO2 

emission was unlikely to increase considering the anthropogenic S emission was usually 

proportional to the energy production in power plants. Alternatively, we suggest the flux 

calculation using emission inventory may underestimate the NSS-SO42- deposition. Wang et al. 

(2014) calculated the SO2 flux at T1 by assuming the emitted SO2 was evenly distributed in a circle 

area with radius of 180-216 km, which was likely to underestimate the SO42- deposition rate at T1 

since T1 was only 10 km from the power plant.  

The d34ST1 was significantly lower than the d34S of sulfate extracted from surface soil 

samples (Figure 3.5) along a 50 km long west-east transect starting near Antofagasta by Rech et 
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al. (2003). Sulfate in soils located ~30 km to the south of T1 site had d34Ssulfate values of +15‰ - 

+18‰, which were attributed to SS-SO42- being the main source of soil sulfate near the coast. Our 

data suggested that anthropogenic sulfate depositions have recently dwarfed natural SO42- 

deposition along the coast and is a further evidence of the Anthropocene (Capaldo et al., 1999; 

Crutzen, 2002; Li et al., 2018; Wadleigh, 2004). 

 

3.4.2 Inland sites T2-T8 

The 2010-2011 deposition data confirmed that the atmospheric depositions at T2 to T8 

sites were likely controlled by local entrainment of insoluble dust and soluble salts as suggested 

by (Wang et al., 2014). Oceanic inputs at our inland sites were small because of fast settlement of 

large particles and efficient blocking by the Coastal Range (Wang et al., 2014, Rech et al., 2003), 

evidenced by the fact that the deposition rate of Na+ at T2 was 90% lower than T1. Similarly, the 

material from the Andes was also unlikely to be transported to the inland sites for several reasons. 

First, the deposition rates of salts at the Andean site (T10, see discussion in 4.3) were much lower 

than the inland site traps, indicating very limited input from the Andean to the Atacama. Secondly, 

due to the daytime upslope air flow caused by the fast heating of the Andean west slopes, namely 

Figure 3.5 d34Ssulfate values of atmospheric depositions at T1-T10 (red dots) comparing with 
d34Ssulfate values of nearby soil gypsum in Rech et al. (2003). 
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the “Andean pump effect” (Rutllant et al., 2013), the seaward air mass movement should be low 

and not conducive to the inland transportation of Andean inputs. Instead, the depositions at these 

inland sites were more likely derived from local entrainments of surface soil and anthropogenic 

emissions.  

Insoluble dust deposition at the inland sites showed significant variations between the two 

sampling periods (50%-100% increase at T2-T6 sites, 46% decrease at T8 site, and 27 times 

increase at T7), which was caused by a combination of increased wind speed and anthropogenic 

activities. Significant spatial variations among different sites (3.8-80.9 g/m2/yr) were again 

observed. Since all the traps were set in the open field with small geomorphological variations 

among the locations of traps (Wang et al., 2014), these spatial variations were unlikely caused by 

biased sampling but reflected the average atmospheric depositions of the region. However, all the 

sites except for T8 (discussed below) displayed significant increases in insoluble dust deposition 

rates during 2010-2011, which can be attributed to a combination of higher average wind speed 

(Watt et al., 2017) and enhanced anthropogenic activities. The archived wind speed data at Calama 

site (Figure 3.1, NOAA Climate Data Online Database, 2018) showed that the average wind speed 

during 2010-2011 (14.9±2.0 m/s, n=630) was statistically significantly higher (p<0.05) than those 

of 2007-2009 (14.6±2.0 m/s, n=811). This increased wind speed can at least partially explain the 

general increasing trend in insoluble dust deposition at T2-T6, similar to the increased insoluble 

dust deposition at the coastal site (T1). Similar interannual variations have also been observed at 

several desert sites in California (Reheis, 1997; Reheis and Kihl, 1995), probably owing to the 

susceptibility of surface soil to local entrainment in arid environments. Meanwhile, the huge 

increase in insoluble dust deposition at T7 (27 times increase) was possibly caused by nearby 

anthropogenic activities. The satellite images near T7 (Figures 3.6A, B) suggested that a major 

new mine located ~ 60 km SW from T7 came into operation between 2007 and 2011. Meantime, 

the size of another open-pit gravel mine located 10 km from T7 expanded significantly from 2007 

to 2011 (Figures 3.6C, D). These mining activities could significantly increase local soil 

entrainment and insoluble dust deposition rate at T7.  

The soluble salts at T2-T8 were mainly in the forms of Na(Cl, NO3) and CaSO4 with the molar 

ratios of both Na+/(Cl-+NO3-) and Ca2+/SO42- close to 1 (except for T8, see discussion below). 

The Ca2+/SO42- molar ratios in these traps of ~1 (i.e. 0.87 to 1.10) suggested that CaSO4 was 
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mostly sourced from the widespread gypsum minerals in local surface soil (Ericksen, 1981, Rech 

et al., 2003). Na+ and Cl- were likely originated from chloride deposits in the nearby salt playas.  

 

Figure 3.6 Google Time Lapse images for 3 locations near sampling sites: A, B: a mine site located 
~ 60 km SW from T7; C, D: an open-pit mine located 10 km from T7; E, F: the lake next to T10. 
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For example, the Salar de Pampa Blanca located only 7.5 km from T5 (Stoertz and 

Ericksen, 2009) likely contributed to the highest deposition rates of Na+ and Cl- at T5 among the 

seven inland sites. The NO3- deposition at T2-T7 (1.4 to 3.6 mmol/m2/yr) can originate from both 

anthropogenic NOx emissions and local soil entrainment (Michalski et al., 2003). The Cl-/Na+ ratio 

at T2-T7 averaged at 0.42±0.15, close to the average Cl-/Na+ ratio (0.43) in the Atacama soil 

(Grossling and Ericksen, 1971; Michalski et al., 2004), supporting that most Na+ and Cl- should 

be originated from local soil and salt playas. In 2010-2011, the deposition rates of CaSO4 at T2 

and T6 slightly decreased by 5.7%-9.4% while other traps showed increases of 15.4%-34.7%; the 

Na+ deposition rate at T2 increased by 2.7% and other traps showed decreased depositions by 

17.8%-51.6%. This overall increased CaSO4 deposition and decreased Na(Cl,NO3) deposition can 

also be explained by the increased wind during 2010-2011. Most Atacama soil had a well-

developed gypsum crust on the surface, while the nitrate and chloride were usually observed 

beneath the surface layer (Wang et al., 2014). As a result, stronger wind would result in more 

entrainment from the surface layer and less entrainment from the deeper soil layers. However, 

these ratios were significantly higher than the Cl-/Na+ ratios observed in 2007-2009 (0.25±0.07), 

where (Wang et al., 2014) suggested that significant acidic displacement reaction had occurred. 

This higher ratio, along with lower NO3- deposition rate in 2010-2011 (38% lower than 2007-

2009), suggested weaker acidic displacement during our sampling period. This may at least 

partially be attributed to a drier climate during 2010-2011 since the acidic displacement reaction 

will be greatly inhibited at a lower relative humidity (RH, Laskin et al., 2012): at the Calama site 

(near T6 & T7): the average RH during 2007-2009 was 33.5% while the average RH during 2010-

2011 was 27.6%.  

The d34Ssulfate at T2-T4 ranged from 7.1‰ to 7.6‰, similar to those of gypsum minerals 

from nearby surface soil observed in Rech et al. (2003, Figure 3.5), corroborating the major source 

of sulfate in these inland dust traps was local soil entrainment. A decrease in d34Ssulfate from 7.1‰ 

to 4.7‰ was observed at T5-T7, possibly due to the mixing of gypsum mineral and secondary 

sulfate oxidized from SO2 emitted from Chuquicamata smelter near T7, where the d34S of sulfide 

minerals at this mine sites ranged from -4.7‰ to +4.0‰ (U.S. Geological Survey, 2005). If we 

assume the d34S value of sulfate in local soil was 7.4‰ (average value of T2-T4), and the 

secondary sulfate from Chuquicamata smelters had a d34S value of -0.4‰, the contribution of 

sulfate from anthropogenic SO2 at T5, T6, T7 would be 17%, 23% and 35%, respectively.  
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The decrease in both insoluble dust and soluble salts depositions at T8 during 2010-2011 

may be attributed to a combination of lower atmospheric deposition and the loss of deposition 

sample during the sampling period. The insoluble dust flux at T8 had decreased by 47% in 2010-

2011 while the soluble salts deposition had a much higher decrease of 80%, from 0.92 g/m2/yr 

(highest among T2-T8) during 2007-2009 to 0.18 g/m2/yr (lowest among T2-T8). We suggest these 

low values should at least partially be attributed to the loss of some insoluble dust and soluble salts 

by leaching during the sampling period. Two facts could support this hypothesis. First, Na+, Cl-, 

and NO3- depositions had decreased by ~92-95% while Ca2+ and SO42- decreased by only 67% and 

74% (Figure 3.3), and this discrepancy was likely resulted from leaching since Na(Cl, NO3) was 

more soluble and subject to leaching losses than CaSO4. Second, the d34Ssulfate at T8 showed the 

highest value of 8.3‰ among the inland sites (Figure 3.5), significantly higher than at T7 (4.7‰) 

and adjacent surface soil (5.4‰, Rech et al., 2003). This is likely caused by the enrichment in 

d34Ssulfate during dissolution of gypsum minerals, with the equilibrium fractionation factor between 

solid and dissolved CaSO4 of ~2‰ at 273K (Van Driessche et al., 2016). 

3.4.3 Andean site T10 

The insoluble dust deposition rate (149.0 g/m2/yr) at T10 during 2010-2011 was the highest 

among all sites and increased by 3.6 times compared to that of 2007-2009 (Figure 3.2), probably 

due to the interannual variations in precipitation. T10 was located at a valley on the Andean 

altiplano receiving significant amount of precipitation (MAP ~150 mm). The insoluble dust was 

likely from local soil entrainment by winds; hence its deposition rate would be strongly affected 

by both wind speed and precipitation. However, there was no wind speed or precipitation 

observation available near T10. We used the ERA-interim reanalysis data (Dee et al., 2011) to 

investigate the variations in wind speed. The modelled average wind speeds were 1.59 m/s during 

2007-2009 and 1.61 m/s during 2010-2011, therefore it might not be able to account for the 3.6 

times increase in insoluble dust flux. The precipitation during 2010-2011 likely decreased 

comparing to 2007-2009, since the size of local lakes located near T10 was observed to have 

deceased in December of 2010 (Figure 3.6E, F) compared to that in January of 2009. This 

observation agreed with the occurrence of El Niño in 2009: El Niño has been linked to increased 

precipitation in the Andean area (Bozkurt et al., 2016; Mason and Goddard, 2001; Ropelewski and 

Halpert, 1989; Valdés‐Pineda et al., 2016), and therefore the average precipitation during 2007-
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2009 (2 years of La Niña and 1 year of El Niño) was likely higher than that of 2010-2011 (2 years 

of La Niña). The decreased precipitation at T10 could increase wind erosion and thus significantly 

increase the insoluble dust flux (Reheis and Kihl, 1995).  

In contrast with T1-T8, the soluble salts depositions at T10 had decreased. This is because 

the soluble salts at T10 were mostly from wet deposition, mainly snow, as suggested by (Ginot et 

al., 2001; Houston, 2007; Wang et al., 2014). The dry deposition had little contribution to the total 

salt deposition at T10 because 1) concentrations of soluble ions in dust (local soil) near T10 were 

extremely low (0.0005 mmol/g Cl-, 0.0004 mmol/g SO42- and undetectable NO3-, Wang et al., 

2014) thus the salt from dust only accounted for <6% of total Cl- and <5% of total SO42-; 2) T10 

was distant from both the ocean and anthropogenic activities, thus lacking SSAs or anthropogenic 

secondary aerosols. Meantime, wet deposition, especially snow deposition, played an important 

role in the salt deposition at T10 because snow could incorporate ions from a few reservoirs, such 

as NaCl and CaSO4 from the salt lakes (e.g., Tara Lake, Wang et al., 2014) on the Andean plateau. 

In 2010-2011, the deposition rates of Na+, Cl-, Ca2+, SO42- decreased by 34% to 57% relative to 

2007-2009, which should be attributed to the decreased precipitation at T10 during 2010-2011. 

The d34Ssulfate at T10 was 5.8‰, close to the d34S value of gypsum at Tara Lake (5.2‰, 

Risacher et al., 2011), again supporting that the origin of sulfate deposition was local gypsum. 

Precipitations could incorporate some gypsum from nearby salt lakes and deposit back to the 

surface (Wang et al., 2014), the d34S value of which was also similar to the d34S values of soil 

gypsum (5.2-7.5‰) in the Atacama (Rech et al., 2003), further evidencing that the surface soil 

gypsum in the Atacama Desert was probably originated from local salt lakes. The salt-rich soil 

was either formed via subsurface chemical weathering processes (Rech et al., 2003), or other 

deeper soil development processes, such as groundwater flow (Camron and Leybourne, 2005). The 

salts were then transported either directly by wind as insoluble dust across the Atacama Desert 

(T2-T8) or incorporated into precipitation (at T10) and transported within the Andes, then 

deposited onto the surface.  

The NO3- deposition rate at T10 were 0.37 mmol/m2/yr during 2010-2011, slightly lower 

than 0.54 mmol/m2/yr during 2007-2009, which also could be due to the decrease in precipitation. 

These values are close to the NO3- deposition rate at the Torres del Paine National Park in southern 

Chile (0.36 mmol/m2/yr, Galloway et al., 1996), which is a remote coastal site with minor 

anthropogenic activities, suggesting minimal anthropogenic N emission at T10 (Wang et al., 
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2014). In remote areas, N could generally derive from soil emissions (nitrification and 

denitrification), lightning, lower stratosphere mixing and long-distance transportation of 

peroxyacetyl nitrate (PAN) at the top of troposphere (Crutzen, 1979; Galloway et al., 2004; 

Holland et al., 1999; Singh et al., 1985; Singh and Hanst, 1981). The 31% decrease of NO3- in 

2010-2011 is similar to the decrease of Na+, Cl-, Ca2+, SO42- depositions, indicating that these 

deposition rates were likely controlled by wet deposition. 

3.5 Conclusions 

In this work we investigated the sources, compositions and interannual variabilities of 

atmospheric depositions across the Atacama Desert. The nine dust trap sites across the Atacama 

Desert displayed significant spatial variations in atmospheric deposition because of their different 

geomorphological features and the characteristics sources at each site. The atmospheric deposition 

at coastal site T1 mainly consisted of local soil (as insoluble dust) and sea-salt aerosols (as soluble 

salts). NSS-SO42- and NO3- at T1 were mainly originated from anthropogenic emissions, then 

entered particle phase via acidic displacement reaction. At inland sites T2-T8, the insoluble dust 

was from local soil entrainment and the soluble salts were likely originated from nearby salars and 

salt lakes. The insoluble dust deposition at the Andean site (T10) was also dominated by local soil 

but the soluble salts were mainly from wet depositions. The rate of atmospheric deposition (both 

insoluble dust and soluble salts) display strong variations between the two sampling periods. At 

the coastal site T1, the deposition rates of both insoluble dust and salts during 2010-2011 had 

increased significantly comparing to during 2007-2009, due to higher wind speeds. Anthropogenic 

NO3- also had increased as a result of higher NOx emissions from a newly built nitric acid plant 

near T1. At the inland sites T2-T8, the increased insoluble dust and gypsum depositions resulted 

from a windier and drier climate in the Atacama during 2010-2011. In the meantime, a drier climate 

at the Andean site (T10) likely had resulted in a higher insoluble dust deposition rate and a lower 

soluble salts deposition rate. 

Our observation confirmed that the insoluble dust at all the sampling sites was mainly 

originated from local surface soil and weathered material. The salt depositions were strongly 

impacted by the ocean input in the coastal region, but in inland areas the erosions of local salars 

and salt lakes were more important. Shifted climate conditions (such as wind speed and 
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precipitations) can impact the flux of both insoluble dust and soluble salts, and the dust fluxes were 

more easily to be influenced than salt fluxes.  

Anthropogenic activities impacted the atmospheric depositions across the Atacama in two 

ways. First, the open-pit mining activities greatly increased the dust flux at nearby areas, as 

suggested by the observed high dust flux at T7 during our sampling period. Second, anthropogenic 

SO2 and NOx formed sulfate and nitrate aerosols, which increased SO42- and NO3- deposited in the 

Atacama Desert. Our isotopic evidence suggested that the SO42- originated from smelters 

contributed up to 35% of total sulfate in nearby dust traps. 
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 STABLE SULFUR ISOTOPES REVEALED A MAJOR 
ROLE OF TRANSITION-METAL ION-CATALYZED SO2 OXIDATION IN 

HAZE EPISODES 

This chapter is a reprint from a published article (Li, J., Zhang, Y., Cao, F., Zhang, W., 
Fan, M., Lee, X., & Michalski, G. (2020). Stable Sulfur Isotopes Revealed a Major Role of 
Transition-Metal-Ion Catalyzed SO2 Oxidation in Haze Episodes. Environmental Science & 
Technology. 2020, 54, 2626−2634). 

Abstract 

Secondary sulfate aerosols played an important role in aerosol formation and aging processes, 

especially during haze episodes in China. Secondary sulfate was formed via atmospheric oxidation 

of SO2 by OH, O3, H2O2 and transition metal catalyzed (TMI) O2. However, the relative 

importance of these oxidants in haze episodes was strongly debated. Here we use stable sulfur 

isotopes (d34S) of sulfate aerosols and a Rayleigh distillation model to quantify the contributions 

of each oxidant during a haze episode in Nanjing, a megacity in China. The observed d34S values 

of sulfate aerosols showed a negative correlation with sulfur oxidation ratios, which was attributed 

to the sulfur isotopic fractionations during the sulfate formation processes. Using the average 

fractionation factor calculated from our observations and 0-D atmospheric chemistry modeling 

estimations, we suggest that OH oxidation was trivial during the haze episode, while the TMI 

pathway contributed 49±10% of the total sulfate production and O3/H2O2 oxidations accounted for 

the rest. Our results displayed good agreement with several atmospheric chemistry models that 

carry aqueous and heterogeneous TMI oxidation pathways, suggesting the role of the TMI pathway 

was significant during haze episodes. 

4.1 Introduction 

Haze episodes in Chinese cities are adversely affecting the environment and the health of 

millions of residents. Most haze episodes are characterized by high concentrations and fast 

accumulation of aerosol sulfate1–4, which could contribute to as much as 45% of total aerosol mass. 

Over 90% sulfate in haze episodes is secondary sulfate, i.e., sulfate produced from SO2 oxidation 

in the atmosphere via 1) gas phase oxidation by OH radical5; 2) aqueous oxidation by H2O2, O3, 
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and Transition Metal Ions (TMI) catalyzed O26–12; and 3) heterogeneous oxidation on the surface 

of aerosols, cloud droplets and mineral dusts by the same oxidants as aqueous oxidation1,13–16. 

Some studies11,12,14,17,18 also suggested the NO2 might played an important role during the 

formation of aerosol sulfate, probably by facilitating TMI oxidation19, which is based on an 

experimental study20 that demonstrated the direct oxidation of SO2 by NO2 was several orders of 

magnitude slower than gas phase OH oxidation. However, aerosol collected from several Chinese 

urban areas (e.g., Nanjing) were acidic21, suggesting NO2 oxidation might not be important in these 

regions. Furthermore, a recent GEOS-Chem modeling study22 has suggested NO2 oxidation 

contributed less than 2% of total sulfate production during haze episodes. While the gas phase 

oxidation rate of SO2+OH is well-constrained, there are many uncertainties in quantifying the rates 

of aqueous and heterogeneous SO2 oxidation. One of the ongoing debates is the relative 

contribution of each SO2 oxidation pathway during haze episodes. Some8,12,13 have suggested that 

O3 and H2O2 oxidation of SO2 in aqueous phase contributed to the majority of total sulfate 

production, while the TMI pathway played a minor role. Others17,23 have countered that the TMI 

pathway is likely also very important in highly polluted regions. Therefore, addressing this debate 

is essential to unravel the complex atmospheric sulfur chemistry in haze episodes. 

Atmospheric chemistry models are often used to study the sulfate chemistry, but many 

models have uncertainties in parameterizing aqueous and heterogeneous SO2 oxidation chemistry 

under haze conditions, resulting in underestimation of sulfate formation rates during haze 

episodes1,24–26. One of the biggest uncertainties is the pH of aerosol water: several studies had 

attempted to calculate the aerosol water pH in Beijing12,17,27–29 using the same model (ISORROPIA 

II). Depending on assumptions about whether the aqueous phase is at thermodynamic stable 

state17,30, the calculated pH was either 3-5 or >5.5. This uncertainty greatly impacts the 

quantification of aqueous SO2 oxidation rate31. A pH increase of 1 unit will increase the O3 

oxidation rate by two orders of magnitude but decrease the TMI oxidation rate by 2-3 orders of 

magnitude. Conversely, the rate of SO2 oxidation by H2O2 is insensitive to changing pH. 

Additionally, atmospheric models usually quantify the rate of TMI oxidation pathway using 

modeled aerosol Fe and Mn concentrations10. However, studies9,32 have suggested that aerosol 

surface type, temperature, irradiation, and the existence of other transition metals in aerosol water, 

could alter the rate of TMI oxidation by as much as two orders of magnitude, adding more 

complexity to this question. Therefore, in order to 1) reduce the uncertainties in atmospheric 
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models and 2) verify the performance in models during haze episodes, an alternative approach is 

needed to assess the relative importance of each oxidation pathway. 

The isotopic composition of sulfate aerosols has been used to determine the formation 

processes of sulfate aerosols. The mass-independent fractionation signals (non-zero D17O, where 

D17O = d18O-0.52*d17O) of oxygen isotopes in sulfate are often used to estimate the contributions 

of SO2 + O3 and H2O2 to the formation of sulfate aerosols10,17,33, since SO2 + O3 and SO2 + H2O2 

are the only known two pathways that produce non-zero D17O values in sulfate34. Sulfate formed 

via SO2 + O3 yields D17O=6.5‰ and sulfate formed via SO2 + H2O2 shows D17O = 0.7‰. This 

method can easily identify the significant contribution of SO2+O3 pathway when high D17O (>3‰) 

are measured in sulfate samples. There is significant uncertainty, however, when interpreting 

sulfate aerosols with low D17O values (<1‰). Unfortunately, most sulfate aerosols in haze episodes 

show D17O < 1‰17,22, suggesting limited contribution from SO2+O3 pathway, but the relative 

importance of the SO2 + H2O2 pathway and the TMI pathway is still unclear. Therefore, solely 

using D17O probably cannot precisely distinguish the contributions from the SO2 + H2O2 and the 

TMI pathways in haze episodes.  

Stable sulfur isotopes (d34S) have the potential to indicate the formation pathways of sulfate 

aerosols. The fractionation factors for sulfur isotopes during multiple oxidation pathways 

(SO2+OH, SO2+H2O2/O3, TMI) have been determined experimentally35–37. Yet to date there are 

few studies using sulfate d34S values to interpret the oxidation pathways of SO235,38,39. This is 

because the d34S values of sulfate aerosols (d34Ssulfate) are simultaneously controlled by the d34S 

value of SO2 sources40,41 (d34Semisssion) and the kinetic and equilibrium isotope effects occurring 

during the oxidation process. The d34Semisssion strongly depends on the origin of SO2 therefore can 

be difficult to constrain. However, during haze episodes, SO2 generally originates from local 

sources because air stagnation limits long range transport, and the d34Semission can be well-

constrained using local SO2 emission inventory and observations. Thus, the differences between 

d34Semission and d34Ssulfate can be attributed to the isotopic fractionations during the oxidation 

processes, which are controlled by the oxidation pathways. This isotopic fractionation during SO2 

oxidation should be treated as a Rayleigh distillation process42 since isotopic exchange between 

the product sulfate and the reactant SO2 is minimal35. Currently, many studies have measured the 

d34Ssulfate in Chinese megacities38,39,43–47 in order to understand the sources of atmospheric SO2 and 
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the secondary sulfate aerosols. Some works also have measured d33S and d36S47–51 to further 

constrain the origins of atmospheric SO2. However, the differences between d34Semission and 

d34Ssulfate, as well as the isotopic fractionation process during the formation of sulfate, were rarely 

discussed and poorly understood. Here, we used the Rayleigh distillation model to investigate the 

sulfur isotopic fractionations of sulfate aerosols collected during a haze episode in winter 2015 at 

Nanjing, China, to understand the relative contribution of each SO2 oxidation pathway. 

4.2 Materials and methods 

Sulfate aerosols were sampled during a severe haze episode in winter 2015, in Nanjing, 

Peoples Republic of China. The sampling site was located at the Agrometeorological station in 

Nanjing University of Information Science and Technology (NUIST). Two large industrial areas 

are located ~10 km northeast and ~5 km southwest of the sampling site, and downtown Nanjing is 

20 km to the southeast 

(Figure 4.1). A high-

volume aerosol sampler 

equipped with a pre-

combusted quartz filter 

was used to collect 

ambient aerosol samples 

(<2.5 µm in diameter, 

PM2.5) from January 22th 

to 28th at a flow rate of 1 

m3/min, and the filter was 

replaced every 3 hours. 

Once the aerosol samples 

were collected, the filters 

were wrapped in 

aluminum foil, sealed in 

air-tight polyethylene 

bags and stored in freezer 

to minimize sample loss or evaporation. To determine the anion, cation concentrations of filter 

Figure 4.1 The sampling location was in between two large industrial 
areas (blue) and downtown Nanjing (red) is 20 km to the southeast. 
Wind rose during the sampling period (lower left corner) suggests the 
highest 3-hr wind speed was < 3m/s. 
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samples, a quarter of each filter was cut and the soluble components on the filter were dissolved 

into 50 mL of Millipore water (18.2 MΩ). Then the solution was sonicated for at least 30 min to 

ensure all the soluble ions were completely dissolved. Subsequently the solutions were filtered 

through 0.45 µm filters to remove insoluble material. An aliquot of each solution was taken and 

used to measure the anion and cation concentrations using a Dionex ICS 5000+ at NUIST 

following standard ion chromatography (IC) procedure52 while the rest solutions were kept frozen. 

The analytical uncertainty for the IC analysis was ±5%. Meteorological data (wind speed and 

direction, temperature, RH) were obtained from an automatic meteorological station next to the 

sampling site. Concentrations of pollutants (PM2.5, NO, NO2, O3, CO and SO2) were obtained from 

the Environmental Supervising Station at Pukou district, Nanjing, ~15 km away from the sampling 

site.  

Sulfur isotopic analysis was conducted at the Purdue Stable Isotope Laboratory at Purdue 

University. The sulfur isotopic analysis follows the procedure in Li et al. (2018)40. Another quarter 

of each sample was again dissolved into 10 mL of Millipore water (18.2 MΩ), and each solution 

was sonicated for 30 min to completely dissolve all the sulfate on the filter. To completely 

precipitate BaSO4, 1 mL of 5% BaCl2 solution and subsequently 0.5 mL of 37% HCl were added 

into each sample solution. Between 0.1 to 0.5 mg of BaSO4 precipitate was then weighed into tin 

boats and combusted at 980 °C in an elemental analyzer (Costec), then the product SO2 was 

directed into an Isotope Ratio Mass Spectrometer (ThermoDeltaV) to measure the d34S values. 

The analytical uncertainty of the sulfur isotopic analysis was ±0.1‰ inferred from IAEA-SO5 and 

IAEA-SO6 external standards. 

4.3 Results and discussion 

The haze episode occurred in Nanjing during winter 2015 and was characterized by high 

PM2.5, high sulfate concentrations, and air stagnation. Prior to the haze episode (between Jan. 18 

and Jan. 21, 2015) the PM2.5 concentrations averaged 83.1 µg/m3. The haze episode began between 

Jan. 22 00:00 and Jan. 23 12:00 when PM2.5 became elevated, with concentrations of 109.3±16.0 

µg/m3. PM2.5 continued increased to an average of 159.4 µg/m3 between the 22nd and 26th of Jan. 

during which two significant PM2.5 accumulation events were observed. The first accumulation 

(Event I, Figure 4.2A) started on Jan. 23 13:30 and lasted for 33 hours, during which the PM2.5 
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concentration more than doubled, from 104.0 µg/m3 to 268.3 µg/m3. This was followed by a 2-

hour light precipitation (~1 mm), which rinsed out some of the PM2.5, decreasing its concentration 

Figure 4.2 A) Concentrations of sulfate, SO2, O3 and PM2.5 during the haze episode. Shaded areas 
indicated two rapid PM2.5 and sulfate accumulation events, blue line indicated a small rain event 
during the sampling period; B) calculated reaction rates of SO2+OH (grey) and heterogeneous 
reaction (red) plotted with sulfate concentrations (blue). 
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to 134.0 µg/m3 within 15 hours. A subsequent PM2.5 accumulation period (Event II) occurred 

within 24 hours, when the PM2.5 concentration increased from 134.0 to 243.7 µg/m3. Sulfate 

aerosol concentrations followed trends similar to PM2.5 concentrations and mirrored the two rapid 

accumulation events. During Event I, sulfate have increased from 21.0 µg/m3 to 58.5 µg/m3 in 27 

hours (accumulation rate of 1.39 µg/m3/h) and during Event II sulfate increased from 24.4 µg/m3 

to 71.8 µg/m3 within 21 hours (accumulation rate of 2.26 µg/m3/h). Primary sulfate (includes soil 

sulfate, sea-salt sulfate, and sulfate directly emitted with SO2) was determined to be trivial during 

these events. Low concentrations of Ca2+ (1.88±1.09 µg/m3) and Na+ (0.97±0.86 µg/m3) in the 

aerosols indicated contribution of sulfate from soil entrainment53 (SO42-/Ca2+=0.18) and sea-salt 

aerosols54 (SO42-/Na+=0.25) should be less than 0.58 µg/m3, corresponding to <2% of total sulfate 

observed. Primary sulfate emitted with SO2 during coal burning has been estimated to be only <4% 

of SO2 emission10,55, which based on observed SO2 concentrations, would average at 1.66 ± 0.6 

µg/m3 during the sampling period (Figure 4.2A). Thus, total primary sulfate only contributed for 

<6% of total sulfate, indicating most was secondary sulfate (i.e. SO2 oxidation). Additionally, the 

wind speed during the entire haze episode averaged at 1.03±0.71 m/s with a maximum 3-h wind 

speed of 2.58 m/s (wind rose in Figure 4.1), indicating air stagnation. Considering the short 

lifetime31 of atmospheric SO2 (~12 h) and aerosols (~5 days) and the relatively low sulfur 

emissions outside of Nanjing within 200 km inferred from SO2 emission inventory56, long-range 

transportation of SO2(g) and sulfate should be minor, thus local SO2 emissions and oxidation within 

Nanjing should be the dominant source of aerosol sulfate.  

The measured d34Ssulfate values were significantly higher than the estimated d34Semission value 

in Nanjing38,39,44, showing a ~5‰ variation throughout the sampling period, and displayed a 

negative correlation with SO2 Oxidation Ratio (SOR = SO42-/(SO42-+SO2)). d34Ssulfate values 

(Figure 4.3A) in our samples ranged from +4.3‰ to +9.4‰ with an average of 6.2‰, similar to 

the values observed in a number of other Chinese megacities23,44–46. Because of the air stagnation, 

the SO2 likely originated from local emissions, the majority of which in Nanjing was coal 

combustion with a d34S value of 3.0±0.9‰43. Several studies have measured the d34S values of 

both SO2 and sulfate simultaneously at Nanjing, showing that the d34Semission 

(d34Semission=d34SSO2*(1-SOR)+d34SSO42-*SOR) was +4.0±0.1‰44 in 1997 and 2.4±0.6‰38 in fall 

2014. Chen et al. (2017)39 have analyzed the d34Semission in Nanjing prior to our sampling period 

(daily SO2 and sulfate samples from Jan. 1 to Jan. 23 while this work sampled 3-hour sulfate 
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samples from Jan. 22 to Jan. 26) and found a constant d34Semission value of 2.7±1.0‰39. Therefore, 

we suggest that the d34Semission value during our sampling period should also be 2.7±1.0‰ (Figure 

4.3A). These values are in good agreement with the SO2 emission inventory56 which suggested 

that over 96% SO2 emission in winter in the Nanjing area was from industrial and coal burning 

power plants, which had d34S values of 3±3‰44,57. The measured d34Ssulfate values were 

significantly higher than the d34Semission, suggesting enrichment of 34S in the sulfate and hence a 

depletion of 34S in the remaining SO2. This phenomenon has been observed in other studies, where 

the d34S values of aerosol sulfate were usually 0-8‰ higher than the coexisting SO238,39,41,44,58,59 

but this phenomenon was not quantitatively explained. Also, the d34Ssulfate values showed a ~5.1‰ 

variation throughout the sampling period. If the d34Semission remain constant during our sampling 

period, this variation could be explained as a result of sulfur isotopic fractionation during the 

oxidation process. Furthermore, we observed a negative correlation (slope=-6.2, r=0.6, Fig 3A, B) 

between SOR and d34S value of sulfate in our samples, indicating that as oxidation of SO2 

progressed the d34S values of sulfate decreased, making them approach d34Semission (by isotope mass 

balance). This negative correlation supported our hypothesis that the elevated and variable 

d34Ssulfate values should be attribute to the isotopic fractionation during SO2 oxidation processes. 

The discrepancies between d34Ssulfate and d34Semission (therefore, d34SSO2) values have been 

observed, especially at low SOR levels. Forrest and Newman (1973)59 measured d34S values of 

SO2(g) and sulfate particles in polluted environment with very low SOR (average SOR=9.9% 

among 3 experiments), the d34Ssulfate values were ~1.5-2.5‰ higher than the d34SSO2 values. 

Saltzman (1983)41 conducted similar experiment at Hubbard Brook Experimental Forest, New 

Hampshire, USA, observed ~3‰ difference between d34Ssulfate and d34SSO2 values when the SOR 

were <40%. Later studies by Guo et al. (2016)38 and Chen et al. (2017)39 have suggested the 

d34Ssulfate-d34SSO2 values at Nanjing ranged between ~1-7‰ during fall 2014 and winter 2015. 

These differences have suggested that d34Ssulfate may deviate from the d34Semission by several permil, 

especially when the SOR value was low. This deviation might complicate the use of d34Ssulfate to 

calculate the sources of SO2 in urban regions, since most urban (anthropogenic) SO2 sources have 

a narrow range of d34S values45,57 (+1-+11‰), which could be potentially altered by the isotopic 

fractionations during the formation of sulfate when SOR was low. This uncertainty might be 

reduced by analyzing other minor sulfur isotopes (33S, 35S, 36S)47–51, but this is beyond the scope 
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of our work. Therefore, extra cautious must be taken when using d34S values to estimate the sources 

of SO2 in urban environment with low SOR. 

The observed differences in d34Ssulfate and d34Semission values can be explained using a 

Rayleigh distillation model, and to the isotopic enrichment factor (e = (�-1)*1000‰) for the total 

oxidation processes can also be quantified. The Rayleigh distillation model42,60 is used to calculate 

the kinetic isotopic fractionation of a reaction (AàB) in an open system by assuming no isotopic 

exchange between A and B. In aqueous solution, SO2(g) dissolving into aerosol water was 2-3 order 

of magnitude faster than the subsequent oxidation into SO42-, thus the isotopic fractionation should 

be controlled by the kinetic isotopic effect occurring during any aqueous SO2 oxidation process35. 

In this model, the d34S value of SO2 is a function of d34Semission, fraction (f) of remaining SO2 (f = 

1-SOR), and observed fractionation factor of the oxidation process (eobs):  

d34SSO2 = d34Semission+ln(ƒ)* eobs     Eq. 1 

Thus d34Ssulfate is: 

d34Ssulfate = d34Semission- eobs*ln(ƒ)* f/(1-f)    Eq. 2 

Using the observed d34Ssulfate, ƒ, and the estimated d34Semission during our sampling period 

(2.7‰±1.0‰), we found the eobs values ranged from 2.2‰ to 10.0‰ (Figure 4.3B) with an average 

value of +5.3‰±1.8‰ (1s). 

This changing eobs value suggest that multiple SO2 oxidation pathways have contributed to 

the observed sulfate accumulation. At 273K (average temperature during the sampling period), 

OH oxidation enriches 34S in the product sulfate with an enrichment factor (eOH) of +11.0‰35, and 

oxidation by TMI pathway depletes 34S (eTMI=-5.0‰) in the product sulfate with a eTMI value of -

5.0‰35,36. Several laboratory experiments35–37 measured the e values of SO2 + O3 and SO2 + H2O2, 

and these two pathways showed similar e values ranging from +15.1‰ to +17.4‰. Therefore, here 

we use eO3/H2O2 = +15.1‰ to represent the combined isotopic effect of O3 and/or H2O2 pathways. 

Since the variation of temperature during the entire sampling period was small (standard deviation 

of ±3.7 K), the variations of the fractionation factors (<1‰) was insignificant comparing to the 

differences between the fractionation factors (~20‰). Therefore, in the following calculation we 

assume the fractionation factors are constants. The eobs value does not agree with any of the 
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laboratory-determined e values, suggesting none of the pathway had a dominant role in the 

formation of the sulfate. Instead, the eobs should be a result of mixing of multiple oxidation 

pathways: 

eobs = eO3/H2O2*fO3/H2O2 + eTMI*fTMI + eOH*fOH    Eq. 3 

In which ei and fi are the enrichment factor and the contribution of pathway i, and fO3/H2O2 + fTMI + 

fOH = 1.  

The sulfate formed via the gas phase SO2+OH pathway was calculated to be unimportant. 

Concentrations of OH radical were first obtained using a 0-D atmospheric chemistry model 

coupled with time-dependent photochemistry. The model used Tropospheric Ultraviolet and 

Figure 4.3 A) measured d34Ssulfate (black), calculated sulfur oxidation ratio (SOR, green) 
throughout the sampling period; and compare with estimated d34Semission (grey bar); B) Rayleigh 
distillation model of sulfate production. Grey bar indicates the d34Semission (+2.7±1.0‰) in Nanjing, 
red circles are the measured d34Ssulfate in this study. Dashed lines with shaded areas are calculated 
d34Ssulfate values based on the d34Semission: blue line indicates the d34Ssulfate when SO2 is oxidized 
solely by O3 and H2O2, purple line indicates the d34Ssulfate when SO2 is oxidized solely by TMI 
oxidation, black line is the estimated e value of +5.3‰ and two grey lines represent the upper and 
lower limit for the estimated e values (+3.5‰ and +7.1‰). 
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Visible (TUV) radiation model61 to determine the molecular photolysis frequencies (j values) for 

the major molecules (O3, NO2, NO3, HONO, N2O5, H2O2, and other organic molecules) during the 

sampling period a time step of 3 hours. Subsequently calculated j values were incorporated into a 

0-D atmospheric chemistry model driven by “Regional Atmospheric Chemistry Modeling” 

(RACM) mechanism62. The model then calculated time-dependent OH radical concentrations 

using average concentrations of trace gases (O3, H2O, NO2, SO2, CO, CH4) during the pollution 

period. The OH concentrations display clear diurnal variation, with the peak concentration of 

1.35*106 molecules/cm3 at noon, and a daily average value of 0.31*106 molecules/cm3, similar to 

the observed winter OH concentrations in other urban areas63,64. The reaction rates of gas phase 

SO2 oxidation (SO2+OH) were then calculated using: 

d[SO42-]/dt =k * [SO2] * [OH]     Eq. 4 

in which k is the reaction constant5 at 273K (1.5*10-12 molecule-1*cm3*s-1), [SO2] and [OH] are 

observed SO2 concentrations and calculated OH concentrations. The results (grey line in Figure 

4.2B) suggest that the OH oxidation rate averaged at 0.05 µg/m3/h during the entire sampling 

period and the maximum oxidation rate with highest OH concentration at noon was only 0.3 

µg/m3/h. Since the measured sulfate accumulation rates were 1.3 and 2.1 µg/m3/hr during the two 

accumulation events, respectively, and assuming a negligible sulfate dry deposition of 0.1 cm/s65 

and an average boundary layer height of 600 m, then the sulfate production rates during the two 

events were 1.55 and 2.38 µg/m3/hr. These estimated sulfate production rates are 26-46 times faster 

than the average OH oxidation rate. Similar low sulfate production via gas phase oxidation was 

also inferred during winter haze episodes in Beijing17. This low contribution (2-3%) of gas phase 

sulfate production was probably because of a combination of weak photochemistry in winter, high 

aerosol concentration that scattered light, and extremely high heterogeneous and aqueous 

oxidation in haze episodes11,66,67. Therefore, O3, H2O2 and TMI pathways should be the dominate 

contributors to the observed high sulfate production, and Eq. 3 can be simplified as: 

eobs = eO3/H2O2*fO3/H2O2 + eTMI*fTMI     Eq. 5 

Eq. 5 can be used to estimate the role of heterogeneous and aqueous oxidations of SO2(g) 

by O3, H2O2 and TMI-catalyzed O2 that were likely to be responsible for the fast accumulation of 

sulfate aerosols during the haze episode. This hypothesis is further confirmed by applying a 
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pseudo-first-order uptake process to estimate heterogeneous and aqueous sulfate production1. This 

approach treats SO2 oxidation on/in the aerosols as a first order uptake reaction on the surface of 

the aerosols: 

SO2(g) + aerosol à sulfate 

Its rate is expressed as1,17,68:   

d[SO42-]/dthet=(Ra/Dg+4/gn)-1*Sa*[SO2]    Eq. 6 

in which Dg (2*10-5) is SO2 diffusion coefficient68, n (300 m2*s-1) is SO2 mean molecular velocity68, 

Ra is the effective radius of aerosols, which is estimated using the following equation that was 

empirically derived from two haze episodes in Beijing2: 

Ra =(0.254*[PM2.5]/(µg/m3)+10.259)*10-9 m    Eq. 7 

Sa is the aerosol surface area density (cm2/cm3) estimated using the average aerosol effective radius 

and average density (r) of PM2.5 (1.5 g/cm3): 

Sa = [PM2.5] * 3 / (Ra*r)      Eq. 8 

and g is the SO2 uptake coefficient. Although laboratory determined g values of SO2 uptake can 

vary by several orders of magnitude depending on the surface property, particle compositions, 

temperature and RH, previous modelling work have shown that setting the average g values as a 

function of relative humidity1 would best match modeled sulfate to observations: 

g = max(2.0*10-5, 6.0*10-7*RH(%)-1*10-5)    Eq. 9 

The calculated sulfate production rates ranged from 0.8-5.2 µg/m3/h with a mean value of 

2.3 µg/m3/h during the sampling period (Figure 4.2B), similar to the observed sulfate accumulation 

rates (1.5 and 2.1 µg/m3/h). Therefore, this calculation implies that heterogeneous and aqueous 

oxidation via O3, H2O2 and TMI pathways were the main sources of sulfate during the haze episode. 

The overall calculated sulfate production rate agree well with the observed data, but this approach 

seems to be overestimating the sulfate production during Event I by ~80% (2.79 µg/m3/h vs. 

observed 1.55 µg/m3/h) and underestimating the sulfate production in Event II by ~44% (1.32 

µg/m3/h vs. observed 2.38 µg/m3/h). Since the PM2.5 mass and hence aerosol surface area were 
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similar between the two events (141±41 µg/m3 in Event I vs. 171±24 µg/m3 in Event II) but the 

RH in Event II (81±2%) was higher than Event I (57±17%), and that the SO2 uptake coefficient is 

a function of RH, we suggest this discrepancy might be due to the over/under estimation of SO2 

uptake coefficient at low/high RH. The calculated SO2 uptake coefficient ranged from 2*10-5 to 

5*10-5, but experimental data has shown that these coefficients are a function of aerosol surface 

material. SO2 uptake coefficients can be as low69 as 0.41*10-5 on Sahara dust or as high70 as 6.6*10-

5 on iron oxides. Therefore, we suggest the pseudo-first-order uptake process estimation1 showed 

general agreement with observed average production rate, although it is possible to 

under/overestimate the uptake coefficients (therefore oxidation rate) over a short time period at 

certain conditions because of the heterogeneity of aerosol compositions.  

These calculations suggest that sulfate in the haze episode was primarily controlled by the 

heterogeneous and aqueous oxidation via O3, H2O2, and TMI pathways, enabling us to use the eobs 

and Eq. 5 to estimate the contributions of the oxidation pathways. The overall eobs value (+5.3 ± 

1.8‰) falls in between eO3/H2O2 and eTMI values, indicating both O3/H2O2 and TMI pathways played 

important roles in the oxidation process. Using Eq. 5 we determined the overall contributions from 

TMI and O3/H2O2 pathways (Figure 4.3C) were roughly equal (fTMI = 49±10%, fO3/H2O2= 51±10%) 

during the haze episode. Notably, however, there were two time periods (at the end of PM2.5 

accumulation events I and II) when decreases in the eobs values were observed. In the first time 

period (Jan. 24, 6:00 to 18:00), sulfate concentration increased by ~100%, SOR remained steady, 

while the d34Ssulfate values decreased from 8.4‰ to +4.6‰. The calculated eobs values, thus, have 

decreased from 7.2‰ to 2.8‰, suggesting the TMI pathway have played a more important role 

during this process. The second time period (Jan. 25, 12:00 to Jan. 26, 3:00) was similar, when 

sulfate concentration increased by ~180% and the eobs value decreased from 9.9‰ to 3.4‰. Both 

events were associated with high PM2.5 and low O3 concentrations. The decreased eobs values 

suggested elevated contributions of TMI pathway (accounting for 57-62% of sulfate production). 

The increased TMI pathway contribution likely resulted from a combination of two factors. First, 

the high aerosol concentrations, which likely provided high aerosol surface area and high amount 

of transition metal ions (e.g., Fe, Mn, Cu, Zn, Pb) from local industrial emission71, which could 

enhance the rate of TMI oxidation. The second, O3/H2O2 oxidation rate was likely decreased due 

to decreased O3 concentrations and liquid water content. The average O3 concentrations (6.2 and 
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5.0 µg/m3) and RH (51% and 65%) during these two periods were significantly lower than the rest 

of the haze episode (averaging 13.0 µg/m3 O3 and 81% RH), which might reduce the oxidation 

rate of O3/H2O2. However, since it is difficult to quantitatively determine the rate of TMI pathway 

and the accurate pH of aerosol water therefore the rate of O3 oxidation, either factor or both factors 

could be the dominant cause. Future experimental work is needed to separately investigate the 

effects of aerosol surface area, transition metal ion concentrations, RH, O3 concentration etc., to 

each oxidation pathway.  

4.4 Conclusions 

The significant contribution from the TMI pathway (49±10%) suggest an elevated role of 

the TMI pathway during the rapid formation of sulfate aerosols in the haze episode, showing 

general agreement with atmospheric chemistry modeling studies. Globally the TMI pathway was 

estimated to contributed to 9-18% of total aerosol production8,10, in most regions in China 

(including Nanjing), model simulations suggested that TMI had played a more important role, 

contributing to ~20-50% of total sulfate production10. Harris et al. (2013)35 also pointed out that at 

least 35% of sulfate in several Chinese cities44 was produced via the TMI pathway. During haze 

episodes, the contributions of the TMI pathway among the heterogeneous and aqueous oxidations 

seems to increase: a recently-developed modeling study22 suggest the TMI pathway was 

responsible for as much as 80% of total heterogeneous and aqueous sulfate production during haze 

episodes in Beijing, and oxygen isotopic evidence suggested similar contributions (66-73%)17. 

Furthermore, field observation work at another heavily polluted region (Fort McMurray, Alberta, 

Canada) also implied the importance of the TMI pathway during the formation of secondary 

sulfate72. Our study had pointed out that, the TMI pathway was an important but probably not sole 

sulfate formation pathway during the haze episodes, and its contribution was likely elevated during 

the haze episodes. The increased contribution of the TMI pathway during haze episodes might 

originate from a combination of high aerosol surface, high atmospheric liquid water content and 

dust flux. In the meantime, the O3 and/or H2O2 also played a major role in the formation of sulfate 

aerosols despite their lower-than-typical concentrations. Therefore, in order to improve the 

simulation of sulfate aerosol formation, all the above reactions (aqueous O3, H2O2, TMI oxidations 

and heterogeneous O3, H2O2, TMI oxidations) should be carefully parameterized in atmospheric 

chemistry models.  
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 QUANTIFYING THE NITROGEN ISOTOPE EFFECTS 
DURING PHOTOCHEMICAL EQUILIBRIUM BETWEEN NO AND NO2: 
IMPLICATIONS FOR d15N IN TROPOSPHERIC REACTIVE NITROGEN 

This chapter is a reprint from a published article (Li, J., Zhang, X., Orlando, J., Tyndall, 
G., & Michalski, G., (2020). Quantifying the nitrogen isotope effects during photochemical 
equilibrium between NO and NO2: implications for d15N in tropospheric reactive nitrogen. 
Atmospheric Chemistry and Physics). 

Abstract 

Nitrogen isotope fractionations between nitrogen oxides (NO and NO2) play a significant 

role in determining the nitrogen isotopic compositions (d15N) of atmospheric reactive nitrogen. 

Both the equilibrium isotopic exchange between NO and NO2 molecules and the isotope effects 

occurring during the NOx photochemical cycle are important, but both are not well constrained. 

The nighttime and daytime isotopic fractionations between NO and NO2 in an atmospheric 

simulation chamber at atmospherically relevant NOx levels were measured. Then, the impact of 

NOx level and NO2 photolysis rate to the combined isotopic fractionation (equilibrium isotopic 

exchange and photochemical cycle) between NO and NO2 were calculated. It was found that the 

isotope effects occurring during the NOx photochemical cycle can be described using a single 

fractionation factor, designated the Leighton Cycle Isotope Effect (LCIE). The results showed that 

at room temperature, the fractionation factor of nitrogen isotopic exchange is 1.0289±0.0019, and 

the fractionation factor of LCIE (when O3 solely controls the oxidation from NO to NO2) is 

0.990±0.005. The measured LCIE factor showed good agreement with previous field 

measurements, suggesting that it could be applied in ambient environment, although future work 

is needed to assess the isotopic fractionation factors of NO + RO2/HO2 àNO2. The results were 

used to model the NO-NO2 isotopic fractionations under several NOx conditions. The model 

suggested that isotopic exchange was the dominate factor when NOx >20 nmol mol-1, while LCIE 

was more important at low NOx concentrations (<1 nmol mol-1) and high rates of NO2 photolysis. 

These findings provided a useful tool to quantify the isotopic fractionations between tropospheric 

NO and NO2, which can be applied in future field observations and atmospheric chemistry models. 
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5.1 Introduction 

The nitrogen isotopic composition (d15N) of reactive nitrogen compounds in the atmosphere 

is an important tool in understanding the sources and chemistry of atmospheric NOx (NO+NO2). 

It has been suggested that the d15N value of atmospheric nitrate (HNO3, nitrate aerosols and nitrate 

ions in the precipitation and snow) imprints the d15N value of NOx sources (Elliott et al., 2009; 

Kendall et al., 2007) thus many studies have used the d15N values of atmospheric nitrate to 

investigate NOx sources (Chang et al., 2018; Felix et al., 2012; Felix & Elliott, 2014; Gobel et al., 

2013; Hastings et al., 2004, 2009; Morin et al., 2009; Park et al., 2018; Walters et al., 2015, 2018). 

However, there remain questions about how isotopic fractionations that may occur during 

photochemical cycling of NOx could alter the d15N values as it partitions into NOy (NOy = 

atmospheric nitrate, NO3, N2O5, HONO, etc., Chang et al., 2018; Freyer, 1991; Hastings et al., 

2004; Jarvis et al., 2008; Michalski et al., 2005; Morin et al., 2009; Zong et al., 2017). Similarily, 

other complex reactive nitrogen chemistry, such as nitrate photolysis and re-deposition in ice and 

snow (Frey et al., 2009), may impact the d15N of NOy and atmospheric nitrate. The fractionation 

between NO and NO2 via isotope exchange has been suggested to be the dominant factor in 

determining the d15N of NO2 and ultimately atmospheric nitrate (Freyer, 1991; Freyer et al., 1993; 

Savarino et al., 2013; Walters et al., 2016). However, isotopic fractionations occur in most, if not 

all, NOx and NOy reactions, while most of these are still unknown or, if calculated (Walters and 

Michalski, 2015), unverified by experiments. Since the atmospheric chemistry of NOy varies 

significantly in different environments (e.g., polluted vs. pristine, night vs. day), the isotopic 

fractionations associated with NOy chemistry are also likely to vary in different environments. 

These unknowns could potentially bias conclusions about NOx source apportionment reached 

when using nitrogen isotopes. Therefore, understanding the isotopic fractionations between NO 

and NO2 during photochemical cycling could improve our understanding of the relative role of 

sources versus chemistry for controlling the d15N variations of atmospheric NO2 and nitrate. 

In general, there are three types of isotopic fractionation effects associated with NOx 

chemistry (Figure 5.1A). The first type is the equilibrium isotopic effect (EIE), i.e., isotope 

exchange between two compounds without forming new molecules (Urey, 1947, Bigeleisen and 

Mayer, 1947), which for nitrogen isotopes in the NOx system is the 15NO + 14NO2 « 14NO + 15NO2 

exchange reaction (Begun and Melton, 1956, Walters et al., 2016). The second type is the kinetic 
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isotopic effect (KIE) associated with difference in isotopologue rate coefficients during 

unidirectional reactions (Bigeleisen & Wolfsberg, 1957). In the NOx system this KIE would 

manifest in the oxidation of NO into NO2 by O3/HO2/RO2. The third type is the photochemical 

isotope fractionation effect (PHIFE, Miller & Yung, 2000), which for NOx is the isotopic 

fractionation associated with NO2 photolysis. All three fractionations could impact the d15N value 

of NO2, and consequently atmospheric nitrate, but the relative importance of each may vary.  

The limited number of studies on the EIE in the NOx cycle have significant uncertainties. 

Discrepancies in the EIE for 15NO + 14NO2 « 14NO + 15NO2 have been noted in several studies. 

Theoretical calculations predicted isotope fractionation factors (a) ranging from 1.035 to 1.042 at 

room temperature (Begun & Fletcher, 1960; Monse et al., 1969; Walters & Michalski, 2015) due 

to the different approximations used to calculate harmonic frequencies in each study. Likewise, 

two separate experiments measured different room temperature fractionation factors of 

1.028±0.002 (Begun & Melton, 1956) and 1.0356±0.0015 (Walters et al., 2016). A concern in both 

experiments is that they were conducted in small chambers with high NOx concentrations 

(hundreds of µmol mol-1), significantly higher than typical ambient atmospheric NOx levels 

(usually less than 0.1 µmol mol-1). Whether the isotopic fractionation factors determined by these 

experiments are applicable in the ambient environment is uncertain because of possible wall effects 

and formation of higher oxides, notably N2O4 and N2O3 at these high NOx concentrations.  

Even less research has examined the KIE and PHIFE occurring during NOx cycling. The 

KIE of NO + O3 has been theoretically calculated (Walters and Michalski, 2016) but has not been 

experimentally verified. The NO2 PHIFE has not been experimentally determined or theoretically 

calculated. As a result, field observation studies often overlook the effects of PHIFE and KIE. 

Freyer et al. (1993) measured NOx concentrations and the d15N values of NO2 over a 1-year period 

at Julich, Germany and inferred a combined NOx isotope fractionation factor (EIE+KIE+PHIFE) 

of 1.018±0.001. Freyer et al. (1993) suggested that the NOx photochemical cycle (KIE and PHIFE) 

tends to diminish the equilibrium isotopic fractionation (EIE) between NO and NO2. Even if this 

approach were valid, applying this single fractionation factor elsewhere, where NOx, O3 

concentrations and actinic fluxes are different, would be tenuous given that these factors may 

influence the relative importance of EIE, KIE and PHIFE (Hastings et al., 2004; Walters et al., 

2016). Therefore, to quantify the overall isotopic fractionations between NO and NO2 at various 
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tropospheric conditions, it is crucial to know 1) isotopic fractionation factors of EIE, KIE and 

PHIFE individually and 2) the relative importance of each factor under various conditions. 

 In this work, we aim to quantify the nitrogen isotope fractionation factors between NO and 

NO2 at photochemical equilibrium. First, we measure the N isotope fractionations between NO 

and NO2 in an atmospheric simulation chamber at atmospherically relevant NOx levels. Then, we 

provide mathematical solutions to assess the impact of NOx level and NO2 photolysis rate (j(NO2)) 

to the relative importance of EIE, KIE and PHIFE. Subsequently we use the solutions and chamber 

measurements to calculate the isotopic fractionation factors of EIE, KIE and PHIFE. Lastly, using 

the calculated fractionation factors and the equations, we model the NO-NO2 isotopic 

fractionations at several sites to illustrate the behavior of d15N values of NOx in the ambient 

environment. 

5.2 Methods 

The experiments were conducted using a 10 m3 Atmospheric Simulation Chamber at the 

National Center for Atmospheric Research (see descriptions in Appendix A.1 and Zhang et al. 

(2018)). A set of mass flow controllers was used to inject NO and O3 into the chamber. NO was 

injected at 1 L min-1 from an in-house NO/N2 cylinder (133.16 µmol mol-1 NO in ultra-pure N2), 

and O3 was generated by flowing 5 L min-1 zero-air through a flow tube equipped with a UV Pen-

Ray lamp (UVP LLC., CA) into the chamber. NO and NO2 concentrations were monitored in real 

time by chemiluminescence with a detection limit of 0.5 nmol mol-1 (model CLD 88Y, Eco Physics, 

MI) as were O3 concentrations using an UV absorption spectroscopy with a detection limit of 0.5 

nmol mol-1 (model 49, Thermo Scientific, CO). In each experiment, the actual amounts of NO and 

O3 injected were calculated using measured NOx and O3 concentrations after steady state was 

reached (usually within 1 h). The wall loss rate of NO2 was tested by monitoring O3 (29 nmol mol-

1) and NOx (62 nmol mol-1) over a 4-hour period. After the NO and NO2 concentrations reached 

steady state, no decrease in NO2 concentrations was observed showing that chamber wall loss was 

negligible. 

Three experiments were conducted to measure the d15N value of the tank NO (i.e., the d15N 

value of total NOx). In each of these experiments, a certain amount of O3 was first injected into the 

chamber, then approximately the same amount of NO was injected into the chamber to ensure 100% 

of the NOx was in the form of NO2 with little O3 (<15 nmol mol-1) remaining in the chamber, such 



 
 

107 

that the O3+NO2 reaction was negligible. The NO2 in the chamber was then collected and its d15N 

value measured, which equates to the d15N value of the tank NO.  

Two sets of experiments were conducted to separately investigate the EIE, KIE and PHIFE. 

The first set of experiments was conducted in the dark. In each of these dark experiments, a range 

of NO and O3 ([O3]<[NO]) was injected into the chamber to produce NO-NO2 mixtures with 

[NO]/[NO2] ratios ranging from 0.43 to 1.17. The N isotopes of these mixtures were used to 

investigate the EIE between NO and NO2. The second set of experiments was conducted under 

irradiation of UV lights (300-500 nm, see Appendix A.1 for irradiation spectrum). Under such 

conditions, NO, NO2 and O3 reached photochemical steady state, which combined the isotopic 

effects of EIE, KIE and PHIFE.  

In all experiments, the concentrations of NO, NO2 and O3 were allowed to reach steady 

state, and the product NO2 was collected from the chamber using a honeycomb denuder tube. After 

the NO, NO2 and O3 concentrations reached steady-state, well-mixed chamber air was drawn out 

through a 40 cm long Norprene Thermoplastic tubing at 10 L min-1 and passed through a 

honeycomb denuder system (Chemcomb 3500, Thermo Scientific). Based on flow rate, the NO2 

residence time in the was less than 0.5 second, thus in the light-on experiments where NO and O3 

coexisted, the NO2 produced inside the transfer tube through NO+O3 reactions should be <0.03 

nmol mol-1 (using the upper limit of NO and O3 concentrations in our experiments). The 

honeycomb denuder system consisted of two honeycomb denuder tubes connected in series. Each 

honeycomb denuder tube is a glass cylinder of 38 mm long, 47 mm in diameter, and consist of 212 

hexagonal tubes with inner diameters of 2 mm. Before collecting samples, each denuder tube was 

coated with a solution of 10% KOH and 25% guaiacol in methanol and then dried by flowing N2 

gas through the denuder tube for 15 seconds (Williams and Grosjean, 1990, Walters et al., 2016). 

The NO2 reacted with guaiacol coating and was converted into NO2- that was retained on the 

denuder tube wall (Williams and Grosjean, 1990). NO was inert to the denuder tube coating: a 

control experiment sampled pure NO using the denuder tubes, which did not show any measurable 

NO2-. The NO2 collection efficiency of a single honeycomb denuder tube was tested in another 

control experiment: air containing 66 nmol mol-1 of NO2 was drawn out of the chamber through a 

denuder tube, and the NO2 concentration at the exit of the tube holder was measured and found to 

be below the detection limit (<1 nmol mol-1), suggesting the collection efficiency was nearly 100% 

when [NO2] <66 nmol mol-1. Furthermore, when the denuder system consisted of two denuder 
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tubes in series and NO2- in the second denuder was below the detection limit indicating trivial NO2 

breakthrough. Each NO2 collection lasted for 0.5-3 hours in order to collect enough NO2- for 

isotopic analysis (at least 300 nmol). After collection, the NO2- was leached from each denuder 

tube by rinsing thoroughly with 10 ml deionized water into a clean polypropylene container and 

stored frozen until isotopic analysis. Isotopic analysis was conducted at Purdue Stable Isotope 

Laboratory. For each sample, approximately 50 nmol of the NO2- extract was mixed with 2 M 

sodium azide solution in acetic acid buffer in an air-tight glass vial, then shaken overnight to 

completely reduce all the NO2- to N2O(g) (Casciotti & McIlvin, 2007; McIlvin & Altabet, 2005). 

The product N2O was directed into a Thermo GasBench equipped with cryo-trap, then the d15N of 

the N2O was measured using a Delta-V Isotope Ratios Mass Spectrometer. Six coated denuders 

tubes that did not get exposed to NO2 were also analyzed using the same chemical procedure, 

which did not show any measurable signal on the IRMS, suggesting the blank from both sampling 

process and the chemical conversion process was negligible. The overall analytical uncertainty for 

d15N analysis was 0.5 ‰ (1s) based on replicate analysis of in house NO2- standards.  

5.3 Results and discussion 

5.3.1 Equilibrium isotopic fractionation between NO and NO2 

The equilibrium isotope fractionation factor, α(NO2-NO), is the 15N enrichment in NO2 

relative to NO, and is expressed as the ratio of rate constants k2 / k1 of two reactions: 

 15NO2+14NO®15NO+14NO2   R1, rate constant = k1   

 15NO+14NO2®15NO2+14NO   R2, rate constant = k2 = k1 α(NO2-NO) 

where k1 is the rate constant of the isotopic exchange, which was previously determined to 

be 8.14×10-14 cm3 s-1 (Sharma et al., 1970). The reaction time required for NO-NO2 to reach 

isotopic equilibrium was estimated using the exchange rate constants in a simple kinetics box 

model (BOXMOX, Knote et al., 2015). The model predicts that at typical NOx concentrations used 

during the chamber experiments (7.7-62.4 nmol mol-1), isotopic equilibrium would be reached 

within 15 minutes (see Appendix A.2). Since the sample collection usually started 1 hour after 

NOx was well mixed in the chamber, there was sufficient time to reach full isotope equilibrium. 

The isotope equilibrium fractionation factor (α(NO2-NO)) is then calculated to be: 
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α(NO! − NO) =
[!"#$#][!$#$]
[!$#$#][!"#$]

= &(#$#)
&(#$)

     Eq. (1) 

where R(NO, NO2) are the 15N/14N ratios of NO and NO2. By definition, the 

d15N(NO)=(R(NO)/R(reference) -1)×1000 ‰ and d15N(NO2)=(R(NO2)/R(reference)-1) ×1000 ‰, 

but hereafter, the d15N values of NO, NO2 and NOx will be referred as d(NO), d(NO2) and d(NOx), 

respectively. Eq. (1) leads to: 

   d(NO!) − d(NO) = (α(NO! − NO) − 1)	(1 + d(NO))	   Eq. (2) 

Using Eq. (2) and applying NOx isotopic mass balance (d(NOx)=ƒ(NO2)d(NO2)+(1-

ƒ(NO2))d(NO), ƒ(NO2)=[NO2]/([NO]+[NO2])) yields: 

d(NO2)−d(NO𝑥)
1+d(NO2)

=	 α(NO2−NO)−1
α(NO2−NO)

	#1 − 𝑓(NO#)+	    Eq. (3) 

Here, d(NOx) equals to the d15N value of the cylinder NO and ƒ(NO2) is the molar fraction 

of NO2 with respect to total NOx. Three experiments (Table 1) that measured d(NOx) showed 

consistent d(NOx) values of (-58.7±0.8) ‰ (n = 3), indicating d(NOx) remained unchanged 

throughout the experiments (as expected for isotope mass balance). Thus, the d(NOx) can be treated 

as a constant in Eq. (3), and the linear regression of (d(NO2)-d(NOx))/(1+d(NO2)) versus 1-ƒ(NO2) 

should have an intercept of 0 and a slope of (α(NO2-NO)-1)/α(NO2-NO). 

The plot of (d(NO2)-d(NOx))/(1+d(NO2)) as a function of 1-ƒ(NO2) values from five 

experiments yields an α(NO2-NO) value of 1.0289±0.0019 at room temperature (Figure 5.1B and 

Table 5.1). This fractionation factor is comparable to previously measured values but with some 

differences. Our result agrees well with the α(NO2-NO) value of 1.028±0.002 obtained by Begun 

and Melton (1956) at room temperature. However, Walters et al., (2016) determined the α(NO2-

NO) values of NO-NO2 exchange in a 1-liter reaction vessel, which showed a slightly higher 

α(NO2-NO) value of 1.035. This discrepancy might originate from rapid heterogeneous reactions 

on the wall of the reaction vessel at high NOx concentrations and the small chamber size used by 

Walters et al. (2016). They used a reaction vessel made of Pyrex, which is known to absorb water 

(Do Remus et al., 1983; Takei et al., 1997) that can react with NO2 forming HONO, HNO3 and 

other N compounds. Additionally, previous studies have suggested that Pyrex walls enhance the 

formation rate of N2O4 by over an order of magnitude (Barney & Finlayson-Pitts, 2000; Saliba et 
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al., 2001), which at isotopic equilibrium is enriched in 15N compared to NO and NO2 (Walters & 

Michalski, 2015). Therefore, their measured α(NO2-NO) might be slightly higher than the actual 

α(NO2-NO) value. In this work, the 10 m3 chamber has a much smaller surface to volume ratio 

Figure 5.1 A. a sketch of the isotopic fractionation processes between NO and NO2, both 
fractionation factors are determined in this work. B. Results from five dark experiments (red circles) 
yielded a line with slope of 28.1‰ and an α(NO2-NO) value of 1.0289, while the results from five 
UV irradiation experiments (blue squares) showed a smaller slope; C. Results from five UV 
irradiation experiments (blue squares) and a previous field study (purple triangle), comparing to the 
dark experiments (red circle). The three lines represent different (α2-α1) values: the (α2-α1) = -10 ‰ 
line showed the lowest RMSE to our experimental data as well as the previous field observations. 
The error bars in panels B and C represented the combined uncertainties of NOx concentration 
measurements and isotopic analysis. 
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relative to Walters et al. (2016) which minimizes wall effects, and the walls were made of Teflon 

that minimize NO2 surface reactivity, which was evidenced by the NO2 wall loss control 

experiment. Furthermore, the low NOx mixing ratios in our experiments minimized N2O4 and N2O3 

formation. At NO and NO2 concentrations of 50 nmol mol-1 the steady state concentrations of N2O4 

and N2O3 were calculated to be 0.014 and 0.001 pmol mol-1, respectively (Atkinson et al., 2004). 

Therefore, we suggest our measured α(NO2-NO) value (1.0289±0.0019) may better reflect the 

room temperature (298 K) NO-NO2 EIE in the ambient environment.  

Table 5.1 Experimental conditions, concentrations of NO, NO2 and O3 at steady state, and 
measured d(NO2) values. 

 

Unfortunately, the chamber temperature could not be controlled so we were not able to 

investigate the temperature dependence of the EIE. Hence, we speculate that the α(NO2-NO) 

follows a similar temperature dependence pattern calculated in Walters et al. (2016). Walters et al. 

(2016) suggested that, the α(NO2-NO) value would be 0.0047 higher at 273 K and 0.002 lower at 

310 K, relative to room temperature (298 K). Using this pattern and our experimentally determined 

Experiment Number 
NO conc. 

(nmol mol-1)  

NO2 conc. 

(nmol mol-1) 

O3 conc. 

(nmol mol-1) 

d(NO2) 

(‰) 
f(NO2) 

Determining 

d(NOx) 

1 0.0 17.8 13.4 -59.5 1.00 

2 0.0 61.3 0.5 -58.9 1.00 

3 0.0 18.9 10.7 -58.0 1.00 

Dark 

experiments 

1 16.0 36.8 0.0 -51.8 0.70 

2 33.6 28.8 0.0 -43.9 0.46 

3 6.7 12.6 0.0 -49.6 0.65 

4 16.2 16.9 0.0 -45.1 0.51 

5 20.4 24.2 0.0 -46.8 0.54 

Irradiation 

experiments 

1 7.1 6.4 2.8 -47.5 0.47 

2 4.5 5.3 4.5 -48.7 0.54 

3 3.3 4.4 4.2 -49.8 0.57 

4 2.5 8.5 10.7 -54.6 0.77 

5 5.2 18.1 11.0 -54.0 0.78 
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data, we suggest the α(NO2-NO) values at 273 K, 298 K and 310 K are 1.0336±0.0019, 

1.0289±0.0019 and 1.0269±0.0019, respectively. This 0.0067 variation at least partially contribute 

to the daily and seasonal variations of d15N values of NO2 and nitrate in some areas (e.g., polar 

regions with strong seasonal temperature variation). Thus, future investigations should be 

conducted to verify the EIE temperature dependence. 

5.3.2 Kinetic isotopic fractionation of Leighton Cycle 

The photochemical reactions of NOx will compete with the isotope exchange fractionations 

between NO and NO2. The NO-NO2 photochemical cycle in the chamber was controlled by the 

Leighton cycle: NO2 photolysis and the NO + O3 reaction. This is because there were no VOCs in 

the chamber so no RO2 was produced, which excludes the NO + RO2 reaction. Likewise, the low 

water vapor content (RH<10%) and the minor flux of photons < 310 nm results in minimal OH 

production and hence little HO2 formation and subsequently trivial amount of NO2 would be 

formed by NO + HO2. Applying these limiting assumptions, the EIE between NO and NO2 (R1-

R2) were only competing with the KIE (R3-R4) and the PHIFE in R5-R6: 

 14NO2®14NO+O     R3, rate constant=j(NO2) 

 15NO2®15NO+O     R4, rate constant=j(NO2) α1   

 14NO+O3®14NO2+O2     R5, rate constant=k5   

 15NO+O3®15NO2+O2     R6, rate constant=k5 α2  

In which j(NO2) is the NO2 photolysis rate (1.4×10-3 s-1 in these experiments), k5 is the rate 

constant for the NO+O3 reaction (1.73×10-14 cm3 s-1, Atkinson et al., 2004), and α1,2 are isotopic 

fractionation factors for the two reactions. Previous studies (Freyer et al., 1993; Walters et al., 

2016) have attempted to assess the competition between EIE (R1-R2), KIE and PHIFE (R3-R6), 

but none of them quantified the relative importance of the two processes, nor were α1 or α2 values 

experimentally determined. Here we provide the mathematical solution of EIE, KIE and PHIFE to 

illustrate how R1-R6 affect the isotopic fractionations between NO and NO2. 

First, the NO2 lifetime with respect to isotopic exchange with NO (τexchange) and photolysis 

(τphoto) was determined: 

τ$%&'()*$ =
+

,!	[/0]
      Eq. (4) 
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τ2'343 =
+

5(/0")
       Eq. (5) 

We then define an A factor: 

A = .

6#$%&'()#
6*&+,+

										when	𝑗(NO#)¹0
	

											0																when	𝑗(NO#) = 0
    Eq. (6) 

Using R1-R6 and Eq. (1)-(6), we solved steady-state d(NO2) and d(NO) values (see 

calculations in Appendix A.3). Our calculations show that the d(NO2)-d(NO) and d(NO2)-d(NOx) 

values at steady state can be expressed as functions of α1, α2, α(NO2-NO) and A: 

 d(NO!) − d(NO) 	= (α2−α1)	A+(/(#$#0#$)−1)
α2A+/(#$#0#$)

+1 + d(NO!), 

                    ≈	(0!10")	45(α(NO2−NO)16)
451 !1 + d(NO2)&                    Eq. (7) 

 d(NO!) − d(NO2) 	=
(α2−α1)	A+(/(#$#0#$)−1)

α2A+/(#$#0#$)
	(1 + d(NO!))(1 − 𝑓(NO2)) 

          ≈	(=">=!)	?@(α(NO2−NO)>+)
?@1

#1 + d(NO2)+(1 − 𝑓(NO#)) Eq. (8) 

Equation (7) shows the isotopic fractionation between NO and NO2 (d(NO2)-d(NO)) is 

mainly determined by A, the EIE factor (α(NO2-NO)-1) and the (α2-α1) factor assuming (1+d(NO2)) 

is close to 1. This (α2-α1) represents a combination of KIE and PHIFE, suggesting they act together 

as one factor; therefore, we name the (α2-α1) factor Leighton Cycle Isotopic Effect, i.e., LCIE. 

Using measured d(NO2), d(NOx) values, A values (Table 1), and the previously determined α(NO2-

NO) value, We plot d(NO2)−d(NO𝑥)
A+@d(NO2)B(+>C(/0"))

 (equals to d(NO2)−d(NO)
A+@d(NO2)B

) against A value and use Equations 

(7) and (8) to estimate the (α2-α1) value (Figure 5.1C). The plot shows that the best fit for the LCIE 

factor is (-10±5) ‰ (Rooted Mean Square Error, RMSE, was lowest when α2-α1 =-10‰). The 

uncertainties in the LCIE factor are relatively higher than that of the EIE factor, mainly because 

of the accumulated analytical uncertainties at low NOx and O3 concentrations, and low A values 

(0.10-0.28) due to the relatively low j(NO2) value (1.4×10-3 s-1) under the chamber irradiation 

conditions.  

 This LCIE factor determined in our experiments is in good agreement with theoretical 

calculations. Walters and Michalski (2016) previously used an ab initio approach to determine an 
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α2 value of 0.9933 at room temperature, 0.9943 at 237 K and 0.9929 at 310 K. The total variation 

of α2 values from 273 K to 310 K is only 1.4 ‰, significantly smaller than our experimental 

uncertainty (±5 ‰). The α1 value was calculated using a ZPE shift model (Miller & Yung, 2000) 

to calculate the isotopic fractionation of NO2 by photolysis. Briefly, this model assumes both 

isotopologues have the same quantum yield function and the PHIFE was only caused by the 

differences in the 15NO2 and 14NO2 absorption cross-section as a function of wavelength, thus α1 

values do not vary by temperature. The 15NO2 absorption cross-section was calculated by shifting 

the 14NO2 absorption cross-section by the 15NO2 zero-point energy (Michalski et al., 2004). When 

the ZPE shift model was used with the irradiation spectrum of the chamber lights, the resulting α1 

value was 1.0023. Therefore, the theoretically predicted α2-α1 value should be -0.0090, i.e., (-

9.0±0.7) ‰ when temperature ranges from 273 K to 310 K. This result shows excellent agreement 

with our experimentally determined room temperature α2-α1 value of (-10±5) ‰.  

This model was then used to evaluate the variations of α1 value to different lighting 

conditions. The TUV model (TUV5.3.2, Madronich & Flocke, 1999) was used to calculate the 

solar wavelength spectrum at three different conditions: early morning/late afternoon (solar zenith 

angle=85 degree), mid-morning/afternoon (solar zenith angle=45 degree), noon (solar zenith 

angle=0 degree). These spectrums were used in the ZPE shift model to calculate the α1 values, 

which are 1.0025, 1.0028, and 1.0029 at solar zenith angles of 85, 45 and 0 degree, respectively. 

These values, along with the predicted α1 value in the chamber, showed a total span of 0.6‰ 

(1.0026±0.0003), which is again significantly smaller than our measured uncertainty. Therefore, 

we suggest that our experimentally determined LCIE factor ((-10±5) ‰) can be used in most 

tropospheric solar irradiation spectrums.  

The equations can also be applied in tropospheric environments to calculate the combined 

isotopic fractionations of EIE and LCIE for NO and NO2. First, the NO2 sink reactions (mainly 

NO2+OH in the daytime) are at least 2-3 orders of magnitude slower than the Leighton cycle and 

the NO-NO2 isotope exchange reactions (Walters et al., 2016), therefore their effects on the d(NO2) 

should be minor. Second, although the conversion of NO into NO2 in the ambient environment is 

also controlled by NO + RO2 and HO2 in addition to NO+O3 (e.g., King et al., 2001), Eq. (7) still 

showed good agreement with field observations in previous studies. Freyer et al. (1993) 

determined the annual average daytime d(NO2)-d(NO) at Julich, Germany along with average 

daytime NO concentration (9 nmol mol-1, similar to our experimental conditions) to be 
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(+18.03±0.98) ‰. Using Eq. (7), assuming the daytime average j(NO2) value throughout the year 

was (5.0±1.0)×10-3, and a calculated A value from measured NOx concentration ranged from 0.22-

0.33, the average NO-NO2 fractionation factor was calculated to be (+19.8±1.4) ‰ (Figure 5.1C), 

in excellent agreement with the measurements in the present study. This agreement suggests the 

NO+RO2/HO2 reactions might have similar fractionation factors as NO+O3. Therefore, we suggest 

Eq. (7) and (8) can be used to estimate the isotopic fractionations between NO and NO2 in the 

troposphere.  

5.3.3 Calculating nitrogen isotopic fractionations between NO and NO2 

First, Eq. (7) was used to calculate the D(NO2-NO) = d(NO2)-d(NO) at a wide range of NOx 

concentrations, ƒ(NO2) and j(NO2) values (Figure 5.2A-D), assuming (1+d(NO2)) ≈1. j(NO2) 

values of 0 s-1 (Figure 5.2A), 1.4×10-3 s-1 (Figure 5.2B), 5×10-3 s-1 (Figure 5.2C) and 1×10-2 s-1 

(Figure 5.2D) were selected to represent nighttime, dawn (as well as the laboratory conditions of 

our experiments), daytime average and noon, respectively. Each panel represented a fixed j(NO2) 

value, and the D(NO2-NO) values were calculated as a function of the A value, which was derived 

Figure 5.2 Calculating isotopic fractionation values between NO-NO2 (D(NO2-NO), A-D) and 
NOx-NO2 (D(NO2-NOx), E-H) at various j(NO2), NOx level and f(NO2) using Eq. (7) and (8). Each 
panel represents a fixed j(NO2) value (showing on the upper right side of each panel), and the 
fractionation values are shown by color. Lines are contours with the same fractionation values, at 
an interval of 5‰, the contour line representing 0‰ was marked on each panel except for A and 
E. 
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from NOx concentration and ƒ(NO2). The A values have a large span, from 0 to 500, depending on 

the j(NO2) value and the NO concentration. When A=0 (j(NO2)=0) and f(NO2)<1 (meaning NO-

NO2 coexist and [O3]=0), Eq. (7) and (8) become Eq. (2) and (3), showing the EIE was the sole 

factor, the D(NO2-NO) values were solely controlled by EIE which has a constant value of +28.9 

‰ at 298K (Figure 5.2A). When j(NO2) >0, the calculated D(NO2-NO) values showed a wide range 

from -10.0 ‰ (controlled by LCIE factor: α2-α1=-10 ‰) to +28.9 ‰ (controlled by EIE factor: 

α(NO2-NO)-1 = +28.9 ‰). Figure 5.2B-D display the transition from a LCIE-dominated regime 

to an EIE-dominated regime. The LCIE-dominated regime is characterized by low [NOx] (<50 

pmol mol-1), representing remote ocean areas and polar regions (Beine et al., 2002; Custard et al., 

2015). At this range the A value can be greater than 200, thus Eq. (7) can be simplified as: D(NO2-

NO) = α2-α1, suggesting the LCIE almost exclusively controls the NO-NO2 isotopic fractionation. 

The D(NO2-NO) values of these regions are predicted to be <0 ‰ during most time of the day and 

< -5 ‰ at noon. On the other hand, the EIE-dominated regime was characterized by high [NOx] 

(>20 nmol mol-1) and low ƒ(NO2) (< 0.6), representative of regions with intensive NO emissions, 

e.g., near roadside or stack plumes (Clapp & Jenkin, 2001; Kimbrough et al., 2017). In this case, 

the τexchange are relatively short (10-50 s) compared to the τphoto (approximately 100 s at noon and 

1000 s at dawn), therefore the A values are small (0.01-0.5). The EIE factor in this regime thus is 

much more important than the LCIE factor, resulting in high D(NO2-NO) values (>20 ‰). Between 

the two regimes, both EIE and LCIE are competitive and therefore it is necessary to use Eq. (7) to 

quantify the D(NO2-NO) values. 

Figure 5.2 also implies that changes in the j(NO2) value can cause the diurnal variations in 

D(NO2-NO) values. Changing j(NO2) would affect the value of A and consequently the NO-NO2 

isotopic fractionations in two ways: 1) changes in j(NO2) value would change the photolysis 

intensity, therefore the τphoto value; 2) in addition, changes in j(NO2) value would also alter the 

steady state NO concentration, therefore changing the τexchange (Figure 5.2C). The combined effect 

of these two factors on the A value varies along with the atmospheric conditions, and thus needs 

to be carefully calculated using NOx concentration data and atmospheric chemistry models.  

We then calculated the differences of d15N values between NO2 and total NOx, e.g. D(NO2-

NOx) = d(NO2)-d(NOx) in Figure 5.2E-H. Since D(NO2-NOx) are connected through the observed 

d15N of NO2 (or nitrate) to the d15N of NOx sources, this term might be useful in field studies (e.g., 
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Chang et al., 2018; Zong et al., 2017). The calculated D(NO2-NOx) values (Figure 5.2E-H) also 

showed a LCIE-dominated regime at low [NOx] and an EIE-dominated regime at high [NOx]. The 

D(NO2-NOx) values were dampened by the 1-ƒ(NO2) factor comparing to D(NO2-NO), as shown 

in Eq. (3) and (8): D(NO2-NOx) = D(NO2-NO) (1-ƒ(NO2)). At high ƒ(NO2) values (>0.8), the 

differences between d(NO2) and d(NOx) were less than 5 ‰, thus the measured d(NO2) values 

were similar to d(NOx), although the isotopic fractionation between NO and NO2 could be 

noteworthy. Some ambient environments with significant NO emissions or high NO2 photolysis 

rates usually have ƒ(NO2) values between 0.4-0.8 (Mazzeo et al., 2005; Vicars et al., 2013). In this 

scenario, the D(NO2-NOx) values in Figure 5.2F-H showed wide ranges of -4.8 ‰ to +15.6 ‰, -

6.0 ‰ to +15.0 ‰, and -6.3 ‰ to +14.2 ‰ at j(NO2)=1.4×10-3 s-1, 5×10-3 s-1, 1×10-2 s-1, 

respectively. These significant differences again highlighted the importance of both LCIE and EIE 

(Eq. (7) and (8)) in calculating the D(NO2-NOx). In the following discussion, we assume 1) the α1 

value remain constant (see discussion above), 2) the NO+RO2/HO2 reactions have the same 

fractionation factors (α2) as NO+O3, and 3) both EIE and LCIE do not display significant 

temperature dependence, then use Equations (7) and (8) and this laboratory determined LCIE 

factor (-10 ‰) to calculate the nitrogen isotopic fractionation between NO and NO2 at various 

tropospheric atmospheric conditions. 

5.4 Implications 

 The daily variations of D(NO2-NOx) values at two roadside NOx monitoring sites were 

predicted to demonstrate the effects of NOx concentrations to the NO-NO2 isotopic fractionations. 

Hourly NO and NO2 concentrations were acquired from a roadside site at Anaheim, CA 

(https://www.arb.ca.gov) and an urban site at Evansville, IN (http://idem.tx.sutron.com) on July 

25, 2018. The hourly j(NO2) values output from the TUV model (Madronich & Flocke, 1999) at 

these locations was used to calculate the daily variations of D(NO2-NOx) values (Figure 5.3A, B) 

by applying Eq. (8) and assuming (1+d(NO2)) ≈1. Hourly NOx concentrations were 12-51 nmol 

mol-1 at Anaheim and 9-38 nmol mol-1 at Evansville and the f(NO2) values at both sites did not 

show significant daily variations (0.45±0.07 at Anaheim and 0.65±0.08 at Evansville), likely 

because the NOx concentrations were controlled by the high NO emissions from the road (Gao, 

2007). The calculated D(NO2-NOx) values using Eq. (8) showed significant diurnal variations. 
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During the nighttime, the isotopic fractionations were solely controlled by the EIE, the predicted 

D(NO2-NOx) values were (+14.5±2.0) ‰ and (+8.7±2.1) ‰ at Anaheim and Evansville, 

respectively. During the daytime, the existence of LCIE lowered the predicted D(NO2-NOx) values 

to (+9.8±1.7) ‰ at Anaheim and (+3.1±1.5) ‰ at Evansville while the f(NO2) values at both sites 

remained similar. The lowest D(NO2-NOx) values for both sites (+7.0 ‰ and +1.7 ‰) occurred 

around noon when the NOx photolysis was the most intense. In contrast, if one neglects the LCIE 

factor in the daytime, the D(NO2-NOx) values would be (+12.9±1.5) ‰ and (+10.0±1.6) ‰ 

respectively, an overestimation of 3.1 ‰ and 6.9 ‰. These discrepancies suggested that the LCIE 

played an important role in the NO-NO2 isotopic fractionations and neglecting it could bias the 

NOx source apportionment using d15N of NO2 or nitrate.  

Figure 5.3 NOx concentrations and calculated D(NO2-NOx) values at four sites. Stacked bars show 
the NO and NO2 concentrations extracted from monitoring sites (A-C) or calculated using 0-D box 
model (D); the red lines are D(NO2-NOx) values at each site. Note that the NOx concentration (left-
y) axis on panel D is different from the rest. 
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 The role of LCIE was more important in less polluted sites. The D(NO2-NOx) values 

calculated for a suburban site near San Diego, CA, USA, again using the hourly NOx 

concentrations (https://www.arb.ca.gov, Figure 5.3C) and j(NO2) values calculated from the TUV 

model. NOx concentrations at this site varied from 1 to 9 nmol mol-1 and assuming (1+d(NO2)) ≈1. 

During the nighttime, NOx was in the form of NO2 (f(NO2) = 1) because O3 concentrations were 

higher than NOx, thus the d(NO2) values should be identical to d(NOx) (D(NO2-NOx) = 0). In the 

daytime a certain amount of NO was produced by direct NO emission and NO2 photolysis but the 

f(NO2) was still high (0.73±0.08). Our calculation suggested the daytime D(NO2-NOx) values 

should be only (+1.3±3.2) ‰ with a lowest value of -1.3 ‰. These D(NO2-NOx) values were 

similar to the observed and modeled summer daytime d(NO2) values in West Lafayette, IN 

(Walters et al., 2018), which suggest the average daytime D(NO2-NOx) values at NOx = (3.9±1.2) 

nmol mol-1 should range from +0.1 ‰ to +2.4 ‰. In this regime, we suggest the D(NO2-NOx) 

values were generally small due to the significant contribution of LCIE and high f(NO2). 

 The LCIE should be the dominant factor controlling the NO-NO2 isotopic fractionation at 

remote regions, resulting in a completely different diurnal pattern of D(NO2-NOx) compared with 

the urban-suburban area. Direct hourly measurements of NOx at remote sites are rare, thus we used 

total NOx concentration of 50 pmol mol-1, daily O3 concentration of 20 nmol mol-1 at Summit, 

Greenland (Dibb et al., 2002; Hastings et al., 2004; Honrath et al., 1999; Yang et al., 2002), and 

assumed (1+d(NO2)) ≈1 and the conversion of NO to NO2 was completely controlled by O3 to 

calculate the NO/NO2 ratios. Here the isotopes of NOx were almost exclusively controlled by the 

LCIE due to the high A values (>110). The D(NO2-NOx) values displayed a clear diurnal pattern 

(Figure 5.3D) with highest value of -0.3 ‰ in the “nighttime” (solar zenith angle >85 degree) and 

lowest value of -5.0 ‰ in the mid-day. This suggest that the isotopic fractionations between NO 

and NO2 were almost completely controlled by LCIE at remote regions, when NOx concentrations 

were <0.1 nmol mol-1. However, since the isotopic fractionation factors of nitrate-formation 

reactions (NO2+OH, NO3+HC, N2O5+H2O) are still unknown, more studies are needed to fully 

explain the daily and seasonal variations of d(NO3-) at remote regions.  

Nevertheless, our results have a few limitations. First, currently there are very few field 

observations that can be used to evaluate our model, therefore, future field observations that 

measure the d15N values of ambient NO and NO2 should be carried out to test our model. Second, 
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more work, including theoretical and experimental studies, is needed to investigate the isotope 

fractionation factors occurring during the conversion from NOx to NOy and nitrate: in the NOy 

cycle, EIE (isotopic exchange between NO2, NO3 and N2O5), KIE (formation of NO3, N2O5 and 

nitrate) and PHIFE (photolysis of NO3, N2O5, HONO and sometimes nitrate) may also exist and 

be relevant for the d15N of HNO3 and HONO. In particular, the N isotope fractionation occurring 

during the NO2 + OH à HNO3 reaction needs investigation. Such studies could help us modeling 

the isotopic fractionation between NOx emission and nitrate, and eventually enable us to analyze 

the d15N value of NOx emission by measuring the d15N values of nitrate aerosols and nitrate in wet 

depositions. Third, our discussion only focuses on the reactive nitrogen chemistry in the 

troposphere, however, the nitrogen chemistry in the stratosphere is drastically different from the 

tropospheric chemistry, thus future studies are also needed to investigate the isotopic fractionations 

in the stratospheric nitrogen chemistry. Last, the temperature dependence of both EIE and LCIE 

needs to be carefully investigated, because of the wide range of temperature in both troposphere 

and stratosphere. Changes in temperature could alter the isotopic fractionation factors of both EIE 

and LCIE, as well as contribute to the seasonality of isotopic fractionations between NOx and NOy 

molecules.  

5.5 Conclusions 

 The effect of NOx photochemistry on the nitrogen isotopic fractionations between NO and 

NO2 was investigated. We first measured the isotopic fractionations between NO and NO2 and 

provided mathematical solutions to assess the impact of NOx level and NO2 photolysis rate (j(NO2)) 

to the relative importance of EIE and LCIE. The EIE and LCIE isotope fractionation factors, at 

room temperature, were determined to be 1.0289±0.0019 and 0.990±0.005, respectively. These 

calculations and measurements can be used to determine the steady state D(NO2-NO) and D(NO2-

NOx) values at room temperature. Subsequently we applied our equations to polluted, clean and 

remote sites to model the daily variations of D(NO2-NOx) values. We found that the D(NO2-NOx) 

values could vary from over +20 ‰ to less than -5 ‰ depending on the environment: in general, 

the role of LCIE becoming more important at low NOx concentrations, which tend to decrease the 

D(NO2-NOx) values. Our work provided a mathematical approach to quantify the nitrogen isotopic 
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fractionations between NO and NO2 that can be applied to many tropospheric environments, which 

could help interpret the measured d15N values of NO2 and nitrate in field observation studies.  
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 NITROGEN ISOTOPIC FRACTIONATIONS OF 
ATMOSPHERIC REACTIVE NITROGEN AT REMOTE BOUNDARY 
LAYER: IMPLICATIONS FOR NITROGEN ISOTOPES IN NITRATE 

AEROSOLS 

This chapter is a reprint from a published article (Li, J., Davy, P., Harvey, M., Katzman, 
T., Mitchell, T., & Michalski, G. (2021). Nitrogen isotopes in nitrate aerosols collected in the 
remote marine boundary layer: Implications for nitrogen isotopic fractionations among 
atmospheric reactive nitrogen species. Atmospheric Environment, 245, 118028.). 

Abstract 

 The nitrogen isotopic composition (d15N) of atmospheric nitrate aerosols is determined by 

both the d15N of its precursor, NOx emissions, and the isotopic fractionations during the 

atmospheric oxidation of NOx. However, the latter has not been well-understood nor quantified by 

field observations. In addition, the seasonal variations of this isotopic fractionation have not been 

determined. To better understand this isotopic fractionation process, in this study, we analyzed the 

d15N of nitrate aerosols collected from 30 June 2015 to 6 August 2016 at Baring Head, New 

Zealand, where the sources of NOx are well-studied. Our results showed that the d15N values in 

nitrate aerosols display a clear seasonal variation, with lower d15N values (-12‰ to ~-9‰) in the 

summer (January to March) and higher d15N values (0‰ to 3‰) in the winter (June-August), while 

the d15N values of NOx sources exhibit a narrow range of variation from -10.7±1.4‰ to -9.8±1.4‰. 

We attribute this discrepancy to the significant and variable isotopic fractionations during the 

oxidation processes of NOx. We then quantified the isotopic fractionation during 1) the equilibrium 

and kinetic isotopic fractionations between NO and NO2; and 2) the oxidation of NO2 to nitrate. 

Our calculations suggest that at Baring Head, the seasonal variations in the oxidation pathways of 

NO2 are the main driver of the seasonal variations of nitrate d15N values. Furthermore, the overall 

isotopic fractionation factors of the oxidation process determined by two models (Kinetic 

fractionation model and Equilibrium fractionation model) are generally lower in the summer (from 

+6.3±1.7‰ to +9.5±5.2‰) and higher in the winter (from +15.8±1.9‰ to +17.0±2.4‰). 
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6.1 Introduction 

 Nitrate is one of the most important inorganic compounds in tropospheric aerosols and is 

predicted to become more prevalent in the coming decades based on assumptions about future NOx 

(NO+NO2) emission rates (Bauer et al., 2007, Fiore et al., 2015). Nitrate aerosols can affect 

regional air quality (Chang et al., 2018; Fan et al., 2020; Luo et al., 2019) and the global radiation 

balance (Khodayari et al., 2014; Paulot et al., 2017). Most atmospheric nitrate originates from the 

oxidation of NOx (NO and NO2), the major sources of which include fossil fuel combustion, 

biomass burning, soil emissions and lightning (Seinfeld and Pandis, 2016). Emissions of NOx, a 

vital catalyst in tropospheric O3 production, were estimated to be 124 Tg per year globally in 2015 

(Crippa et al., 2019). The source appointment of NOx, and therefore the production of nitrate 

aerosols, remains a difficult and sometimes controversial topic (Silvern et al., 2019; Zhao et al., 

2017), because of its short lifetime (usually less than 24 hours, Browne and Cohen, 2012) and 

regionally different NOx emission rates. These result in strong spatial and temporal heterogeneities 

in NOx mixing ratios and nitrate aerosol concentrations. Additionally, the NOx emissions are 

evolving rapidly in many regions worldwide due to economic development (e.g., fast urbanization), 

in particular the rapid rise of NOx emissions in East Asia from 1995 to 2011 (Liu et al., 2017; 

Zhang et al., 2007). Changes in environmental regulations and advancements in NOx emission 

control technologies introduce more uncertainties to the existing emission inventories, further 

complicating accurate NOx source appointment (Srivastava et al., 2005). There is also uncertainty 

in the amount of NOx emitted by soils via nitrification and denitrification. For example, a recent 

study by Almaraz et al. (2018) claimed that soil emissions accounted for 50 % of total NOx 

emissions in the central valley of California, suggesting that previous agricultural NOx emission 

factors have been underestimated by a factor of 6-8. Likewise, NOx emissions derived from 

satellite observations over China displayed some discrepancies with local emission inventories, 

further suggesting significant uncertainties in either NOx emission inventories (Liu et al., 2017) or 

transformation rates of NOx into atmospheric nitrate. Therefore, it is important to improve our 

understanding in the sources of NOx emission sources in various environments and its 

transformation into nitrate aerosols. 

The nitrogen isotopic composition (d15N) of nitrate has been proposed as a powerful tool 

in studying the sources of atmospheric NOx. NOx produced by different sources display distinctive 

d15N values (Walters et al., 2015a). For example, biogenic emitted NOx shows low d15N values < 
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-26‰, (Felix and Elliott, 2014, 2013) NOx emitted from vehicles displays higher and a wide range 

of d15N values ranging from -19‰ to +20‰ (Walters et al., 2015a, Fibiger and Hastings, 2016) 

depending on the type of fuel and the emission mitigation technology, and NOx originated from 

coal-fired power plants shows higher d15N values ranging from +5‰ to +25‰ (Felix et al., 2012, 

Fibiger and Hastings, 2016). These unique NOx d15N values are then imprinted into the nitrate 

aerosols during its atmospheric oxidation (Kendall et al., 2007), and many studies have attempted 

to use d15N values of nitrate aerosols to budget regional sources of NOx (Chang et al., 2018; Felix 

et al., 2012; Felix and Elliott, 2014; Gobel et al., 2013; Hastings et al., 2004; Morin et al., 2009; 

Savarino et al., 2007, Liu et al., 2018, Zong et al., 2020).  

There are, however, a number of uncertainties that could potentially bias the use of d15N 

as a NOx source appointment proxy. In particular the assumption the NOx d15N value is preserved 

during the oxidation of NOx into atmospheric nitrate is questionable. This is because there are 

likely isotopic fractionations occurring during the oxidations of NOx into nitrate or other higher N 

oxides (such as peroxyacyl nitrate) resulting in significant uncertainties. These uncertainties 

mainly originate from two factors: first, there are strong spatial and temporal variations in NOx 

oxidation pathways such as the amount of nitrate formed via NO2 + OH in the daytime versus that 

by NO3/N2O5 reactions in the nighttime. Second, the isotopic fractionation factors of these 

reactions (and others) are still uncertain but exist in most, if not all, atmospheric nitrogen reactions. 

The fractionation processes include: 1) the kinetic isotope effect (KIE), which occurs during 

unidirectional reactions due to the differences in the rate constants between isotopes (Bigeleisen 

and Wolfsberg, 1957); 2) the equilibrium isotope effect (EIE), the isotopic exchange between co-

existing molecules (Walters and Michalski, 2015); and 3) photochemistry-induced isotopic 

fractionation effect (PHIFE), i.e., the isotopic fractionation during molecular photolysis (Miller 

and Yung, 2000). Although previous studies have investigated the EIE between NO and NO2, KIE 

during the NOx photochemical cycle, and EIE between some NOy molecules (Begun and Melton, 

1956; Li et al., 2020; Walters et al., 2016; Walters and Michalski, 2015), many fractionation factors 

of the atmospheric nitrogen chemistry are still unknown. In addition, the importance of each 

isotopic fractionation process to the overall isotopic fractionation between NOx emission and 

nitrate aerosols is still unclear, and the oxidation pathway of NOx display strong temporal and 

spatial variations (Alexander et al., 2009), makes it even more difficult to quantify this isotopic 

fractionation. Therefore, if the d15N of atmospheric nitrate is to be used as a proxy for NOx d15N 
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(and NOx source constraint), a better quantification of the isotopic fractionation between emitted 

NOx and the product nitrate aerosols is urgently needed. 

 In this work, we analyzed the d15N of nitrate aerosols collected at Baring Head, New 

Zealand, a “clean atmosphere” research site. The observed seasonal variations in d15N values of 

aerosol nitrate were used to test two hypotheses. The first hypothesis is that seasonal d15N 

variations are due to changes in regional NOx sources that generated the nitrate. The second 

hypothesis is that the variations are due to isotopic fractionation between NO and NO2 that are a 

function of NOx mixing ratios and the isotopic fractionation during the oxidation from NO2 to 

nitrate.  

6.2 Methods 

Size-aggregated ambient aerosol nitrate samples were collected weekly at Baring Head, 

New Zealand from 30 June 2015 to 11 August 2016 (Figure 1). Baring Head is on the southern tip 

of New Zealand’s North Island overlooking the Cook Strait. It is home to the Baring Head Clean 

Air Monitoring Station, which has been in operation for more than 40 years measuring greenhouse 

and other trace gases in air that is representative of the unpolluted mid-latitude Southern 

Hemisphere. The site, and its 

lighthouse, are located on an 85 m 

cliff approximately 200 m from the 

shoreline and ~15 km to the 

southeast of the capital city of 

Wellington, New Zealand. Previous 

studies have suggested that aerosols 

at Baring Head are partially derived 

from anthropogenic emissions from 

the city of Wellington (Li et al., 

2018). The site continuously 

monitors CO2 using Cavity laser 

spectroscopy (Model G2301, 

Picarro Inc, CA, USA). Measurements 

of CO and O3 are also made at Baring 

Figure 6.1 Map of the sampling location, nearby cities 
and the locations of NOx monitoring sites. 
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Head. CO has been measured at a frequency of 60-100 times per year since 1998 using gas 

chromatography on discrete flask samples, and O3 has been monitored hourly by a standard O3 

monitor (Thermo Electron Corporation Model 49i). There were no NOx data collected at Baring 

Head, but Greater Wellington Regional Council measured hourly NO and NO2 concentrations in 

two cities near our sampling site, Wellington (15 km to the north-west) and Upper Hutt (35 km to 

the north), during the sampling period (Figure 1).  

Ambient aerosols were collected using a high-volume aerosol sampler (Lear Siegler 

Australasia, Australia) equipped with size segregating cascade impactor (TE-235, Tisch 

Environmental Inc., USA) that was set up on a 15-meter tower. The sampler flow rate was set to 

1 m3/min to separately collect coarse (1-16 µm) and fine (0.05-1 µm) aerosols. Cellulous filters 

were used to minimize sulfate contamination by SO2 reacting on the substrate (Pszenny et al., 1993) 

and were replaced every 7 days. After collection, each filter was carefully sealed into Ziploc bags 

and shipped to Purdue University. Upon arrival, each filter was soaked into 100 mL of 18.2 MΩ cm 

deionized water and agitated for 30 min to completely dissolve all water-soluble inorganic ions. 

The solutions were then filtered by 0.2 µm filters to remove any microbes and kept refrigerated 

until the day of analysis. An aliquot of each sample was used to analyze the anion concentrations 

by an Ion Chromatography (DX-500, Dionex Corp., Sunnyvale, CA, USA) at Purdue Stable 

Isotope (PSI) Lab. The ion concentration analysis was previously reported by Li et al. (2018). 

Another aliquot of each sample was then mixed with 5% HNO3 solutions then used to measure the 

cation concentration using an ICP-OES at Purdue Rare Isotope Measurement Lab (PRIME). The 

standard errors for both anion and cation analysis were ±5%. 

The nitrate d15N values were analyzed using the bacteria method, which utilizes 

Pseudomonas aureofaciens to completely convert nitrate into N2O (Casciotti et al., 2002). The 

denitrifying bacteria were first grown in solutions containing tryptic soy broth, KNO3, NH4Cl. 

After a week, the bacteria were concentrated and rinsed using a nitrate free rinse solution, which 

is identical to the growth solutions except the rinse solution does not contain KNO3. The bacteria 

solutions were then purged with He for 2 hours to remove any N2O blank in the solution. This 

solution was then split into 1 mL aliquots in 12 mL headspace vials, and the headspace was flushed 

with He to keep the solution anoxic. Then sample solutions containing ~500 nmol of nitrate were 

then injected into each vial to react overnight. Subsequently, 0.5 mL of 5% NaOH was injected 

into each vial to terminate the reaction and remove any CO2 in the headspace. The N2O produced 
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in the headspace was then cryogenically trapped and purified by gas chromatography (Plot Q 

column) before being directed into an Isotope Ratio Mass Spectrometer (Delta V) to analyze N 

and O isotopologues at 44, 45 and 46 atomic mass unit. The results were reported in delta notations: 

d15N (‰) = ((15N/14N)sample/(15N/14N)reference-1) *1000‰;         Eq. 1 

in which the reference material for d15N is atmospheric N2. The standard error was 0.5‰ for d15N. 

The standards used during the isotopic analysis were three internal nitrate standards that were 

calibrated relative to international standards USGS32, USGS34 and USGS35 (Coplen et al., 2002; 

Michalski et al., 2002). 

6.3 Results  

 There were strong seasonal variations in nitrate aerosol concentrations at Baring Head 

(Figure 2A). In terms of size fractions, nitrate is primarily in the coarse aerosols (1-16 µm 

diameter), ranging from 0.38 to 8.03 nmol/m3 with an average value of 3.51 nmol/m3. The fine 

aerosols (0.05-1 µm) had much lower nitrate concentrations of 0.14-0.97 nmol/m3 with an average 

value of 0.44 nmol/m3 (Figure 2A). The nitrate mass fraction in the coarse aerosols average at 

0.87±0.05 for all the samples, showing that the majority of total nitrate is in the coarse aerosol 

mode. The concentrations of nitrate aerosols display significant seasonal variation with lower 

concentrations in the winter (June-August) and higher concentrations in the summer (January to 

March, Figure 2A). The average concentration of nitrate in coarse aerosols was 1.47 nmol/m3 in 

the winter and 5.20 nmol/m3 in the summer while the averages of nitrate in the fine aerosols were 

0.26 nmol/m3 in the winter and 0.57 nmol/m3 in the summer.  

 NOx concentrations at both city monitoring sites showed strong seasonal variations (Figure 

2B, C). NOx concentrations in both cities were higher in the winter and lower in the summer. At 

Wellington, the lowest monthly average NO concentration (5.6 ppb) was overserved in December, 

and highest monthly average NO concentration (11.2 ppb) was observed in June during the study 

period. Similarly, the lowest monthly average NO2 concentration (4.0 ppb) was overserved in 

December, and highest monthly average NO2 concentration (9.1 ppb) was observed in June. Upper 

Hutt had lower overall NOx concentration relative to Wellington and displayed similar seasonal 

variations. The monthly average NO concentration was lowest in December (0.8 ppb) and highest 
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in June (4.9 ppb); while the monthly 

average NO2 concentration was lowest in 

January (1.0 ppb) and highest in July (4.4 

ppb). The f(NO) values, where f(NO) = 

[NO]/[NOx], at both sites were lower in the 

winter (~0.30 at Upper Hutt and 0.4 at 

Wellington) compared to the summer (~0.6 

at both cities). 

The d15N values of nitrate in the 

coarse aerosols display significant seasonal 

variations over the sampling period (Figure 

3A). Due to the low concentration of nitrate 

in the fine aerosols, their d15N values were 

not able to be analyzed. In the coarse 

particles, the d15N values (n=34) range 

from -12‰ to +6‰, averaging at -4‰, and 

show significant seasonal variations. In the 

winter, d15N values are higher, ranging 

from -5‰ to +6‰ with an average of 0‰, 

while in the summer the d15N values ranged 

from -12‰ to -4‰, averaging at -8‰.  

6.4 Discussion 

6.4.1 Origins of NOx and nitrate  

To interpret the observed nitrate 

aerosol d15N values we need to assess 

how NO3- is partitioned between gas and 

solid phase, since there are nitrogen isotope fractionations associated with phase equilibrium. As 

most nitrate was found in the coarse aerosols, we hypothesize that the nitrate aerosols are mainly 

composed of HNO3(g) entering particle phase and NOy reacting on sea-salt aerosols. An average of 

Figure 6.2 A. Nitrate concentrations in fine and 
coarse aerosols and fitted nitrate concentrations in 

coarse aerosols (see section 4.2); B, C: running 
averages of hourly measured NO and NO2 

concentrations at Upper Hutt and Wellington 
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87% of the total nitrate accumulates in the coarse particle fraction, which is commonly observed 

in remote marine boundary layers (Baker et al., 2006; Itahashi et al., 2016). This accumulation of 

nitrate in the coarse particles in coastal areas is often attributed to the high alkalinity of sea salt 

aerosols. To estimate the mass fraction of sea salt to the total aerosol mass, we assume that all the 

Na+ in the aerosols originated from sea salt, and Na+ mass/aerosol mass ratio was 0.3066 (Millero 

et al., 2008). Based on observed Na+ concentrations in the coarse aerosols and their mass, the 

average sea-salt aerosols mass is estimated to be 9.15 ug/m3 in the coarse particles, accounting for 

99% of the observed coarse aerosols mass. In contrast, the average sea-salt mass in the fine 

particles is only 0.51 ug/m3, accounting for 23% of fine aerosol mass with the remainder is 

attributed to secondary aerosols, such as secondary sulfate derived from atmospheric SO2 

oxidation (Li et al., 2018) and secondary organic aerosols (SOA). Nitrate originating directly from 

the sea-salt aerosols is negligible in most areas since nitrate in the surface seawater is typically less 

than 1-2 µM. The concentration of sulfate is 4-5 orders of magnitude higher than nitrate (Rees et 

al., 1978; Sherlock et al., 2007), yet in the coarse aerosols the nitrate and sulfate concentrations 

were similar (Li et al., 2018). Therefore, most nitrate in our samples must have originated from 

atmospheric oxidation of NOx. HNO3(g) produced by the NO2+OH reaction, the main HNO3(g) 

Figure 6.3 Observed d15N(NO3-) in coarse aerosol samples and fitted d15N values (see 
discussion). B. Monthly NOx emission inventory of the Greater Wellington region (extracted 

from EDGAR database). 
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formation pathway (Alexander et al., 2009), can enter the particle phase onto the alkaline, coarse 

sea-salt aerosols through the acidic displacement reaction: 

 HNO3(g)+NaCl(p)à NaNO3(p)+HCl(g) 

This acidic displacement reaction on sea-salt aerosols is fast, the uptake coefficient of HNO3(g) 

uptake onto sea-salt aerosols was previously determined to be ~0.2 (De Haan and Finlayson-Pitts, 

1997). Using this uptake coefficient, we estimated the lifetime of gas phase HNO3 (τ) using a 

pseudo-first order uptake model (Fuchs and Sutugin, 1971): 

    τ=4/(γ*ν*Sa)       Eq. 2 

where γ is the uptake coefficient of the reaction (0.2), ν is the mean molecular velocity of HNO3(g) 

(316 m/s at room temperature) and Sa is the average surface area of sea salt aerosols. Using the sea 

salt aerosol mass-surface area ratio of 140 µg/cm2 (Andreas, 1998; Guelle et al., 2001), the 

observed average surface sea-salt concentration of 9.15 ug/m3, and the average surface area of sea-

salt aerosols of 6.54*10-6 m2/m3, leads to an estimated lifetime of gas phase HNO3 of 2.7 hours. 

This short lifetime of HNO3(g) suggests most nitrate should exist in the particle phase, especially 

on the sea salt aerosols since this is a neutralizing reaction for HNO3. Similarly, the heterogeneous 

formation of nitrate through N2O5 uptake also favors alkaline surfaces (Kane et al., 2001) and Eq. 

2 also applies but with g values that range from 0.005 to 0.03 depending on relative humidity 

(Evans and Jacob, 2005). This pathway directly removes NOy to form particle nitrate and becomes 

increasingly important under cold and dark conditions (e.g., winter). This also suggests that nitrate 

found in the coarse particles is associated with sea salt aerosols. Therefore, it is reasonable to 

assume that the observed d15N values of nitrate in the coarse aerosols should represent the d15N 

values of total NO3- in the Baring Head region and that the possible N isotope effects associated 

with NO3- partitioning between gas and solid phase is negligible. 

 We tested the hypothesis that the observed seasonal variations of nitrate aerosols d15N 

values were due to seasonal shift in NOx emission sources by conducting a simple isotope mass 

balance. The observed nitrate d15N values showed an overall seasonal variation of 18‰. If this 

variation was entirely due to shifts in NOx emission sources, it would require a significant change 

in NOx emissions between summer and winter. We calculated the monthly d15N value of each NOx 

source in the study region using the Emission Database for Global Atmospheric Research 
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(EDGAR) NOx emission inventory (Crippa et al., 2016), literature d15N values, and the isotope 

mass balance:  

d15N(NOx) =S d15Ni * fi                  Eq. 3 

where d15Ni is the estimated d15N value of source i and fi is the mole fraction contribution of NOx 

source i to the total NOx emissions. The mole fractions (fi) were extracted from the categorized 

NOx data from EDGAR gridded emission inventory (Crippa et al., 2016). The monthly average 

NOx emission in a 1-degree * 1-degree grid encompassing both Wellington and Baring Head are 

shown in Figure 3B. The majority of NOx emissions in this region are on-road vehicles and ocean-

going ships (Wellington Harbor), with mole fractions of 0.41 and 0.39, respectively. Residential 

(0.12) industrial (0.07) and agriculture (0.01) NOx made up the remainder of the NOx emission 

inventory. This EDGAR based NOx emission inventory data is similar to the emission inventory 

assembled by the local government (Ministry of the Environment, 2004) which also suggests the 

majority (96%) of the NOx emission in the city of Wellington is from a combination of on-road 

vehicles and ship emissions. Additionally, the seasonal variations of NOx emissions from all 

categories in EDGAR are relatively small except for the residential emission that spiked in winter 

months (25%) relative to summer (4%) due to residential heating. The total EDGAR NOx emission 

flux was 40% higher in June (5.8*10-5 kg/m2/day) relative to January (3.5*10-5 kg/m2/day).  

Table 6.1 d15N values of emission sources 

Emission source d15N values (±1σ) References 

Agriculture -33.0‰ ±12.3‰ Miller et al., 2018 

Industrial +10.0‰ ± 2.0‰ Felix et al., 2012 

Residential -12.8‰ ± 2.4‰ Hastings et al., 2009 

Ship emissions -9.5‰ ± 2.5‰ Walters et al., 2015a, Beyn et al., 2015 

On-road vehicles-gasoline -3.9‰ ± 2.5‰ Walters et al., 2015a, 2015b, 

On-road vehicles-diesel -19.1‰ ± 1.8‰ Walters et al., 2015a, 2015b 

 

The d15N values of NOx from these main sources are obtained from recent published 

research (Table 1). The d15N value of NOx originating from residential emissions, industrial 
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emissions, and agriculture emissions are estimated to be -12.8‰ ± 2.4‰, +10.0‰ ± 2.0‰ and -

33.0 ± 12.3‰, respectively (Hastings et al., 2009, Felix et al., 2012, Miller et al., 2018). The d15N 

value of NOx emitted from on-road vehicles varies significantly depending on fuel types, emission 

control technology, and commute times (Walters et al., 2015a, 2015b). The d15N value of NOx 

emitted from gasoline powered cars were estimated to be -3.9‰ ± 2.5‰ (1σ) based on the average 

commute time of ~20 min in the Wellington region (Statistics New Zealand, 2014) and vehicle 

NOx d15N changes with drive time (Walters et al., 2015a, 2015b), while the d15N value of NOx 

emitted from diesel cars with selective catalytic reduction technology was estimated to be -19.1‰ 

± 1.8‰ (1σ, Walters et al., 2015a). The contributions of gasoline and diesel cars to the total on-

road NOx emissions at Auckland, New Zealand were previously estimated to be 45% and 55%, 

respectively, due to the relatively higher NOx emission factor of diesel vehicles comparing to 

gasoline vehicles (Sridhar et al., 2014). Assuming a similar distribution at Wellington, the overall 

d15N(NOx) of on-road vehicle emissions is estimated to be -12.3‰ ± 1.5‰. The d15N value of NOx 

from ship emission has not been directly measured yet, but previous study estimated that ship 

emitted NOx is mainly originated from decomposition of atmospheric N2 (Beyn et al., 2015), the 

d15N of which was estimated to be -9.5‰ ± 2.5‰ (1σ, Walters et al., 2015a).  

The calculated d15N(NOx) values do not show seasonal variations similar to the observed 

d15N(NO3-) (Figure 4B). Using the above NOx mole fractions (f values), d15N(NOx) values, and 

Eq. 3, the predicted monthly d15N(NOx) values at Wellington only fluctuate by 0.9‰, ranging from 

-10.7‰ ± 1.4‰ to -9.8‰ ± 1.4‰ (Figure 4B), which is mainly due to the lack of any significant 

seasonal variation of the NOx emission sources. The small d15N(NOx) variations throughout the 

year is in contrast to the observed d15N values of nitrate aerosols which displayed a much stronger 

seasonal variation of 18‰ (from -12‰ to +6‰). Also, the calculated d15N(NOx) values in the 

summer are similar to the observed values, but in the winter, the calculated d15N(NOx) values are 

7‰ lower than the observed values on average. We hypothesize that the differences between the 

calculated d15N(NOx) values and the observed d15N(NO3-) is related to seasonal variations in 

isotope fractionations that occur during the oxidation of NOx into nitrate. Such fractionation 

includes both the EIE between NO and NO2, and the PHIFE and KIE occurring during oxidation 

of NO2 to nitrate via multiple pathways, and the EIE between the NOx and NOy molecules. Next, 
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we first quantify the isotope fractionation between NO and NO2 and then discuss the isotope 

fractionation during the oxidation from NO2 to nitrate. 

6.4.2 Quantifying the NO-NO2 isotopic fractionation 

We previously developed a model to quantify the isotope fractionation between NO and 

NO2, a combined effect of two different processes (Li et al., 2020). The first process is the EIE 

between NO and NO2 molecules, the equilibrium isotopic effect (hereafter refer as EIE), where no 

change in molecule abundance occurs. The second process is the Leighton cycle isotope effect 

(hereafter refer as LCIE, Li et al., 2020), the combined KIE and PHIFE occurring during daytime 

NOx photochemical cycling. Theoretical and experimental studies (Begun and Melton, 1956; 

Walters et al., 2016, Li et al., 2020) have suggested that the EIE value should be 1.028±0.004 at 

room temperature, and the value has been widely applied in many studies (Chang et al., 2018; Fan 

et al., 2019; Song et al., 2019; Zong et al., 2017). The LCIE is usually overlooked because its effect 

is generally considered negligible at high NOx concentrations. Li et al. (2020) shows that the 

fractionation factor of LCIE is 0.990±0.005, dramatically different from that of the EIE and that 

LCIE is important when [NOx]<20 ppb, and even dominant when [NOx]<1 ppb. Here, we use this 

model to quantify the NO-NO2 isotopic fractionation at our sampling site.  

The differences between the d15N values of NO2 and NOx at Baring Head were calculated 

using the equation in Li et al. (2020): 

   d15N(NO2) - d15N(NOx) ≈ (+28.9‰ - 10‰*A)/(A+1)*f(NO) Eq. 4  

The A factor is an index showing the relative importance of EIE and LCIE, which equals to 0 in 

the nighttime (when j(NO2) =0). During the daytime, A is calculated using j(NO2) value (in s-1), 

NO concentration ([NO]) and the rate constant of NO-NO2 isotopic exchange reaction 

(k1=8.14*10-14 cm3/s (Sharma et al., 1970)): 

A= j(NO2)/k1*[NO]       Eq. 5 

The time series of j(NO2) values were calculated using the tropospheric radiation (TUV) model 

(Madronich and Flocke, 1999). 
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Since the NOx concentrations at 

Baring Head were not directly measured, we 

first estimated the NOx concentrations at 

Baring Head using the observed NOx 

concentrations at Wellington, the city ~15 km 

away from our sampling site. The NOx 

concentrations at Wellington show clear 

seasonal variations: wintertime NOx 

concentrations are approximately 100% 

higher than those of summertime. This is 

likely resulted from a combination of higher 

NOx emissions (~65% higher in winter than 

summer, see discussions above) and lower 

boundary layer heights in the winter. Since 

there are no significant NOx emissions outside 

the city, the observed NOx in the Wellington 

region should have mainly originated from 

local emissions and Baring Head should 

follow similar seasonal NOx concentration 

trends. Thus, we assume the spatial 

distribution of NOx near the city of Wellington 

follows a Gaussian distribution (Hanna et al., 1982). The distribution of NOx concentrations 

([NOx]=[NO]+[NO2]) can be expressed as:  

[NOx]= [NOx]0*𝑒>
7"

"8" +[NOx]BG         Eq. 6 

Where d is the distance from Wellington and σ is the standard deviation of this Gaussian 

distribution. Here we suggest the [NOx]BG can be neglected as NOx is short-lived and the 

background NOx level in the open Southern Ocean is only a few ppt (Monk et al., 1998). While 

this approach may not accurately predict the temporal NOx variation in a shorter time scale (hourly 

or daily) because the meteorological conditions can vary, it should be able to represent the average 

NOx concentration at Baring Head over a longer time period (weekly to monthly). To determine 

Figure 6.4 A. estimated NOx concentrations and 
f(NO) values at Baring Head. B. Modeled 
d15N(NOx), running average of modeled 

d15N(NO2), comparing to observed and fitted 
d15N(NO3-). The shaded area around the black 

and blue lines represents the standard deviations.  
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the value of 𝑒>
7"

"8" at Baring Head, we assume CO and NOx follow similar Gaussian distribution 

pattern (i.e., same σ value) near the city of Wellington: 

[CO]= [CO]0*𝑒>
7"

"8" +[CO]BG          Eq. 7 

Because the lifetime of CO in the atmosphere is long (~2 months through CO+OH oxidation 

assuming an average OH concentration of 1*10-6 cm-3, Lawrence et al., 2001), we use the annual 

average concentrations of CO at the background, clean air monitoring site at Arrival Heights, 

Antarctica (NIWA database) as the [CO]BG value, then we use the CO concentrations at Wellington 

([CO]W=[CO]0+[CO]BG) and Baring Head (([CO]BH=[CO]0*𝑒>
7"

"8"+[CO]BG) to calculate the 𝑒>
7"

"8" 

value: 

𝑒>
7"

"8"=([CO]BH-[CO]AH)/([CO]W-[CO]AH)    Eq. 8 

Using the previously measured annual average CO concentration in Wellington (220 ± 120 ug/m3, 

Mitchell, 2015), Baring Head (46.2±7.8 ug/m3, NIWA, 2016) and Arrival Heights (44.4±8.2 ug/m3, 

NIWA, 2016), the 𝑒>
7"

"8" value at Baring Head is calculated to be 0.0140. As a result, the estimated 

NOx mixing ratios at Baring Head range from ~120 ppt in the summer to ~270 ppt in the winter 

(Figure 4A), with an annual average of ~200 ppt. These estimated NOx mixing ratios match well 

with those observed at Cape Grim (~200 ppt in the summer), another “background site” at a similar 

latitude and located in Tasmania, Australia (Carpenter, 2007). Using the estimated NOx 

concentrations at Baring Head, the f(NO) values were calculated by assuming photochemical 

steady state between NO and NO2 through the following reactions:  

 NO2à NO+O     rate=j(NO2)[NO2] 

 O+O2+MàO3+M    rate=k2[O][O2][M] 

 NO+O3àNO2+O2    rate=k3[NO][O3] 

Where j(NO2) is the photolysis rate of NO2, and k2 (6.01*10-34 cm6 molecule-2 s), k3 (1.73*10-14 

cm3 molecule-1 s) are the rate constants of the reactions (Atkinson et al., 2004). At Baring Head, 

the observed O3 concentrations range from 20 ppb to 30 ppb, while the HO2 and RO2 have very 

low concentrations (~5 ppt, Carslaw et al., 1999; Sommariva et al., 2004). Therefore, the oxidation 

of NO to NO2 at our study site is primarily driven by O3. Our calculations show that at these 
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concentrations, the NO+O3 reaction is ~10 times faster than the NO+HO2/RO2 reactions. Using 

the above reactions, hourly f(NO) values are calculated using the j(NO2) values estimated by the 

TUV model (Madronich and Flocke, 1999). The calculated averaged f(NO) values range from 0.09 

in the winter to 0.24 in the summer (Figure 4A), again agreeing well with the observed f(NO) 

values at Cape Grim (average f(NO)=0.17). 

 The d15N values of NO2 calculated using Eq. 5 are lower than the d15N(NOx) values and 

displayed a narrow range of variation. Because of the low NOx concentration, the isotopic 

fractionation between NO and NO2 is mainly controlled by the LCIE factor at Baring Head, 

resulted in negative d15N(NO2)-d15N(NO) values (Figure 4B). Our calculation showed that the 

weekly running average (168-hour running average) of calculated d15N(NO2) range from -13.9‰ 

in the summer to -11.4‰ in the winter (Figure 4B), with an annual average value of -12.8‰, 

similar to but slightly lower than the modeled d15N(NOx) values. The d15N(NO2) values are still 

significantly lower than the observed d15N(NO3-) values with much less seasonal variations. 

Therefore, we hypothesize that the isotopic fractionation during subsequent NO2 oxidation into 

HNO3 is probably more important in determining the isotopic fractionations between NOx and 

NO3- at Baring Head.  

6.4.3 The isotopic fractionation during NO2 oxidation to nitrate 

The differences between observed d15N(NO3-) and predicted d15N(NO2) range from 3.7‰ 

(in summer) to 14.6‰ (in winter) during our study period (Figure 4B). This discrepancy suggests 

that the modeled d15N(NO2) does not represent the d15N(NO3-) at Baring Head due to significant 

isotopic fractionation have occurred during the oxidation of NO2 to nitrate. This isotopic 

fractionation (i.e., d15N(NO3-)-d15N(NO2) value) is determined by 1) reaction yield, i.e., the 

Nitrogen Oxidation Ratio (NOR=[NO3-]/([NO2]+[NO3-]), and 2) the isotopic fractionation factor 

of the oxidation process. Therefore, in the following discussion the effect of both NOR and isotopic 

fractionation factors during NO2 oxidation are modeled. 

Two isotopic fractionation models are applied to estimate the isotopic fractionations 

between NO2 and nitrate. The first model assumes the NOx-nitrate isotopic fractionation is solely 

controlled by the EIE between NO2 and nitrate molecules. This fractionation process is expressed 

as: 
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  d15N(NO3-) = d15N(NO2) + εobs,E*(1-NOR)     Eq. 9 

where NOR is the NO2 oxidation ratio and the εobs,E is the observed enrichment factor in the EIE 

model. The second model assumes the isotopic fractionation was solely controlled by the KIE 

during the oxidation process, and the d15N(NO3-) can be calculated using the Rayleigh Distillation 

equation: 

d15N(NO3-) = d15N(NO2) - εobs,K * ln(1-NOR) * (1-NOR)/NOR  Eq. 10 

where εobs,K is the enrichment factor of the oxidation process in the KIE model.  

To directly compare the modeled hourly NO2 concentrations to the observed weekly nitrate 

concentration data and apply them in the model, we used fitted lines to represent the nitrate 

concentration and d15N(NO3-) values. We applied a Gaussian distribution function to fit the nitrate 

concentration (Figure 5A). Similarly, we used a quadratic function to fit the weekly observed 

d15N(NO3-) values, which displayed a range from -10‰ in the summer to +3‰ in the winter. Using 

the fitted nitrate concentration values, we calculated the NOR values (Figure 5B). The NOR values 

show significant seasonal variations during the sampling period, which partially explains the 

variations of isotopic fractionation between NO2 and nitrate. Using the modeled hourly NO2 

concentrations and the fitted nitrate concentrations, the annual average of NOR values is estimated 

to be 0.42±0.25 with a strong seasonality: the monthly average NOR value is highest (0.68) in 

January and lowest (0.20) in July. These calculated NOR values are lower than typical NOR values 

observed in the remote boundary layer. In the remote troposphere where NOx mixing ratios are 

typically below 100 ppt, the NOR is usually >0.8 (Chatfield, 1994), indicating almost complete 

oxidation of NOx into nitrate. In the meantime, our calculated NOR values were slightly higher 

than typical NOR values in polluted urban environments that usually range between 0.2-0.5 and 

sometimes can be lower than 0.1 in the winter (Chang et al., 2018; Liu et al., 2020; Luo et al., 

2019; Sun et al., 2018). The variations of NOR values play an important role in controlling the 

isotopic fractionations between NO2 and nitrate. In both models, increasing NOR tends to decrease 

the isotopic fractionation between nitrate and NO2. The high NOR during summer is in line with 

the lower observed d15N(NO3-)-d15N(NO2) values, suggesting the changes in NOR partially 

contributed to the variations of isotopic fractionations. 



 
 

144 

Using the modeled d15N(NO2), 

fitted d15N(NO3-) and NOR values, the 

εobs values were calculated for both 

models. The calculated εobs values in 

both models (Figure 6) display clear 

seasonal variations. In the EIE model, 

the lowest εobs,E is observed in January 

(+9.5±5.2 ‰) and the highest εobs,E is 

observed in July (+17.0±2.4 ‰). The 

KIE model also gave similar results 

with the lowest εobs,K (+6.3±3.1 ‰) in 

February and the highest εobs,K in July 

(+15.8±1.9 ‰). This variation in 

enrichment factors is unlikely due to 

the changes in temperature, since the 

difference of average temperature at 

Baring Head between January and July 

is only ~8 °C, which is unlikely to shift 

the enrichment factor by over 10‰. 

Instead, the changes in εobs,E are attributed to the seasonal variation in the nitrate formation 

pathways. The two most important nitrate formation pathways in coastal areas are daytime NO2 

oxidation by OH radicals and nighttime N2O5 hydrolysis reactions (Alexander et al., 2009; 

Dentener and Crutzen, 1993; Michalski et al., 2003). The OH oxidation is more important in the 

summer, while the nighttime N2O5 hydrolysis is more important in the winter.  

This observed seasonal variation in nitrogen isotopic fractionation factors is in general 

agreement with previous studies (Freyer, 1991, Walters and Michalski, 2015, Zong et al., 2017) 

although the detailed fractionation processes are still highly uncertain. The isotopic fractionation 

during daytime nitrate formation through NO2+OH is primarily controlled by the kinetic 

fractionation of the reaction, which has a fractionation factor (εNO2+OH) of -3‰ (Freyer, 1991); 

while the isotopic fractionation during nighttime nitrate formation is controlled by the equilibrium 

fractionation factor between NO2 and N2O5 molecules (Chang et al., 2018; Walters and Michalski, 

Figure 6.5 A. Modeled NO2 (red line) and nitrate (purple 
line) concentrations, B. calculated NOR values 

presented in 168-hour running average, shaded area 
represents the 168-hour running standard deviation. 
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2015; Zong et al., 2017), which has a 

fractionation factor (εN2O5/NO2) of 

+25.7‰ at room temperature. Our 

calculated εobs values (+9.5‰-+17.0‰ in 

EIE model and +6.3-+15.8‰ in KIE 

model) are in between εNO2+OH and 

εN2O5/NO2 values, confirming our 

hypothesis that the variations of εobs 

values should be mainly attributed to the 

variations in the nitrate formation 

pathways. Assuming the εobs values 

represent a combination of both isotopic 

fractionation factors (εobs = 

fNO2+OH*εNO2+OH+ fN2O5/NO2*εN2O5/NO2 in 

which f values represent the fractional 

contributions of each oxidation pathway 

and fNO2+OH + fN2O5/NO2 =1), then the 

lower summertime εobs,E and εobs,K values comparing to winter indicated an increased contribution 

of NO2+OH to the formation of nitrate in the summer time, which is general agreement with 

GEOS-Chem simulation results (Alexander et al., 2009; Kamezaki et al., 2019). Nevertheless, 

there are uncertainties in 1) the role of equilibrium isotopic fractionations between NO2, nitrate, 

and N2O5 with other NOy molecules, and 2) the contribution of other nitrate pathways and their 

associated isotopic fractionations, such as NO3+hydrocarbon and ClONO2/BrONO2 hydrolysis, 

which are suggested to account for 10-20% nitrate formation in remote marine boundary layer 

(Savarino et al., 2013). Further study is needed to better quantify the isotopic fractionation of the 

complex NOx and NOy chemistry. 

6.5 Conclusions 

 This work assessed the differences between d15N values between the NOx emissions 

(calculated) and those in nitrate aerosols collected at a background site at Baring Head, New 

Figure 6.6 Calculated seasonal variations in isotopic 
fractionation factors (εobs) between NO2 and nitrate 

using KIE (black circles) and EIE (red squares) 
models. Data is shown in monthly average and error 

bars represent the standard deviations. 
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Zealand, in order to investigate the isotopic fractionations during the formation of nitrate aerosols. 

While the d15N(NOx) is relatively constant throughout the year, the measured d15N(NO3-) is 

approximately 0-15‰ higher than d15N(NOx) and displays significant seasonal variation. Our 

study indicates that the fractionation between NO and NO2 is insignificant at our study site and the 

differences between d15N(NO3-) and d15N(NOx) is largely caused by the isotopic fractionation 

during the oxidation from NO2 to nitrate. This isotopic fractionation is less significant in the 

summer than winter, due to the higher nitrogen oxidation ratio and lower isotopic fractionation 

factor. Further investigation is needed to quantify the isotopic fractionation during the oxidation 

of NO2 into HNO3, including 1) assessing the isotopic fractionation factor of each oxidation 

pathway, in particular the NO2 + OH reaction, 2) investigating the temperature dependence of the 

isotopic fractionation factors, and 3) understanding the relative importance of each fractionation 

factor to the overall isotopic fractionation between NO2 and nitrate.  
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 CONCLUSIONS AND OUTLOOK 

7.1 Studying atmospheric sulfur using stable sulfur isotopes 

Chapter 2 and Chapter 3 of this dissertation demonstrate that sulfur isotopic analysis is an 

excellent tool in identifying sources of sulfate aerosols in the atmosphere. Our study at Baring 

Head, New Zealand (Chapter 2) showed that, in a clean, Southern Hemisphere coastal environment, 

marine emission plays an important role in controlling the concentrations of sulfate aerosols. In 

this environment, sulfate is observed in both coarse (>1 µm in diameter) and fine (<1 µm in 

diameter) aerosols. The coarse aerosols are primarily composed of sea-salt aerosols and the sulfate 

in the coarse aerosols is also almost entirely originated from sea-salt sulfate. This is evidenced by 

1) the sodium to sulfate ratios in the coarse aerosols are similar to those of sea-salt; and 2) the 

sulfate in coarse aerosols and sea-salt sulfate display identical d34S values. Sulfate in fine aerosols, 

on the other hand, is originated from atmospheric oxidation of SO2. The origins of the SO2 were 

identified using stable isotopes, showing that on average, 73-77% of the SO2 is sourced from 

biogenic emissions by phytoplankton and the rest SO2 is originated from anthropogenic activities. 

In the Atacama Desert (Chapter 3), we investigated the sources and interannual variations of 

atmospheric deposition. Sulfur isotopic analysis was again used to infer the sources of sulfate in 

the deposition samples. In the coastal region to the west of the Atacama Desert, we suggest that 

anthropogenic SO2 emissions is the main source of the atmospheric sulfate. Inside the Atacama 

Desert, the d34S values of atmospheric sulfate generally are similar to local soil gypsum, suggesting 

local surface soil is the main source of atmospheric sulfate. In the Andes to the east of the Atacama 

Desert, the atmospheric deposition is mainly wet deposition, and the sulfate is mainly originated 

from nearby salt lakes and surface soil.  

Sulfur isotopes can also be used to infer the formation pathways of atmospheric sulfate when 

the d34S value of SO2 is known. In Chapter 4, we investigated the sulfur isotopic composition of 

sulfate aerosols collected during a severe haze episode in Nanjing, China. Significant discrepancy 

was observed between the sulfur isotopic compositions of sulfate aerosols and SO2 emissions. We 

suggest this discrepancy is primarily driven by the isotopic fractionation during the SO2 oxidation 

processes, since 1) the observed sulfur oxidation ratio is low (i.e., incomplete SO2 oxidation) and 

2) a negative correlation between the d34S values of sulfate and the sulfur oxidation ratio is 



 
 

155 

observed. A Rayleigh Distillation model was then used to describe the isotopic fractionation 

process, which yielded a fractionation factor of 5.3±1.8‰. This fraction factor indicated that O3 

oxidation, H2O2 oxidation and Transition Metal Ion (TMI) Catalyzed O2 oxidation were all 

important during the haze episode, and the combined contribution of O3 and H2O2 pathways was 

approximately 51±10%, and TMI pathway accounted for the rest. This calculated result is in 

general agreement with GEOS-Chem model simulations; therefore, we concluded that stable sulfur 

isotopes have the potential to constrain the formation pathways of sulfate aerosols in future studies.  

7.2 Understanding nitrogen isotopic fractionations during tropospheric NOx chemistry 

While the isotopic compositions of different NOx sources had been extensively studied, 

there are still many unknowns in the isotopic fractionation during the formation of nitrate aerosols, 

hindering the use of stable nitrogen isotopes in interpreting the source of NOx emissions. Therefore, 

it is important to investigate the isotopic fractionation during the oxidation of NOx. In Chapter 5, 

we conducted chamber experiments to measure the isotopic fractionations between NO and NO2. 

We find this isotopic fractionation process is controlled by two distinctive processes: equilibrium 

isotopic fractionation (EIE, i.e., isotopic exchange between NO and NO2 molecules) and kinetic 

isotopic fractionation (KIE, i.e., isotopic fractionation during NOx photochemistry cycle). We first 

measured the isotopic fractionation factors of both processes using chamber experiments, then 

derived a mathematical solution to quantify their combined effects at given condition. We found 

that EIE tend to enrich 15N in NO2 while KIE tend to enrich 15N in NO. Our measurements show 

that the EIE factor is +28.9±1.2‰ and the KIE factor is -10±5‰. Also, at high NOx concentration 

(>20 ppb), EIE is the main factor determining the NO-NO2 isotopic fractionation while KIE is the 

dominant factor when NOx concentration is lower than 1 ppb. This study provided a useful tool to 

quantify the overall isotopic fractionations between tropospheric NO and NO2, which can be used 

in future field observations and atmospheric chemistry models. 

In Chapter 6, we measured the nitrogen isotopic compositions of nitrate aerosols collected 

at Baring Head, New Zealand to evaluate the isotopic fractionation during atmospheric nitrate 

formation. The measured the d15N values of nitrate aerosols display a clear seasonal variation with 

winter nitrate d15N values approximately 15‰ higher than summer nitrate d15N values. This 

variation, however, cannot be explained by the changes in NOx emission sources since the d15N 
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value of NOx emission at Baring Head is constant throughout the year. Therefore, we concluded 

the observed seasonal variation in nitrate d15N values reflected variable isotopic fractionation of 

NOx chemistry. Then, we quantified the isotopic fractionations between NO and NO2, finding this 

isotopic fractionation cannot fully explain the observed d15N variations at Baring Head. Thus, we 

suggested that the isotopic fractionations during the oxidation of NO2 to nitrate played an 

important role in regulating the d15N values of nitrate aerosols at Baring Head, which is in good 

agreement with the theoretical calculations. However, a detailed quantification of the isotopic 

fractionations during NO2 oxidation is still lacking, mainly because the NOy chemistry (i.e., the 

contribution of each NO2 oxidation pathway) is difficult to constrain. Future research is needed to 

fully understand the isotopic fractionations between NO2 and nitrate aerosols.  

7.3 Future research outlook 

The research projects in this dissertation suggest stable isotopes can be used in atmospheric 

studies to infer the sources and chemistry of atmospheric pollutants including NOx, SO2, nitrate 

and sulfate. Future research should be conducted to 1) address current unknowns and uncertainties; 

and 2) extend the applications of these isotopic tools. Specifically, we propose the following four 

research directions: 

1. Improving our understanding in the isotopic fractionation of atmospheric SO2 oxidation 

processes. Although the isotopic fractionation factors for the major SO2 oxidation pathways (gas 

phase SO2+OH, aqueous phase SO2+O3, aqueous phase SO2+H2O2, and aqueous phase TMI 

oxidation) have been determined experimentally, there remain questions in 1) whether the isotopic 

fractionation will remain the same when the SO2 oxidation occurs on the aerosol/gas surface 

instead of the aqueous phase? 2) is the isotopic fractionation factor of TMI oxidation dependent 

on the type of catalyst (i.e., different transition metal ions)? 3) during aqueous phase SO2 oxidation, 

what is the isotopic fractionation during the dissolving of SO2 and how will this fractionation 

change at different pH? 4) What are the fractionation factors of other oxidation pathways (e.g., 

SO2+NO2, SO2+HOCl/HOBr), which can be regionally important? 5) Can we use multiple-sulfur 

isotopic analysis to further infer SO2 oxidation pathways? Addressing the above questions can 

provide us a better understanding in the isotopic fractionation processes of atmospheric sulfur.   

2.Quantifying the nitrogen isotopic fractionation factors of NOx and NOy reactions. Both 

theoretical calculations and chamber experiments are good approaches in measuring these isotopic 
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fractionation factors. While previous studies have calculated the equilibrium isotopic 

fractionations between the NOy molecules, the kinetic fractionations and photochemistry 

fractionation factors of most atmospheric reactions have not been determined yet. Similarly, to 

date, laboratory investigations only measured the isotopic fractionation factors between NO and 

NO2, there is no chamber experiments investigating the isotopic effects of NOy chemistry. 

Therefore, future theoretical calculations and chamber experiments are needed to fully assess the 

isotopic fractionation factors of the atmospheric chemistry of reactive nitrogen. In addition, since 

both troposphere and stratosphere have a wide range of temperature, it is important to investigate 

the temperature-dependence of the isotopic fractionation factors.  

3. Combining atmospheric chemistry models and field observations to further assess the 

isotopic fractionation of both atmospheric nitrogen and sulfur chemistry. Atmospheric chemistry 

models are good tool in quantifying the isotopic fractionation during nitrogen and sulfur chemistry 

and interpret observation data (especially nitrogen and sulfur isotopic compositions of nitrate and 

sulfate aerosols collected in the field). After we quantify the isotopic fractionations factors of most 

NOx and NOy reactions, we can incorporate them into models. Currently, there are chemistry 

mechanisms in atmospheric models that can calculate the isotopic fractionations in gas phase NOx 

and NOy chemistry, however, the aerosol chemistry, an important part of nitrogen and sulfur in the 

atmosphere, has been overlooked. This is because 1) isotopic fractionation factors during such 

heterogeneous reactions are unknown yet, and 2) computing isotopic fractionations in the aerosol 

thermodynamic equilibrium package in current atmospheric chemistry models (mainly using 

ISORROPIA II package) is extremely difficult. Therefore, more work is needed to model the 

isotopic compositions of nitrogen and sulfur in both gas phase and aerosol phase. 

4. Developing novel analytical methods to enable more atmospheric nitrogen and sulfur 

isotopic analysis (SIMS-sulfur, online LIF N isotopes for NO). Currently, analyzing the nitrogen 

and sulfur isotopic compositions of nitrate, sulfate, NOx and SO2 requires a complex process 

including field sampling, chemical processing and instrumental analysis using Isotope Ratio Mass 

Spectrometer. This elongated process resulted in very sparse isotopic measurement (one data point 

per 3 hours in polluted environment: one data point per week in clean environment) comparing to 

the concentration measurements of these air pollutant (one data point per 1-10 second). Therefore, 

developing novel measurement technologies that can measure isotopes online at a higher 

frequency will greatly advance this research area, and enable meaningful measurements on mobile 
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platforms such as vehicles, ships, and aircrafts. While this task is difficult in present day, recent 

development of sub-ppt level NO and SO2 measurements using state-of-the-art optical 

spectrometers and mass spectrometers have provided a new perspective for achieving this goal.  
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APPENDIX A. SUPPLEMENTARY INFORMATION FOR CHAPTER 5 

1. Chamber descriptions 

The chamber is a 10 m3 Teflon bag equipped with several standard instruments including 

temperature and humidity probe, NOx monitor and O3 monitor. 128 wall-mounted blacklight tubes 

surrounded the chamber to mimic tropospheric photochemistry and the photolysis rate of NO2 

(j(NO2)) when all lights are on have been previously determined to be 1.4×10-3 s-1, similar to a 

j(NO2) coefficient at an 81-degree solar zenith angle. The irradiation spectrum of the blacklights 

are shown in Figure A.1. The chamber was kept at room temperature and one atmospheric pressure. 

Before each experiment, the chamber was flushed with zero air at 40 L min-1 for at least 12 hours 

to ensure the background NOx, O3 and other trace gases were below detection limit.  

 

 

Figure A.5.1 Spectral actinic flux versus wavelengths of the UV light source used in our 
experiments. 

 
2. Box model assessing the time needed for NO-NO2 to reach isotopic equilibrium  

 The time needed to reach NO-NO2 isotopic equilibrium during light-off experiments were 

assessed using a 0-D box model. This box model contains only two reactions: 
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 15NO2+14NO à15NO+14NO2  k=8.14000 × 10-14 cm3 s-1 

 15NO+14NO2à15NO2+14NO  k’=8.37525 × 10-14 cm3 s-1 

Figure A.5.2 Simulated NO-NO2 isotopic equilibrium process in the chamber at various NO and 
O3 concentrations. 

Where k and k’ are rate constants of the reactions. The differences in rate constants were calculated 

by assuming an α(NO2-NO) value of 1.0289. Six simulations were conducted at various initial NO 

(with d15N=0‰) and O3 levels that were similar to our experiment. Then the d15N values of NO 

and NO2 during the simulation were calculated from the model and were shown in Figure A.2, 
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suggesting that in our experimental condition, all systems should reach isotopic equilibrium within 

1 hr.  

 

3. Deriving Equations 5.7 and 5.8 

When the system (R1-R6) reaches steady-state, we have: 

     d[15NO2]/dt=0     Eq. (1) 

Therefore, using R1-R6: 

 k1 [15NO2][14NO]+j(NO2)α1[15NO2]= 

    k5α2[15NO][O3]+ k1α(NO2-NO) [15NO][14NO2]  Eq. (2) 

From here we refer 14NO2 and 14NO as NO2 and NO for convenience, rearrange the above equation, 

we get: 

    [ /!9 0"]
[ /0!9 ]

= ,9="[0:]@,!=(/0">/0)	[/0"]
D;<"=!@,![/0]

   Eq. (3) 

Meantime, since the Leighton cycle reaction still holds for the majority isotopes (NO and NO2), 

we have: 

     jNO2[NO2]= k5[NO][O3]   Eq. (4) 

Thus,	

     [/0"]
[/0]

= ,9×[0:]
D;<"

     Eq. (5) 

From the text, when jNO2>0, we defined A=τexchange/τphoto=jNO2/(k1×[NO]). Using the above 

equations, we know: 
D;<"
[/0]

= ,9[0:]
[/0"]

= Ak+    Eq. (6) 

D;<"
,![/0]

= ,9[0:]
,![/0"]

= A    Eq. (7) 

Next, to calculate d(NO2)-d(NO), we use the definition of delta notation: 

d(NO2)-d(NO) = RNO2/Rstd- RNO/Rstd = (RNO2/RNO-1)(1+d(NO)) Eq. (8) 
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  Eq. (9) 

Divide both side by k1[NO][NO2]: 
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Rearrange and substitute ,9[0:]
,![/0"]

 and D;<"
,![/0]

	with A: 

F;<"
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= ="?@=(/0">/0)
=!?@+

    Eq. (11) 
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    Eq. (12) 
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   Eq. (13) 

Thus, 

   d(NO2)-d(NO)=(=">=!)?@(=(/0">/0)>+)
=!?@=(/0">/0)

(1+d(NO2))  Eq. (14) 

Then, using mass balance: 

d(NO2) f(NO2)+d(NO)(1- f(NO2)) = d(NOx)   Eq. (15) 

We can derive Eq. 8: 

d(NO2)-d(NOx)=
(=">=!)×?@=(/0">/0)>+)

=!?@=(/0">/0)
	(1+d(NO2)) (1- f(NO2)) Eq. (16) 
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